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Abstract 

Glaciers of small ice caps have short response times and high climate sensitivity, making them a 

useful proxy for understanding palaeoclimate. Past changes in climate and glacier dynamics can 

provide an analogue for present-day and future rapid climate and glacier change. Land-

terminating glaciers are of particular interest, since their extent is largely a function of 

temperature and precipitation. Constraining the past behaviour of these glaciers from the 

geological record and glacier mass-balance sensitivities from numerical modelling can yield 

insights into past climate change. This is of particular interest in Patagonia to help elucidate the 

behaviour of the precipitation bearing Southern Westerly Winds, which are changed 

dynamically during the Late Pleistocene and Holocene. Key climatic constraints on glaciers east 

of the Northern Patagonian Icefield are also poorly understood, complicated by a lack of 

understanding of interactions between glaciers and ice-dammed palaeolakes. This study 

presents a new reconstruction of the deglaciation of the northern Monte San Lorenzo ice cap, 

southern South America, during a period of accelerated warming following the Antarctic Cold 

Reversal. Detailed geomorphological mapping of the valleys north of Monte San Lorenzo reveals 

14 primary ice limits, two of which were dated to 12.5 ± 0.4 ka and 12.1 ± 0.4 ka by cosmogenic 

nuclide dating. Glacial landsystem analysis enables and formalises the reconstruction of 

Antarctic Cold Reversal and Holocene glacier dynamics and glacier-lake interactions. This work 

underpins a numerical model (PISM) of the ice cap to evaluate palaeoclimate drivers. Climatic 

and physical parameter sensitivity experiments and climatic response time tests provide, for the 

first time, an important insight into the controls of glacier change and the response of temperate 

Patagonian glaciers to rapidly-warming climate. Forcing the model using temperature and 

precipitation combinations to match reconstructed ice limits provides estimates of past climate 

conditions following the Antarctic Cold Reversal. 
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1. Introduction 

1.1. Rationale  

Patagonian glaciers are among the most climatically sensitive glaciers found anywhere on Earth 

(Mackintosh et al., 2017) and have been receding and losing mass in recent decades (Braun et 

al., 2019; Dussaillant et al., 2019). Their annual specific volume loss, in excess of 1 m water 

equivalent (w.e.), is the highest observed globally (Zemp et al., 2019). This has important 

implications for sea level rise, with Patagonian glaciers contributing 0.06 mm a year, over 10% 

of global glacier contribution (Dussaillant et al., 2019). With ongoing warming and ice-mass loss 

through the 21st century, some of the largest reductions in glacier runoff are predicted to occur 

in South America as a result of glacier shrinkage (Huss and Hock, 2018). It is therefore vital that 

the glacier-climate interactions, dynamics and drivers of changes of these ice masses are well 

understood, in order to predict future glacier change and its wider impacts. Past changes in 

glacier dynamics during periods of rapid climatic transitions within Patagonian and the Southern 

Hemisphere can provide an analogue for understanding present-day and future rapid climate 

and glacier change (Anderson and Mackintosh, 2006; Mackintosh et al., 2017). 

Patagonia sits in the path of precipitation bearing Southern Westerly Winds (SWW) (Garreaud 

et al., 2009). These winds are a key part of the Southern Hemisphere ocean-climate system, 

bringing precipitation to South America and other southern land masses (Gilli et al., 2005; Moy 

et al., 2008), driving Southern Ocean surface currents (Shulmeister et al., 2004) and influencing 

ocean upwelling which in turn controls CO2 fluxes from the deep ocean to the atmosphere 

(Anderson et al., 2009; Russell et al., 2006). Past latitudinal variations in the SWW may have 

driven glacier fluctuations in Patagonia during the last glacial-interglacial transition (Boex et al. 

2013; Bertrand et al., 2012; Douglass et al., 2005; Glasser et al., 2012) and indeed there is 

evidence in Patagonia for a dramatic reduction in ice extent during this time and through the 

Holocene (Caldenius, 1932; Mercer, 1976; Hubbard et al., 2005; Hein et al., 2010), punctuated 

by readvances during the Antarctic Cold Reversal (ACR) (14.5 ka - 12.8 ka) (García et al., 2012, 

2018; Nimick et al., 2016; Davies et al., 2018; Sagredo et al., 2018) and during multiple Holocene 

neoglaciations (Bertrand et al., 2012; Aniya, 2013; Sagredo et al., 2018; Reynout et al., in press). 

Well chronologically constrained reconstructions of past glacier change could therefore provide 

insights into the evolution of Southern Hemisphere ocean-atmosphere systems, including the 

latitudinal migration of the SWW, during periods of rapid climatic transition.  

Further understanding of past and present-day glacier-climate interactions can be obtained 

through glacier numerical modelling, providing quantitative insights into glacier-climate 

sensitivities, mass balance and ice flow dynamics. Matching the output of a glacier model to 
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geologically constrained ice reconstructions can also yield quantitative insights into past climate 

conditions (Golledge et al., 2012; Patton et al., 2017; Ely et al., 2019). Therefore, there is a need 

for improved understanding of past glacier-climate interactions and the timing and 

characteristics of past glacier fluctuations. 

Small ice caps in Patagonia, such as Monte San Lorenzo (MSL, Monte Cochrane) (Figure 1.1), 

have short response times and high climate sensitivity, making them a particularly useful proxy 

for understanding rapid changes in palaeoclimate and resulting glacier response (Bahr et al., 

1998). Due to the strong west-east precipitation gradient across the Patagonian Andes (Warren 

and Sugden, 1993) and their location further inland, these smaller ice caps located in the 

cordillera (72 – 73°W) to the east of the Patagonian Icefields (e.g., Araos et al., 2018; Sagredo et 

al., 2018) may also be particularly sensitive to changes in precipitation and therefore act as a 

proxy for phasing of the Southern Annual Mode (SAM) and evolution of the interrelated SWW 

(Moreno et al., 2018b).  

This study investigates the dynamics, timing, environments, processes and drivers of the 

deglaciation of the MSL ice cap (47.5°S; Figure 1.1) during the climatic transition following the 

ACR through to the present-day. Geomorphological mapping, sedimentology and 10Be 

cosmogenic nuclide surface exposure dating are used to produce a new, temporally and spatially 

well constrained record of deglaciation and landsystem change in Salto, Tranquilo and 

Pedregoso valleys to the north of the ice cap (Figure 1.1). Calluqueo Glacier is reconstructed at 

stages of stabilisation and moraine formation based upon geomorphological interpretation, 

from which palaeoglacier Equilibrium Line Altitudes (ELAs) are calculated and quantitative 

estimates of past precipitation obtained. Numerical modelling using the Parallel Ice Sheet Model 

(PISM) is applied for the first time in Patagonia to create a simulation of the present-day ice cap, 

providing insights into mass-balance distribution, flow dynamics and glacier thermal regime. 

This model is then used to test the sensitivity of the ice cap to precipitation and temperature, as 

well as providing estimates of palaeoclimate conditions during the Last Glacial-Interglacial 

Transition (LGIT), mid-Holocene and Little Ice Age (LIA), constrained by the new empirical 

palaeoglacier reconstructions. This work provides important insights into the climate sensitivity 

of the MSL ice cap, and drivers of deglaciation during a period of rapid climate change.    
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Figure 1.1. (A) Map of the study area north of the MSL Ice cap with major place names and features labelled. (B) Maps 
showing the location of the study area within the context of the region east of the NPI, with selected NPI outlet glaciers 
and Lago General Carrera/Buenos Aires (GCBA) and Lago Cochrane/Pueyrredón (CP) labelled. (C) Study region within 
the context of southern South America. 
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1.2. Previous work and gaps in knowledge 

Deglaciation in Patagonia left a range of ice-marginal glacial (Glasser and Jansson, 2005; Glasser 

et al., 2008; Bendle et al., 2017b; Darvill et al., 2017) and palaeolake landforms (Turner et al., 

2005; Bell, 2008, 2009; Hein et al., 2010; Bourgois et al., 2016; Glasser et al., 2016; Davies et al., 

2018; Thorndycraft et al., 2019) in valleys to the east of the Northern Patagonian Icefield (NPI) 

as ice receded westwards. These features have been used to formalise glacial, glaciofluvial, 

glaciolacustrine and paraglacial processes in the form of glaciolacustrine, fjord-terminating and 

land-terminating glacier landsystems (Glasser et al., 2009; Davies et al., 2018). However, work 

investigating the temporal evolution and interaction between landsystems, notably those in 

complex interlinked valleys in the cordillera east of the Patagonian icefields, is lacking. This 

includes the valleys immediately north of the MSL ice cap. The geomorphology of these valleys 

have been mapped only by remote sensing (Glasser and Jansson, 2005; Glasser et al., 2009; 

Bendle et al., 2017b) apart from recent field mapping in the northern Salto valley (Davies et al., 

2018), Upper Tranquilo valley (Sagredo et al., 2018) and far-eastern section of the Tranquilo 

valley (Araya et al., 2014) (Figure 1.1A). Detailed field mapping and sedimentological data 

needed to reconstruct processes and landforms north of the MSL ice cap are therefore largely 

missing. Hence, further work is needed to understand of the controls on sediment-landform 

assemblage formation and the timing of landsystem evolution.   

The mapped geomorphological record and currently available chronological data have allowed 

for an increasingly detailed reconstruction of deglaciation of the Patagonian Ice Sheet (Davies 

et al., submitted and references therein), however there are few detailed high-resolution 

sequences of glacier recession  (e.g. Strelin et al., 2014; Sagredo et al., 2018) with which to study 

deglaciation during rapid climatic changes. This is also the case north of MSL, where 

chronological constraint is limited to moraine complexes marking the ACR limit of Calluqueo 

Glacier in the northern Salto valley (Davies et al., 2018), a single post-ACR moraine inset of this 

(Glasser et al., 2012). The most complete sequence of moraines are that found in the Upper 

Tranquilo valley marking an ACR ice limit and post-ACR deglaciation of Tranquilo Glacier 

(Sagredo et al., 2018). The evidence for multiple moraines down valley of Calluqueo Glacier 

(Glasser et al., 2012; Bendle et al., 2017b) provides an opportunity to quantify the timing and 

rates of recession of this glacier from its ACR limit (Davies et al., 2018) during a period of rapid 

climate warming.  

Our understanding of Patagonian paleoclimate through the last deglaciation has been improved 

by the use of climate proxy records, such as pollen, charcoal and palaeolake level modelling 
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(Moreno, 2004; Elbert et al., 2013; Iglesias et al., 2016; Moreno and Videla, 2016; Quade and 

Kaplan, 2017; Moreno et al., 2018a), providing insights in to local and hemispheric climate and 

ocean-atmosphere systems (Lamy et al., 2010; Björck et al., 2012; Fletcher and Moreno, 2012; 

Darvill et al., 2016) Quantifiable estimates of temperature and precipitation from terrestrial 

proxy records however are limited (Tonello et al., 2009; Massaferro and Larocque-Tobler, 2013; 

Schäbitz et al., 2013; Sagredo et al., 2018). Obtaining such estimates is key to understanding 

climate and atmospheric-system change, including the migration and variations in intensity of 

the SWW, during periods of rapid climate change and complex hemispheric-wide reorganisation 

of the ocean-atmosphere system (Bendle et al., 2019).   

To understand glacier-climate relationships during these periods it is important to understand 

glacier mass balance distribution and present-day active glacier dynamics. There is little work of 

this nature in Patagonia, in part due to an absence of empirical field data, climate data and only 

a few modelling studies focusing on the NPI (Schaefer et al., 2013), San Rafael Glacier (Koppes 

et al., 2011), the SPI (Schaefer et al., 2015; Bravo et al., 2019), Chico Glacier (Rivera, 2004) and 

Glaciar Perito Morano (Stuefer et al., 2007). Our understanding of the MSL ice cap is limited to 

records of recession, surface elevation and mass change over recent decades based on remote 

sensing (Falaschi et al., 2016). Its detailed mass balance distribution and mass turnover, key 

physical behaviours and physical and climatic sensitivities are unclear, hence the need for 

numerical modelling.   

1.3. Research questions 

From the key gaps in our current understanding of past and present Patagonian glaciers and 

climate, we devise five key research questions to target in this work, expanded upon in the 

following chapters.  

RQ 1) What were the key processes and landsystems that operated during the deglaciation 

of the valleys to the north of Monte San Lorenzo and what controlled these? (Chapter 4) 

RQ 2) What was the timing and rate of deglaciation of Calluqueo Glacier following the 

Antarctic Cold Reversal? (Chapters 5, 6 and 8) 

RQ 3) What are the mass balance distribution, physical properties and behaviours and 

sensitivities of glaciers at the Monte San Lorenzo ice cap? (Chapter 7) 

RQ 4) Quantitatively, how different was precipitation and temperature at periods of glacier 

readvance and stillstand following the Antarctic Cold Reversal and through the Holocene 

compared to today? (Chapters 6 and 7) 
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RQ 5) What were the key drivers of deglaciation of the Monte San Lorenzo ice following the 

Antarctic Cold Reversal? (Chapter 8) 

1.4. Aims & objectives 

1.4.1. Aims 

Aim 1. To elucidate the timing and nature of deglaciation of outlet valleys north of the Monte 

San Lorenzo ice cap through the Late Pleistocene and Holocene, and reveal glacier dynamics, 

processes, land systems and climate which operated during this time, alongside the primary 

controls on sediment-landform associations and landsystem development. (Chapters 4, 5 and 6) 

Aim 2. To quantify present-day physical glacier properties, ice dynamics and sensitivities of the 

Monte San Lorenzo ice cap. (Chapter 7) 

Aim 3. To determine the controls on deglaciation of the Monte San Lorenzo ice cap within the 

context of the Southern Hemisphere climate system. (Chapter 7 and 8) 

1.4.2. Objectives 

Obj. 1. Determine sediment-landform assemblages, through remote sensing and field mapping, 

across a spectrum of palaeoglacial and glacial environments, from which landsystem models are 

then generated. (Chapter 4) 

Obj. 2. Date glacially-transported boulders found on moraine ridge crests using 10Be cosmogenic 

nuclide surface exposure dating to obtain ages for the formation of moraine ridge complexes. 

(Chapter 5) 

Obj. 3. Produce a chronologically-constrained palaeoglaciological reconstruction of Calluqueo 

Glacier and landsystem evolution during deglaciation. (Chapter 6) 

Obj. 4. Use the new reconstructions of Calluqueo Glacier to reconstruct palaeo-ELAs at periods 

of glacier stillstand and readvance using the AABR method, from which palaeoprecipitation can 

be quantified using the WAIS Divide ice core temperature record as a relative temperature 

difference input. (Chapter 6) 

Obj. 5. Numerical modelling (using the Parallel Ice Sheet Model) to produce a simulation of the 

present-day Monte San Lorenzo ice cap, tuned to empirical data and conduct model sensitivity 

experiments to investigate physical, mass balance and climate parameters. (Chapter 7) 

Obj. 6. Drive model simulations using precipitation and temperature scenarios to match new 

empirical reconstructions of Calluqueo Glacier, obtaining estimates of past climate conditions. 

(Chapter 7) 
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Obj. 7. Synthesise the geomorphological, geochronological, ELA and modelling data to evaluate 

glacier response to Southern Hemisphere palaeoclimate. (Chapter 8) 

1.5. Study area  

MSL (47°35′S, 72°18′W) is an isolated granodioritic to granitic massif (Ramos et al., 1982), 

located 70 km east of the of the main Andean Chain(Figure 1.1Error! Reference source not 

found.B). It experiences a temperate climate with mean annual air temperature of 8.4°C and 

average annual precipitation of 750 mm w.e. (Direccion Meteologica de Chile, 2001) recorded 

at the nearest meteorological station in the town of Cochrane 40 km to the north (47°14′S, 

72°33′W; 182 m asl) (Figure 1.1A).  

At the Last Glacial Maximum (LGM), ice from glaciers on the western and northern flanks of MSL 

discharged into the Salto and Tranquilo valleys, coalescing with the Cochrane-Pueyrredón (CP) 

outlet lobe from the NPI (Wenzens, 2002). The CP and General Carrera-Buenos Aires (GCBA) 

outlet lobes reached the Argentinian lowlands (Figure 1.1B) forming large moraine sequences 

(Caldenius, 1932; Mercer, 1976; Douglass et al., 2006; Hein et al., 2010; Bendle et al., 2017a; 

Mendelova et al., 2017). Upon ice recession, large ice-dammed lakes formed in the Lago GCBA 

and Lago CP valleys, draining to the Atlantic (Turner et al., 2005; Bell, 2008; García et al., 2014). 

Subsequent punctuated drops in lake level occurred as lower elevation drainage pathways 

opened and drainage switched to the Pacific (Turner et al., 2005; Bell, 2008, 2009; Hein et al., 

2010; Bourgois et al., 2016; Glasser et al., 2016; Davies et al., 2018; Thorndycraft et al., 2019). 

During this period, the large unified palaeolake Lago Chelenko occupied the Cochrane and Lago 

GCBA valleys at 340-350 m asl, dammed by Pared Norte Glacier to the east (Davies et al., 2018; 

Thorndycraft et al., 2019) (Figure 1.2).  
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Figure 1.2. Evolution of glaciers and lakes east of the Northern Patagonian Icefield, from 16 – 5 ka. From Davies et al. 
(2018). 

Ice discharging from MSL and the eastern Barrancos Mountains (Figure 1.1A) contributed to 

large glaciers in the Salto and Tranquilo valleys (Davies et al., 2018). Ice in the Salto valley 

coalesced to terminate in Lago Chelenko, forming the ACR Esmeralda moraines at 13.4 ± 0.2 ka 
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(Davies et al., 2018; Thorndycraft et al., 2019; Figure 1.2C)). Recession of ice formed a series of 

inset moraines, including the “Moraine Mounds” (Figure 1.2D) dated to 12.7 ± 0.4 ka (Glasser et 

al., 2012).  

Today, small-scale glaciers occupy high ground on Cordon Esmeralda (Figure 1.1A). MSL supports 

a small ice cap with an area of 207 km2, with the largest outlet glacier, Calluqueo Glacier 

descending to 520 m asl (Falaschi et al., 2013). There is asymmetry in the snowline attributed to 

regional precipitation gradients: 1700 - 1750 m asl in the wetter western sectors and 1800 m asl 

in the drier eastern sectors (Falaschi et al., 2013). 

1.6. Thesis structure and results 

Chapter 2 introduces present and past glaciation and climate in Patagonia and specifically the 

MSL ice cap, identifying gaps in current understanding, before outlining the key physical 

concepts behind glacier flow dynamics and mass balance that form the fundamental theoretical 

basis for this thesis. Chapter 3 provides a broad overview of the methods and approaches used 

in this thesis. Chapters 4, 5, 6, and 7 outline data collection and results obtained from this work, 

before these findings are discussed within the broader Southern Hemisphere and global 

glaciological and climatic context in Chapter 8. Chapter 9 presents the conclusions of this work.  

1.6.1. Chapter 4: Sediment-landform assemblages and landsystems of the northern MSL 

region 

Chapter 4 targets Obj. 1, detailing newly mapped sediment-landform assemblages in the Salto, 

Tranquilo and Pedregoso valleys north of the MSL ice cap, obtained from detailed remote 

sensing, field-based geomorphological mapping and sedimentological investigation. Work 

identified seven new moraine sets, ground truthing a further seven within a recessional 

sequence, and revealed a complex evolution between glaciolacustrine, land-terminating glacial, 

mountain valley and paraglacial landsystems and processes during deglaciation. Climate, 

topography and ice-dammed lakes are found to be key controls on sediment-landform 

associations and landsystem development.  

1.6.2. Chapter 5: Glacier chronology and post-ACR recession 

Chapter 5 targets Obj. 2, detailing the results of new 10Be surface exposure dating of ten 

glacially-transported boulders found on moraine ridges across two moraine complexes within 

the Salto and Predrogoso valleys, giving new uncertainty weighed mean (UWM) ages to these 

complexes of 12.5 ± 0.4 ka and 12.1 ± 0.4 ka respectively. These new dates are then added to 

existing, recalculated surface exposure ages and newly acquired geomorphological information 

from Chapter 4.  
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1.6.3. Chapter 6: Palaeoglacier and ELA reconstruction 

Chapter 6 targets Obj. 3 and 4, synthesizing the sediment-landform assemblage and landsystem 

findings from Chapter 4 with the newly obtained and existing chronological data presented in 

Chapter 5, to provide a new palaeoglaciological reconstruction of the northern flank of the MSL 

ice cap from the ACR to present day. The new temporally constrained reconstructions of ice 

extent are then used to reconstruct palaeo-ELAs at periods of glacier stillstand/readvance at ca. 

12.1 ka, 5.6 ka and the LIA, using the AABR method. Using the relationship between precipitation 

and temperature at the ELA, and the WAIS Divide palaeotemperature reconstruction, 

precipitation is quantified at these points in time. Relative to present day, these reconstructions 

show 1.1°C cooling and 33% to 37% higher precipitation at ca. 12.1 ka, 0.3°C cooling and 24% to 

33% higher precipitation at ca. 5.6 ka and 0.7°C cooling and 19% to 29% higher precipitation at 

the LIA. These values provide a hypothesis for past climate conditions, tested with a glacier 

numerical model in Chapter 7.  

1.6.4. Chapter 7: Numerical modelling of the MSL ice cap 

Chapter 7 targets Obj. 5 and 6, presenting a new present-day simulation of the MSL ice cap, 

using the Parallel Ice Sheet Model (PISM). Temperature and precipitation datasets, obtained 

from climate models (WorldClim2 and RACMO2.3) and empirical data are first evaluated for 

their suitability to force the model, before the model is tuned to match present-day ice extent, 

thickness and velocity. Experiments testing the model’s sensitivity to physical parameters (ice 

rheology and bed strength), mass balance parameters (positive degree day melt factors) and 

climate (temperature and precipitation) are described and results presented. The present-day 

ice cap is found to be composed of largely temperate ice, flowing up to 330 m yr-1 primarily 

through basal sliding, with a high surface mass flux. Surface mass balance ranges across the ice 

cap from +4.8 m w.e. a-1 to -6.5 m w.e. a-1. 

1.6.5. Chapter 8: Discussion 

Chapter 8 first evaluates the landsystems and processes operating north of the MSL ice cap, as 

revealed in chapter 4, within the context of temperate glacial landsystems and processes 

globally. RQ 5 and Obj. 7 are then targeted, evaluating the chronology of recession of Calluqueo 

Glacier from Chapters 5 and 6 and results of model climate sensitivity experiments from chapter 

7 within the context of Patagonian and wider Southern Hemisphere deglaciation, climate and 

ocean-atmosphere system change following the ACR. It is found that while temperature is the 

dominant control on glacier mass balance and glacier change, glaciers at MSL have among the 

highest sensitivity to precipitation relative to temperature of glaciers throughout Patagonia and 

New Zealand. It is concluded that deglaciation of Calluqueo Glacier following the ACR was 
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primarily driven by rapid Southern Hemisphere atmospheric warming, but was also likely to be 

significantly impacted by reduction in precipitation following the southward migration of the 

SWW during this time.    
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2. Literature review 

This chapter will firstly introduce Patagonia and then focus on the area of Monte San Lorenzo, 

with a description of the physiography, palaeoclimate and present and past glaciology. Next a 

review of previous work will highlight gaps in existing knowledge to set up the foundation of 

research upon which this thesis builds. Finally, the chapter introduces the physical concepts 

behind how and why glaciers flow, advance and recede. This chapter therefore forms the 

fundamental theoretical basis for the thesis. 

2.1. Study area 

2.1.1. Regional setting 

South America is dominated on its western flank by the Andes which extend for 68° in latitude 

from their northmost point in tropical Colombia (12°N) to their temperate southernmost extent 

in Chile and Argentina (56°S) (Rodbell et al., 2009). Between 40°S and 55°S a complex fjord 

system sits to the west (Glasser and Ghiglione, 2009), while overdeepened lake basins extend 

into the plains of the Argentine steppe to the east (Turner et al., 2005). South America’s primary 

ice masses are the NPI and larger SPI (46.5°S to 51°S) which cover 4365 km2 and 13,219 km2 

respectively (Davies and Glasser, 2012), Gran Campo Nevado (53°S) and Cordillera Darwin 

(54.5°S) (Figure 2.1).  

Patagonia intersects the path of the moisture-bearing mid-latitude SWW, bringing precipitation 

to the Patagonian Andes and its major ice masses, as well as other southern continents 

(Trenberth, 1991; Gilli et al., 2005; Moy et al., 2008). Patagonia experiences a temperate climate, 

with a strong precipitation gradient from west to east caused by the Andean orographic divide. 

Between 5000 mm and 10000 mm mean annual precipitation west of the Andes decreases to 

less than 300 mm in the rain shadow east of the continental divide (Garreaud et al., 2013). The 

core of the SWW circulate above the southern ocean, situated between 48°S and 50°S (Moreno 

et al. 2009). They are primarily driven by the strong temperature and pressure gradients 

between the pole and equator and are a major driver of the Antarctic Circumpolar Current 

(Shulmeister et al. 2004). The SWW are therefore strongly interconnected with broader oceanic 

and atmospheric systems, driving ocean upwelling and in turn controlling CO2 fluxes from the 

deep ocean to the atmosphere (Russell et al., 2006; Anderson et al., 2009). 
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Figure 2.1. (A) Map of the region surrounding the NPI and SPI in Patagonia with selected lake, river and place names 
labelled. (B) NPI and SPI within the wider context of southern South America, with the extent of the Patagonian Ice 
Sheet at the LGM shown. 

The MSL ice cap (47°35′S, 72°18′W, 3706 m asl) is the third highest peak in the Patagonian 

Andes (Masiokas et al., 2009). Up to 102 ice bodies have been mapped on MSL, covering an area 

of 207 km2 (Falaschi et al., 2013). Alongside Sierra de Sangra to the south, these represent the 

major ice masses to the east of the Patagonian Ice Fields (Figure 2.1A). The four largest glaciers 

at San Lorenzo are the valley glaciers Rio Oro, Rio Lacteo, San Lorenzo Sur and Calluqueo. 
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Calluqueo is the largest at 45.3 km2 (Falaschi et al., 2013), extending to 6oo m asl. (Figure 1.1A; 

Chapter 1). Rio Lacteo Glacier to the east and San Lorenzo Glacier are largely debris covered and 

terminate in proglacial lakes. The meltwater of the Rio Lacteo glacier discharges into Rio Lacteo 

river, which alongside meltwater from San Lorenzo Glacier, feeds into Lago Belgrano to the 

south. Calluqueo glacier to the west terminates on bedrock but supplies a large, 3.5 km long, 

proglacial lake, which discharges into Rio Salto to the north. Meltwater from Rio Oro glacier 

feeds into Lago CP to the northeast. 130 active rock glaciers have also been identified at MSL 

and the immediately surrounding area (Falaschi et al., 2015). 

MSL experiences a temperate climate with a mean annual temperature of 8.4 °C as measured 

between 2013 and 2016 at the meteorological station in Cochrane (47° 24’S, 72° 59’W). Recent 

precipitation records from Cochrane are intermittent, however a more complete record exists 

for the period 1980 to 2000, during which average annual precipitation was 750 mm (Dirección 

Meteorológica de Chile). A 0°C isotherm for MSL is located at approximately 1725 m asl (Falaschi 

et al., 2015), concordant with a visible snowline between 1700 and 1800 m asl (Falaschi et al., 

2013). With the majority of the glaciated area at low elevations, these glaciers also have low 

accumulation area ratios (Falaschi et al., 2013, 2016) and are hence sensitive to small changes 

in ELA.  

Study of MSL outlet glaciers is limited. Falaschi et al. (2016) used SRTM and SPOT5 DEM 

differencing to derive glacier surface elevation changes between 2000 and 2012. This revealed 

concentrated zones of surface lowering in the lower ablation areas of Calluqueo, Rio Oro, Rio 

Lacteo and San Lorenzo Glaciers of greater than 5 m a-1, and between 0 m a-1 and 5 m a-1 in the 

accumulation area, with values > 2 m a-1 only at the highest elevations. However, the 

understanding of glacier mass balance magnitude and distribution and mass turnover at the 

glaciers is still unknown. In the absence of field studies, glacier flow dynamics and velocity are 

also unclear, with only patchy surface velocity records available from the Global Land Ice 

Velocity Extraction Landsat 8 (GoLIVE) Version 1 dataset (Fahnestock et al., 2016; Scambos et 

al., 2016). The distribution of temperate and cold-based ice is also unknown. Records show that 

glaciers at MSL have reduced in size during recent warming, with the glaciated area decreasing 

by 0.8% a-1 between 1985 and 2008 (Falaschi et al., 2013). However, the degree to which glaciers 

are sensitive to temperature and precipitation and the relative importance of these climate 

variables for glacier change is unknown.  

2.1.2. Palaeoclimate of Patagonia 

Patagonia has experienced complex changes in climate following the LGM, a period defined as 

27 to 21 ka (Clark et al., 2009; Hughes et al., 2013). During the Last Glacial-Interglacial Transition 
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(LGIT) (ca 18 ka to 8 ka), a period of atmospheric warming occurred in the Patagonia, punctuated 

by the ACR cooling event (14.5 ka to 12.8 ka) (Blunier et al., 1997; Lemieux-Dudon et al., 2010; 

Pedro et al., 2016). From the WAIS Divide ice core record, a rapid ca 2.5°C increase in 

temperature can be seen following the ACR until the onset of the Holocene (11.7 ka) after which 

warming became more gradual (Buizert et al., 2015; Cuffey et al., 2016).  

Indications of the palaeoclimate of Patagonia have been established from numerous proxy 

records. The locations of proxy sites is dictated by the natural requirements of their formation 

(e.g. glaciated regions, lakes, peat bogs etc.) and ease of accessibility, resulting in most records 

being found to the east of the ice fields (Kilian and Lamy, 2012). Numerous publications have 

sought to compile such records (e.g. Mancini et al., 2005; Kilian and Lamy, 2012; Iglesias et al., 

2016) from which inferences about broad scale atmospheric circulation and systems have been 

made (Lamy et al., 2010; Björck et al., 2012; Fletcher and Moreno, 2012). Using these records in 

combination provides the best opportunity to gain the most comprehensive insight into past 

regional climate. 

Between 16 and 11 ka, pollen records in the Chilean Lake District (Figure 2.1B) reflect long term 

cool and wet conditions in the region, with enhanced variability in the LGIT (Moreno, 2004; 

Moreno and Videla, 2016). Particular cold periods have been identified during the ACR and 

Huelmo–Mascardi Cold Reversal (13.5 to 11.6 ka) (Hajdas et al., 2003; Massaferro et al., 2014; 

Moreno and Videla, 2016). South of 45°S, temporal oscillations in the isotope and pollen record 

indicate low but variable levels of moisture during this time (Iglesias et al., 2016), with other 

records contrasting slightly, suggesting increased precipitation in a cold climate with particular 

precipitation variations between 13.4 and 11.8 ka (Villa-Martínez et al., 2012).  To the south of 

the SPI, palynological records and transfer functions suggest a dry Late Glacial period (ca 15 ka 

to 11.5 ka) (Schäbitz et al., 2013), with precipitation increasing into the Holocene (Tonello et al., 

2009). Temperatures were broadly warm, but with a colder period coeval with the ACR (Mansilla 

et al., 2016), as at sites to the north.  

The Holocene began with an extended warm and dry period between 11.3 and 7 ka in the 

Chilean Lake District, before cooler and wetter periods with reduced fire activity, climaxing at 5 

ka at the time glaciers reaching the first Neoglacial maximum (Moreno, 2004; Moreno and 

Videla, 2016). A similar early to mid-Holocene sequence is apparent at 44°S at Lago La Pava 

(Iglesias et al., 2016), with increased fire activity followed by cooler and wetter conditions after 

8.5 ka, a signature also seen at records on both sides of the Andes at latitudes between 41°S and 

45°S (Iglesias et al., 2016). Again a similar sequence is seen in central Patagonia (47°S) where 

pollen, spore and charcoal records to east of the NPI at Lago Augusta also suggest a warm start 

to the Holocene between 11.8 ka and 9.8 ka, followed by a precipitation increase (Villa-Martínez 
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et al., 2012). Warmer conditions moving into the Holocene are also reflected in a marine core 

off the Chilean Taitao Peninsula at 46°S, established through clay mineralogy and major element 

geochemistry (Siani et al., 2010). In southern Patagonia at marine (Caniupán et al., 2011) and 

pollen sites with continued Nothofagus development (Mansilla et al. 2016) at 52°S indicate a 

warm climate up to ca 8 ka. Contrary to sites further north, southern Patagonia pollen, charcoal 

and lake level records provide evidence for a dry, low precipitation period in the mid Holocene 

(Kilian and Lamy, 2012; Schäbitz et al., 2013; Mansilla et al., 2016), although this is not the case 

at all sites (Tonello et al., 2009). 

The late Holocene saw alternating, centennial phases of cold and wet and warm and dry 

conditions in the Chilean Lake District with a significant drought at 2.5 ka (Moreno and Videla, 

2016) in the middle of a prolonged warm-dry phase between 2.9 ka and 1.8 ka, after which 

modern climate conditions become apparent (Moreno, 2004). Further south, air temperature 

reconstructions from Lago Coastor (45°S) sediment cores reveals a colder than present period 

ca 1.5 ka, followed by a warmer period ca 1.4 ka to 0.9 ka, with a notable onset of colder 

conditions from ca 0.8 ka onwards (Elbert et al., 2013). δ18O mollusc records from Lago Cisnes 

(47°S) point towards a dry late Holocene period between 1.7 ka and 1.1 ka, with a more recent 

humid period between 0.75 and 0.17 ka (Alvarez et al., 2015). Quantitative reconstructions from 

pollen transfer functions at Lago Argentino (52°S) (Tonello et al., 2009) and Laguna Potrok Aike 

(52°S) (Schäbitz et al., 2013) indicate a general increase in precipitation continuing into the late 

Holocene, albeit with short term fluctuations. Within this increase, Ca/Ti records at Laguna 

Potrok Aike (Haberzettl et al., 2009) are able to pick out a notable dry period during the Medieval 

Climate Anomaly (Schäbitz et al., 2013). Data from this site also indicates a drier last 1000 years 

(Tonello et al., 2009).  

Due to the strong relationship between the SWW and precipitation in southern South America 

(Garreaud, 2007), precipitation proxies have primarily been used to make inferences about the 

timing and nature of the past latitudinal shifts, expansion, contraction and changes in the 

intensity of the SWW belt. Although, as with temperature and precipitation inferences, there 

are discrepancies between reconstructions (see e.g. Kilian and Lamy, 2012), some broad 

patterns can be found across proxies and sites. During the Lateglacial, SWW strength was 

generally low, but increased during the ACR and Younger Dryas at sites in the Chilean Lake 

District and across Patagonia, and the belt migrated southwards during this time (Fletcher and 

Moreno, 2012; Mayr et al., 2013; Oehlerich et al., 2015; Vanneste et al., 2015;  Moreno and 

Videla, 2016). This was followed by a general decrease in wind strength into the early Holocene 

before an increase into the middle Holocene, coinciding with the onset of Holocene 

neoglaciations (Fletcher and Moreno, 2012; Villa-Martínez et al., 2012; Oehlerich et al., 2015; 
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Van Daele et al., 2016). A broad increase in wind strength in central Patagonia supports the 

theory that the SWW belt broadened during the early and middle Holocene (Van Daele et al., 

2016). In the late Holocene the SWW reduced in intensity towards conditions similar to present 

(Lamy et al., 2010; Oehlerich et al., 2015). Sites to the west of the Andes suggest an anti-phasing 

between the winds’ core and northern margin during the Holocene, with a stronger core and 

weaker northern margin during the early Holocene and the opposite occurring in the late 

Holocene (Lamy et al., 2010). The range of proxy records discussed here provide a key indication 

of changes in Patagonian climate through the last deglaciation, however quantifiable estimates 

of temperature and particularly precipitation are limited in number and spatial extent (Tonello 

et al., 2009; Massaferro and Larocque-Tobler, 2013; Schäbitz et al., 2013b). 

2.1.3. Deglaciation of the Patagonian Icefields and Monte San Lorenzo 

During the climate variations of the Quaternary, the Patagonian Icefield has grown and receded 

multiple times (Kaplan et al., 2004, 2005; Glasser et al., 2012). Large moraines to the east of the 

current NPI and SPI show the extent of outlet glaciers during Pleistocene maxima (Caldenius 

1932). These vary in distance from the current extent of the icefield, from approximately 200 

km in the north to 80 km in the south (Wenzens, 2002). At 30 ka the Patagonian Ice Sheet (PIS) 

covered 497.6 x 103 km2, extending to the continental shelf in the west (Hubbard et al., 2005; 

Davies et al, submitted) and as large outlet lobes into the Argentinian lowlands to the east 

(Glasser et al., 2005). East of the NPI, the Lago GCBA and Lago CP lobes extended over 160 km 

from the present-day ice field to their LGM extent delineated by major arcuate moraine 

complexes (Caldenius, 1932; Kaplan et al., 2004; Glasser et al., 2005; Hein et al., 2010; Bendle et 

al., 2017b). The Lago GCBA lobe formed the Fenix moraines, dated to between approximately 

21 ka and 29 ka (Kaplan et al., 2004; Douglass et al., 2006; Davies et al., submitted). To the south 

the Río Blanco Moraines mark an LGM extent of the Lago CP lobe between approximately 21 ka 

and 30 ka (Hein et al., 2009, 2010; Smedley et al., 2016). Based on a varve record, the onset of 

deglaciation of the Lago GCBA lobe has been dated to 18.1 ± 0.21 ka (Bendle et al., 2017a), with 

deglaciation occurring regionally after between 18 ka and 19 ka (Davies et al., submitted). 

Deglaciation east of the Northern Patagonian Icefield was accompanied by the development of 

large regional and smaller localised ice-dammed lakes, which underwent complex evolution, and 

drainage reversal events, as ice receded and new drainage pathways opened to the Pacific 

(Figure 2.2) (Turner et al., 2005; Bell, 2008; Hein et al., 2010; García et al., 2014; Bourgois et al., 

2016; Carrivick et al., 2016; Davies et al., 2018; Martin et al., 2019; Thorndycraft et al., 2019). 
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Figure 2.2. Evolution of large regional ice-dammed palaeolakes east of the NPI (46-48°S) during deglaciation. White 
and black arrows indicate ice flow and meltwater drainage pathways respectively. White and black lines delineate 
glacier-lake margins and moraine dam positions respectively (Thorndycraft et al., 2019). 
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At the LGM, outlet glaciers to the southeast of MSL converged in Rio Belgrano valley, extending 

ca 70 km from the massif (Mendelová et al., 2020). To the north and west, glaciers fed into the 

Tranquilo, and Pedergoso and Salto valleys respectively (Davies et al., 2018), before becoming 

part of the larger Colonia ice lobe, draining towards Lago Cochrane (Wenzens, 2002). Moraines 

mapped around MSL show frontal positions during the late Pleistocene and Holocene (Mercer, 

1968; Wenzens, 2005; Glasser et al., 2012; Garibotti and Villalba, 2017; Davies et al., 2018). The 

large Lago Esmeralda terminal moraine (Figure 1.1A, Chapter 1) set to the east of the Lago 

Esmeralda has been dated to the ACR to mark the furthest readvance of ice from the Calluqueo 

glacier since the LGM (Davies et al., 2018). Subsequent inset moraines mark periodic recession 

of Calluqueo glacier (Glasser et al., 2012; Davies et al., 2018; Martin et al., 2019). The chronology 

of deglaciation of the Monte San Lorenzo ice cap is discussed further in Chapter 5 and Chapter 

8. In the northern Salto valley, mapping of palaeoshorelines, the ice-contact fan Juncal fan, and 

subaqueous morainal banks revealed a glaciolacustrine landsystem and associated processes 

following recession of Calluqueo glacier from its ACR limit (Davies et al., 2018). Our current 

understanding of the environments, landsystems and processes with operated north of the MSL 

during deglaciation are otherwise unknown.   

 

Figure 2.3. Palaeo ice-flow routes of the outlet glaciers of the Monte San Lorenzo ice cap 
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2.2. Physical glaciology and controls on glacier change 

2.2.1. Glacier mass balance and mass balance processes 

Glaciers are an active system, with processes constantly exchanging mass between the glacier 

and the surrounding environment (Figure 2.4). The summed product of these processes over 

time determines the glacier’s total change in mass, its mass balance (Cuffey and Paterson, 2010).  

 

 

Figure 2.4. Schematic diagram showing processes of mass exchange between the glacier and surrounding environment 
which determine the glacier’s mass balance. Arrow widths do not indicate magnitudes of the movement of mass 
(Cogley et al., 2011). 

Each year a glacier gains mass (accumulation) predominantly by the addition of snow and ice on 

the surface and by the refreezing of meltwater in the glacier’s upper layers. Mass is lost 

(ablation) through the melting and breakaway of ice during summer and through the change of 

water direct from the solid to liquid phase (sublimation). If the glacier has a net gain of mass 

(the input of ice is greater than the loss), the mass balance is positive. If the glacier is losing more 

ice than is being input into the system, the mass balance is negative (Benn and Evans, 2010). The 

net change in mass over an annual cycle controls the size of the glacier from one year to the 

next, whether it grows or shrinks (Cogley et al., 2011). Glacier mass balance is therefore an 

indication of the ‘health’ of a glacier.  

The mass balance of a glacier can change during a year, depending on when periods of 

accumulation and ablation occur. This is in turn a product of the seasonal variation in air 

temperature and precipitation which themselves vary globally, leading to different mass balance 

cycles in different regions (Ageta and Higuchi, 1984). Air temperature is important as a warm 
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climate can result in precipitation falling as rain rather than snow, therefore decreasing effective 

accumulation (e.g. at the Antarctic Peninsula (Davies et al., 2014)).  

In mid to high-latitude regions such as those of Patagonia, Europe and North America, a winter 

accumulation cycle occurs, where accumulation dominates in the winter and ablation dominates 

in the summer (Benn and Evans, 2010; Cuffey and Paterson, 2010) (Figure 2.5a). Such a pattern 

is also seen in the western Himalaya (Karakoram, Ladakh etc) (Benn et al., 2005). Where the 

summer climate is influenced by monsoons and contrasted by a cold and dry winter season (e.g. 

at the high altitudes of the Tibetan Platea (Fujita and Ageta, 2000) and Nepal (Ageta, 1983) in 

the eastern Himalaya) accumulation and ablation happen simultaneously in the summer months 

(Figure 2.2b). Mass balance therefore does not fluctuate significantly between seasons. If there 

is little variation in temperature between seasons (e.g. in East Africa (Hastenrath, 1984)) 

accumulation and ablation remains relatively constant throughout the year (Figure 2.5c).  

 

Figure 2.5. Annual mass balance cycles with different patterns of accumulation (Ac), ablation (Ab) and resulting mass 
balance (B) for winter accumulation type (a), summer accumulation type (b), and year-round ablation type (c). 
Modified from Ageta & Higuchi 1984 in Benn & Evans 2010. 

It is important to measure and record glacier mass balance in light of the role glaciers play in 

wider interconnected systems, and their strong connection to the Earth’s climate. Glacier mass 

balance has been shown to be controlled by large scale atmospheric circulation, pressure and 

related weather systems (Alt, 1978; McCabe and Fountain, 1995; Dowdeswell et al., 1997). In 

southern South America, large glacier mass balance variations through the Holocene have been 

attributed to the behaviour of the moisture bearing SWW wind system (Douglass et al., 2005; 
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Glasser et al., 2012; Boex et al., 2013) which dictates the location and volume of precipitation in 

the region (Trenberth, 1991; McCulloch et al., 2000) especially along the west of the Andes 

(Lamy et al., 2010). Because mass balance is a key aspect of glacier dynamics, it forms the link 

between climate and glacier behaviour (Benn & Evans 2010). Based upon this link, details of 

paleoclimate variations on millennial timescales can be reconstructed from evidence of past 

glacier fluctuations (e.g. Svendsen & Mangerud 1992; McCulloch et al., 2000). Over a more 

recent time period, a better understanding of the relationship between glacier mass balance 

and climate can be gained by comparing how both of these records have changed over past 

decades (Dowdeswell et al., 1997; Braithwaite et al., 2013). This is particularly important when 

monitoring how climate is changing in the present day (Haeberli et al., 2007) and when trying to 

predict how glaciers will behave given projections of future climate change (Collins et al., 2013). 

Glaciers form an important part of the hydrological system, storing water as solid snow and ice, 

and in liquid form in subglacial, supraglacial, englacial and proglacial lakes (Benn & Evans 2010). 

Mass lost from glaciers accounts for approximately 30% of current sea level rise (Gardner et al., 

2013). Estimates like this have been produced from mass balance records since the mid-20th 

century (Meier 1984; Meier et al., 2007; Marzeion et al., 2012; Gardner et al., 2013), including 

from those in Patagonia (Rignot et al., 2003). Glacier snow and ice also provides an important 

mechanism for sustaining water supplies and hydroelectric power generation during seasonal 

periods of low rainfall (Fountain and Tangborn, 1985; Immerzeel et al., 2010), contributing most 

to water availability in very arid regions (Kaser et al., 2010). By supplying rivers, glacier 

meltwater supports biodiversity, which has been impacted negatively by reductions in glacier 

mass (Brown et al., 2007; Jacobsen et al., 2012). Glacier retreat has also been proposed to 

increase the risk of glacier lake outburst flooding through the growth of moraine-dammed lakes 

such as in the Himalayas (Richardson and Reynolds, 2000) and Patagonia (Harrison et al., 2006; 

Dussaillant et al., 2010). Because of the wider role and impact glaciers have, measuring mass 

balance is key to monitor and predict potential knock on effects of glacier mass balance change.  

2.2.1.1. Methods for determining glacier mass balance 

Mass balance has been monitored since the late 19th century (Mercanton et al., 1916) by taking 

measurements directly from the glacier surface using the glaciological method (stake readings, 

snow pits and snow probing) (Østrem and Stanley, 1969). Continuous annual measurements 

however were not regularly taken until 1946 when a study began at Storglaciären, Sweden 

(Schytt, 1962). The glaciological method has been widely implemented (e.g. Thorarinsson 1940; 

Hagen & Liestøl 1990) and was used when the first mass balance estimates of a Patagonian 

glacier were made by Popovnin and others in 1999. 
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Other methods to determine mass balance change have since been developed. Hydrological 

models determine mass balance by subtracting the output of water from a glacier from the input 

(e.g. Soruco et al., 2009). The gravitational method calculates mass balance based on 

measurements of small changes in the gravitational field of the earth at a glacier, using the 

Gravity Recovery and Climate Experiment (GRACE) satellite (e.g. Luthcke et al., 2008). The 

geodetic method uses temporal changes in the altitude of points on the glaciers surface (Cuffey 

and Paterson, 2010), a method that has been applied to, amongst others, the Patagonian ice 

fields. A Digital Elevation Model (DEM) created with data from the NASA Shuttle Radar 

Topography Mission (SRTM) has been compared to historical mapping and DEMs to determine 

mass change and equivalent contribution to sea level rise (Rignot et al., 2003).  

Over millennial time scales, geological methods such as geomorphological mapping combined 

with cosmogenic nuclide dating of glacial transported boulders can be used to recreate past 

glacier extent and mass balance (e.g. Balco, 2011). This concept will be used in this study, with 

mass balance inherently linked to the past dynamics of the Calluqeuo glacier which will be 

reconstructed and modelled. Discrepancies have been found to occur to varying extents 

between different methods of glacier mass balance measurements (Tangborn et al., 1971; Cox 

and March, 2004; Hagg et al., 2004) so a degree of caution should be taken when comparing 

studies which have used different data collection methods. Since 1986 global glacier mass 

balance data has been collated and made freely available by the World Glacier Monitoring 

Service (e.g. Figure 2.6)  (Zemp et al., 2009).  

 

Figure 2.6. Example of global glacier mass balance data compiled by the World Glacier Monitoring Service, showing 
increasing negative mass balance for glaciers globally compared to 30 ‘reference’ glaciers (World Glacier Monitoring 
Service, 2008) 
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2.2.1.2. Mass balance processes 

The main components of ablation and accumulation that determine the mass balance of a 

glacier are shown in Figure 2.4. At the glacier surface, mass is added by snowfall, avalanche 

deposition, wind deposition and refreezing of melt water. Mass is lost by wind scour, melting of 

ice and sublimation (Cuffey and Paterson, 2010).  

The surface mass balance rate (�̇�𝑠) is equal to: 

�̇�𝑠 = �̇�𝑠+ �̇�𝑎 −  �̇�𝑚 + �̇�𝑟 −  �̇�𝑠𝑢𝑏 + �̇�𝑤    (2.1) 

�̇�𝑠 = snowfall, �̇�𝑎= avalanche deposition,  �̇�𝑚 = melt, �̇�𝑟 = refreezing of water, �̇�𝑠𝑢𝑏  = sublimation, 

�̇�𝑤 = wind deposition (Cuffey and Paterson, 2010). 

 

If the annual snowfall on a glacier’s surface is greater than the local loss of snow by ablation 

processes, layers of snow will accumulate. After surviving one ablation season, snow is defined 

as firn (Cogley et al., 2011). Those layers compact, undergo recrystallization, and the volume of 

voids decreases, leading to an increase in density of the material., The densities of materials 

formed by these processes are listed in Table 2.1. The processes involved in the transformation 

of snow to ice and the time taken for this transformation to occur differs between cold polar 

regions and high altitudes and mid-latitude low altitude temperate regions. These differences 

are due to the role of melt water in the latter setting (Benn & Evans 2010). 

 

Table 2.1 Densities of various forms of solid water. 1.  Seligman & Douglas 1936 and others; 2. Cuffey & Paterson 
2010 3. Cogley et al., 2011. ‘Depth hoar’ is a low density, porous layer of ice crystals, shaped as prisms, pyramids or 
cups ranging in size from 2 to 5 mm formed and found beneath the snow surface (Cuffey and Paterson, 2010; Cogley 
et al., 2011). 

Material Density (kg m-3) 

New snow (immediately after falling in calm conditions)1,2 50-70 

Newly fallen snow near freezing point3 100-300 

Depth hoar2 100-300 

Settled snow1,2,3 200-300 

Wind-packed snow1,2,3 350-400 

Firn1,2,3 400-830 

Glacier ice1,2 830-923 

. 

In a cold region, dry processes dominate. “Newtonian sliding” of grains past one another occurs 

upon compaction (Alley, 1987), followed by sintering of ice particles, whereby material is 

transferred to the space between particles forming bonds (Hobbs and Mason, 1964; Maeno and 
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Eblnuma, 1983). Recrystallization and deformation then become the primary processes further 

reducing poor space (Cuffey and Paterson, 2010) before glacier ice is formed through 

deformation by creep (Wilkinson, 1988). In low to mid-latitude temperate regions such as in 

Patagonia, meltwater percolating through the snow accelerates the process of transformation 

to ice (Figure 2.7, in this example at the Upper Seward Glacier, Alaska) (Benn & Evans 2010). 

With water present, ice bonds form between grains, which grow thicker until the pore space is 

significantly reduced, and glacier ice forms (Wakahama, 1975). The process of packing is 

accelerated as meltwater acts to lubricate the grains and pull the grains together by surface 

tension, creating a higher maximum density than in a dry zone (Cuffey and Paterson, 2010).  

 

 

 

Figure 2.7. A comparison between density profiles of a very wet glacier (Upper Seward Glacier from coastal Alaska) 
and a very dry glacier (site from Greenland) (after Paterson, 1994 in Anderson & Anderson, 2010) 

 

Melting is commonly the main process of ablation on glaciers, particularly in those regions 

where temperatures are above freezing during parts of the annual cycle, such as Patagonia. In 

cold, dry continental settings such as in the high latitudes of Antarctica, sublimation plays a 

greater role (Benn & Evans 2010). Both processes are driven by the net flux of energy from the 

atmosphere to the glacier surface, most importantly by radiation and turbulent mixing of heat 

and water vapour in the air adjacent to the glacier surface (Cuffey and Paterson, 2010). Wind 

scour can also remove mass from the surface of a glacier, depending on the surrounding 

topography (Benn & Evans 2010). 

The increase of mass within a glacier occurs by the freezing of water which enters the englacial 

system either by percolation of rain or surface water through snow or fern, movement of surface 

water into crevasses and moulines or by injection of water into basal fractures (Cuffey and 
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Paterson, 2010). The first of these processes in particular varies systematically along a glacier as 

described in the classification of glacier zones. Ablation within the glacier, like elsewhere, occurs 

by melting; this requires energy in the form of heat. Closer to the ice surface, this can come from 

solar radiation. At greater depths, energy is provided by the geothermal heat flux, deformation 

of ice and the flow of water through the glaciers internal hydrological system. As ice moves it 

releases energy known as strain heating, in particular where the ice deforms. (Cuffey and 

Paterson, 2010). 

The addition of mass at the base of the glacier occurs by subglacial water freezing to the 

underside of the glacier. This occurs due to the relationship between melting temperature and 

pressure. When subglacial water under high hydrostatic pressure moves into an area of low 

pressure, the melting point increases, resulting in water being supercooled by the overlying ice 

unless it warms sufficiently before this can occur (Cuffey and Paterson, 2010). This process often 

occurs when water flows up a  steep slope out of an over-deepening (Alley et al., 1998). Basal 

ablation occurs by melting. Heat energy transferred to the system is either geothermal from the 

underlying bed or produced by friction because the ice is flowing. A typical geothermal heat flux 

of 0.05 W m-2 produces a mass balance rate of -5 mm a-1. A glacier sliding at 10 m a-1 results in 

an extra 3 mm of melt per year (Cuffey and Paterson, 2010). If the glacier flows significantly 

faster, frictional heat will dominate melting.   

Where glaciers terminate in an aqueous environment, mass is also lost by calving at the glacier 

terminus. Blocks of ice break off the glacier at its margin, forming icebergs if the glacier is lake 

or marine terminating. Rarely, calving also occurs onto dry land by dry calving if the glacier is 

land terminating. Melting also occurs at the glacier front which can contribute to the break off 

of ice masses by aiding the growth of crevasses (Cogley et al., 2011). Aqueous calving is a 

significant process in southern South America. For the period between 2000 and 2011, 61.3 km3 

of ice was lost through calving from the SPI, approximately twice as much as was lost through 

surface melting (Schaefer et al., 2015). At the SPI all but two outlet glaciers calve into fjords (to 

the west of the icefield) and proglacial lakes (predominantly on the eastern flank) (Aniya et al., 

1996; Warren and Aniya, 1999). At the NPI three quarters of glaciers terminate in water, 

predominantly in freshwater lakes (Warren and Aniya, 1999; Lopez et al., 2010) with the 

exception of the tidewater terminating glacier San Rafael (Warren et al., 1995). Mass loss due 

to calving from NPI and SPI outlet glaciers increased during the period between 1975 and 2011, 

and upon retreat, previously non-calving glaciers have transitioned to calve into newly formed 

pro-glacial lakes (Warren and Aniya, 1999; Schaefer et al., 2013).  

Calving is controlled by non-climatic variables, such as variations in strain rate and stress 

imbalances (Benn et al., 2007) and tidal flexure, buoyancy forces, water depth, water 
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temperature and topography (Warren 1992). Calving glaciers have shown to oscillate out of 

phase with past climate changes in Patagonia (Warren and Rivera, 1994). Of particular relevance 

to this study is the decoupling from climate which occurs upon the transition of a glacier from 

land terminating to calving into a growing proglacial lake (Kirkbride, 1993; Chinn, 1996). It is 

therefore difficult to make inferences about past climatic conditions based on the glaciological 

record of calving glaciers. It is a similar case for surge-type and debris covered glaciers whose 

link to climate either does not exist or is impaired (Yde and Paasche, 2010).  

2.2.1.3. Mass balance terminology 

Anonymous (1969) and the IHD (International Hydrological Decade) (1970) have been the widely 

accepted source of mass balance terminology over recent decades, however with improved 

understanding of glacier mass balance and measurement technologies, further complexities and 

inconsistencies in terminology have developed (Cogley, 2010; Cuffey and Paterson, 2010; Cogley 

et al., 2011). Resolving these inconsistencies was the reasoning behind the publication of Cogley 

et al., 2011, which contains the most recent widely accepted definitions of mass balance 

terminology.  

Glacier-wide mass balance is the mass balance measured or estimated over the entire glacier. 

This is used as opposed to the term point mass balance which is the mass balance for a specific 

location on the glacier. The point is at the top of a vertical column through the glacier (Figure 

2.8). In conventional notation, point mass balances are written in lower-case (e.g. bw) and 

glacier-wide mass balances are indicated by upper-case (e.g. Bw). Mass balance at different 

depths through the glacier can also be communicated. The surface, englacial and basal mass 

balances refer to the sum of accumulation and ablation caused by exchanges of mass occurring 

at the respective depths through the glacier. Since surface mass balance includes internal 

accumulation (water refreezing within the glacier) which is not detected by measuring surface 

mass balance, Cogley et al. (2011) suggest that the term climatic mass balance should be used, 

which is the sum of the surface and englacial mass balance. Climatic-basal mass balance can be 

used to communicate changes in mass not caused by flow dynamics.  
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Figure 2.8. The mass balance of a column of glacier ice with height (h), ablation (a) and accumulation (c) processes at 
the surface (sfc), internally (i) and at the base (b) and ice discharge through the column (q). Cogley et al.,2011 

The stratigraphic and fixed date systems for classifying mass balance temporally were initially 

defined by Anonymous (1969), and have not changed when discussed in subsequent 

publications (e.g. IHD 1970; Benn & Evans 2010; Cogley et al.,2011). The stratigraphic system 

uses successive summer surfaces in the stratigraphy of the upper layer of the glacier to 

determine boundaries from one mass balance year to the next (Anonymous, 1969), equivalent 

to two successive annual minima of glacier mass (t1 and t2 in Figure 2.9) (Cogley et al., 2011). 

Anonymous (1969) further divides the mass balance year into winter and summer mass 

balances, covering the period from the start of the mass balance year (mass minimum at t1) to 

the time of maximum glacier mass (tm) and the time between the end of the winter season (tm) 

to the end of the mass-balance year (t2) respectively. The period from tm to t2 is the summer 

season. When a fixed-date system is used, fixed calendar dates define the periods over which 

mass balance is measured (Anonymous, 1969), from 1st October to 30th September for mid to 

high latitude glaciers (Benn and Evans, 2010). This method is preferred when applying data 

practically, for example for estimating the contribution of melt water to hydro-electric facilities 

(Kaser et al., 2003). Mayo et al. (1972) created a system which combined data from the 

stratigraphic and fixed date systems to remove unrepresentative results when extrapolating 

over a whole glacier and to allow for more direct relation of data to hydrological and 

meteorological applications.  
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Figure 2.9. Definitions used to distinguishing mass balance temporally in relation to the changing specific balance 
during an annual cycle (Cogley et al., 2011).  

The dimension of mass balance is simply mass (M). When expressed per unit area, the dimension 

is ML-2. This is called the specific mass balance, which is often referred to simply as mass balance 

(Cuffey and Paterson, 2010). When specific mass balance is expressed as a rate, per unit time, it 

has the dimension ML-2T-1. Specific mass balance is commonly expressed as meters water 

equivalent (m w.e.; see equation 2.2 where 𝜌𝑤 is the density of water). This is the height a 

certain volume of water (based on its mass) would reach when distributed over a given area, 

usually 1 m2.  

0.001 m w.e. = 1 kg m-2/ 𝜌𝑤     (2.2) 

When reporting mass balance, the area over which the mass balance was calculated should be 

given to allow for data to be converted between units (e.g. specific units to mass or volume) and 

mass balances to be compared across different glaciers. Mass conservation in a column through 

the glacier (Figure 2.8), is expressed by the continuity equation (Eq. 2.3). �̇� is the rate of change 

of thickness of the column, �̇� is the specific mass balance rate, or here for clarity to distinguish 

from the inclusion of changes due to flow dynamics, the climatic-basal mass balance. �⃑� is the 

flow vector. As the density of ice is constant, any change in 𝐻 is due to a change in mass (Cogley 

et al., 2011). 

�̇� =  �̇� −  ∇ ∙ �⃑�       (2.3) 
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Mass balance can be subdivided through the vertical column (Eq. 2.4) depending on where the 

exchange of mass occurs, either on the surface (s), internally (i), or at the base (b) (Cuffey and 

Paterson, 2010).  

�̇� = �̇�𝑠 + �̇�𝑖 + �̇�𝑏      (2.4) 

This division with depth through the glacier is necessary as different mass exchange processes 

happen at different sections of the glacier (Figure 2.4). Generally however, mass exchange on 

the surface of the glacier dominates (Cuffey and Paterson, 2010). The rate of change of ice 

thickness at a certain depth (z) can be given by including the ice discharge through the column 

(Eq. 2.5) where H = ice thickness, W = glacier length, q = (in this context) ice discharge per unit 

width (L2/T), z = elevation, b = local mass balance. 

 

𝑑𝐻

𝑑𝑡
= 𝑏(𝑧) −  

1

𝑊(𝑧)

𝑑𝑞

𝑑𝑥
      (2.5) 

 

By spatially integrating the local mass balance over the total depth of the column and taking into 

account the hypsometry ((the distribution of area with altitude) height of the valley above sea 

level), the total mass balance (B) can be calculated (Eq. 2.6) (Anderson & Anderson, 2010). 

𝐵 =  ∫ 𝑏(𝑧)𝑊(𝑧)𝑑𝑧
𝑍𝑚𝑎𝑥

0
      (2.6) 

Figure 2.10 shows the mass balance and ice discharge profiles along the length of a glacier. The 

mass balance is positive at higher altitudes in the top section of the glacier. This area where the 

cumulative mass balance is positive relative to the start of the mass balance year is defined as 

the accumulation zone (Cogley et al., 2011). With decreasing elevation along the glacier length, 

surface mass balance begins to decrease. The point where the surface mass balance is zero is 

defined by the Equilibrium Line Altitude (ELA). At elevations below this line and continuing 

progressively along the glacier, mass balance becomes negative and continues to decrease. The 

area with a negative cumulative mass balance relative to the start of the mass balance year is 

defined as the ablation zone (Cogley et al., 2011). Along the glacier profile ice discharge increases 

as mass and ice flow builds, peaks at the ELA, and then drops off in the ablation zone as mass is 

lost. The ice discharge is zero at the glacier terminus.  
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Figure 2.10. Schematic diagrams of a glacier showing accumulation and ablation areas on either side of the equilibrium 
line, and how the respective mass balance and ice discharge profiles differ over these two zones (from Anderson and 
Anderson, 2010). 

Different locations on a glacier experience different local climatic conditions, primarily because 

the altitude of the glacier surface changes along its length. Insolation, the aspect of the glacier 

surface and the transportation of snow by wind are also important spatially variable factors. 

Surface mass balance is strongly related to climate, with the aforementioned processes of 

ablation and accumulation predominately controlled by temperature, and also precipitation. 

As outlined by Cuffey & Paterson (2010), if air temperature rises: 

- Precipitation reaching the ground turns from snow to rain in non-polar environments 

- The ice surface is at the melting point for longer 

- Melt rates increase strongly if air temperature rises past the melting point 

These products of temperature rise have negative effect on mass balance. For colder climates 

however (mean annual air temperature below -15°C), surface mass balance is controlled 

primarily by precipitation, as little melting occurs. Temperature still plays a key role, as the water 

content in the air increases with higher temperatures, leading to increased precipitation.  

A glacier can be split into zones based upon which particular mass balance processes are 

occurring in that area of the glacier (Figure 2.11) (Cogley et al., 2011). This concept and the 

definitions of zones were first developed by Benson (1961) and Muller (1962) based upon field 
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data. Benson (1961) undertook pit surveys and Rammsonde (measurement of resistance to 

penetration) over a 1100-mile traverse in western Greenland, and found four diagenetic facies: 

ablation, soaked, percolation and dry-snow. This was built upon by Muller (1962) who studied 

glaciers on Axel Heiberg Island, Canada, and defined five zones: superimposed ice, slush zone, 

percolation zone B, percolation zone A and dry-snow zone. The main difference between the 

classifications is that the latter divides Benson’s soaked facies into a slush zone and percolation 

zone B. 

 

Figure 2.11. Idealised glacier split into zones (Benn & Evans 2010). 

In the percolation zone, where water from the surface percolates into the subsurface, the 

important process of warming by re-freezing of meltwater occurs. Freezing of 1 g of water 

produces sufficient latent heat to raise the temperature of 160 g of snow by 1 degree. Meltwater 

can freeze within the firn, forming horizontal lenses and vertical glands (Benn & Evans, 2010). In 

the wet snow zone, all the snow reaches the melting point during the ablation season, aided by 

an increase in meltwater with decreasing elevation. The upper boundary of the wet snow zone 

at the summer surface marks the 0°C isotherm at the end of the summer. With a further 

decrease in elevation, there is so much meltwater that a continuous mass of ice forms, in the 

superimposed ice zone. Below the superimposed ice zone is the ELA.  

2.2.1.4. Thermal regime 

The thermal regime of a glacier is a product of the balance between heat input at base and heat 

transfer through the overlying ice (Bennett and Glasser, 2009). Cold glaciers sit well below the 
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freezing point throughout their vertical profile (Figure 2.12a), temperate glaciers sit almost 

entirely at the pressure melting point (the temperature at which ice melts at a given pressure) 

(Figure 2.12b) and polythermal glaciers sit below the pressure melting point apart from a basal 

layer of finite thickness which is at the pressure melting point (Figure 2.12c). With spatial 

variations in climate and altitude, thermal regimes are distributed in different regions globally; 

temperate glaciers at the mid latitudes of the European Alps, New Zealand and Patagonia, cold 

glaciers at high latitudes of Antarctica and the Antarctic Peninsula and polythermal glaciers in 

Svalbard, northern Sweden and the Himalayas (Glasser and Hambrey, 2001; Hambrey and 

Glasser, 2012; Davies et al., 2013). The presence of temperate ice in Patagonia’s icefields and 

glaciers has been confirmed by cores taken during field surveys (e.g. of the San Rafael Glacier, 

Northern Patagonian Icefield (Yamada, 1987), the Pío XI glacier, Southern Patagonian Icefield 

(Schwikowski et al., 2013) and from the Southern Patagonian Icefield itself (Aristarain and 

Delmas, 1993)). Measurements of seismic wave speeds also confirms a temperate ice 

classification in the region (e.g. at Perito Moreno Glacier, Southern Patagonian Icefield (Stuefer 

et al., 2007)).  

The thermal regime dictates glacier movement and in turn erosion, sediment yield and 

deposition (Boulton, 1972; Hallet et al., 1996; Kleman and Glasser, 2007). This controls the 

resultant geomorphology such that certain landform assemblages relate to thawed bed 

conditions below temperate and polythermal glaciers, favourable for subglacial bed erosion, and 

others to the frozen bed conditions of cold glaciers, with no erosion (Kleman and Borgstrom, 

1994). Past thermal regimes, their change through time and to some extent an indication of 

palaeoclimate, can therefore be reconstructed from glacial geomorphology (Boulton, 1972; 

Glasser and Hambrey, 2001; Hambrey and Glasser, 2012).  
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Figure 2.12. Idealised temperature profiles through three glaciers: A: cold based, B:warm based, C: cold ice overlying 
warm ice at the base (Bennett and Glasser, 2009). 

2.2.2. Glacier dynamics 

2.2.2.1. Glacier flow 

A glacier flows under its own weight due to gravity, transporting snow, ice and debris from high 

altitude areas of accumulation to the lower altitude ablation zone (Benn & Evans 2010). This 

movement of ice is fundamental in eroding the landscape and forming glacial landforms. Gravity 

acts vertically downwards on a glacier with a force (its weight) equal to 𝜌𝑔𝐻 where is the ice 

density 𝜌, 𝑔 is the acceleration due to gravity and 𝐻 is the ice thickness. Because of either a 

pressure gradient in the glacier (caused by a change in mass with distance along a glacier profile 

or because the glacier sits on an angled bed), glaciers flow horizontally. The component of the 

force acting on the glacier which causes this flow is the driving stress, the force acting per unit 

area (Cuffey and Paterson, 2010). Taking a simple model of a glacier on a sloping bed (Figure 

2.13), the driving stress is the component of the weight parallel to the surface slope, 𝜌𝑔𝐻 sin 𝛼. 

When the glacier is in static equilibrium, this force is balanced by a resistive force, the shear 

stress at the base of the glacier, the basal drag (𝜏𝑏) (Eq. 2.7), which acts in the opposite direction 

to the driving stress (Cuffey and Paterson, 2010). For a glacier flowing over bedrock, typical 

values for shear stress are between 50 and 100 kPa (Bennett and Glasser, 2009). 
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𝜏 = − 𝜌𝑔𝐻 sin 𝛼   (2.7) 

 

Figure 2.13. Schematic diagram representing a block of ice on a sloped bed, showing the orientation of the principle 
driving stress (Cuffey and Paterson, 2010). 

A thickening of snow and ice in the accumulation zone will cause a steepening of the glacier 

surface increasing the basal shear stress (Eq. 2.7) until the ice eventually deforms and flows 

(Bennett and Glasser, 2009). As mass balance dictates glacier thickness and slope, and the shear 

stress is a factor both of these terms, glacier dynamics and mass balance are strongly interlinked. 

A positive mass balance causes thickening and steepening of the glacier, increasing the weight 

of the glacier and the force component down slope, increasing flow (Cuffey and Paterson, 2010). 

A change in 𝐻 also has a feedback effect on mass balance by moving the glacier surface into a 

different local climate. For example, as a glacier thickens, the surface may move into cooler air 

temperatures, which could result in greater snowfall and accumulation. This would create a 

positive mass balance feedback. Depending on the properties of the glacier ice and subglacial 

bed, a glacier can move by internal deformation (creep), by sliding over the bed or by subglacial 

bed deformation. The latter two processes often can occur together so are collectively termed 

basal motion (Cuffey and Paterson, 2010). 

2.2.2.2. Creep 

Glacier ice is a polycrystalline, thick viscous fluid, made up of individual crystals whose 

interaction determines how ice behaves under an applied stress. Under an applied stress ice 

continuously deforms, a process known as creep (Cuffey and Paterson, 2010). The equation 

most commonly used to describe the relationship between stress and strain rate is Glen’s flow 

law (Glen, 1955): 

𝜖̇ = 𝐴𝜏𝑛      (2.8) 

Where 𝜖̇ is the strain rate, 𝜏 is the stress, 𝐴 is the flow parameter and 𝑛 is the creep exponent. 

𝑛 is a constant found by experimental and field data to be approximately equal to 3 (Hooke, 

1981). This value results in a nonlinear stress – strain rate relationship, defining ice as a nonlinear 
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fluid. A fluid with a linear relationship between stress and strain rate is defined as a linear or 

Newtonian fluid. Increased non-linearity produces a higher mean of ice velocity through the 

depth of the glacier and the speed which can be measured at the surface becomes a better proxy 

for mean velocity. 𝐴 has been found experimentally to be strongly dependent on temperature 

(Barnes et al., 1971):  

𝐴 =  𝐴𝑜𝑒
−

𝑄

𝑅𝑇𝑘      (2.9) 

Where 𝐴𝑜 is the reference flow parameter, 𝑄 is the low temperature activation energy for creep, 

𝑅 is the universal gas constant and 𝑇𝑘 is the temperature in Kelvin (Cuffey and Paterson, 2010). 

 

 

Figure 2.14. Plot showing the relationship between the flow law parameter A and ice temperature Tk. Data from (Budd 
and Jacka, 1983). 

Over the range of temperatures found in terrestrial ice, 𝐴 varies significantly (Figure 2.14). Up 

to -10°C, the relationship follows Equation 2.8. Moving closer to the melting point, 𝐴 increases 

more rapidly for a given step in temperature, resulting in a more rapid softening of ice as ice 

approaches the melting point (Cuffey and Paterson, 2010). This is thought to be due to water 

forming at grain boundaries and grain boundary sliding (Barnes et al., 1971). The impact of 

temperature on 𝐴 has implications for the velocity profile through an ice body. With height 

above the bed, temperature and in turn 𝐴 decreases rapidly and the ice stiffens. Strain rate, 

effectively the velocity gradient, decreases moving up away from the bed as a result of Glen’s 

flow law (Anderson and Anderson, 2010). These relationships cause the strain rate and velocity 

profiles for ice to be notably different from those for a linear fluid (Figure 2.15a and b). Because 

temperature has such an impact on 𝐴 it is important that ice temperature is well known when 

modelling glacier dynamics. As well as for glaciers this is especially the case when studying ice 
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sheets which have larger temperature ranges from the bed to the surface (Cuffey and Paterson, 

2010). Assuming a constant value of 𝐴 is appropriate for temperate glaciers which are close to 

the pressure melting point throughout their depth (Figure 2.15b) but this assumption breaks 

down in polar glaciers and the aforementioned ice sheets (Anderson and Anderson, 2010). 

 

Figure 2.15. Graphs of shear stress, strain rate and velocity profiles through both linear (a) and non-linear fluids (b), 
strain rate with shear stress for linear (n = 1) and nonlinear (n = 3) fluids (c) and the relationship between ice velocity 
and shear strain rate shown graphically (d) (Anderson and Anderson, 2010). 

To better understand the deformation of ice, equations can be derived from the relationships 

surrounding shear stress (Eq. 2.7) and Glen’s flow law (Eq. 2.8) to give strain rate and velocity 

profiles with depth through an ice body (Figure 12). Combining equations 2.8 and 2.9 gives the 

shear strain rate profile: 

𝑑𝑈

𝑑𝑧
= 𝐴[𝜌𝑔 sin 𝛼]3  (𝐻 − 𝑧)3     (2.10) 

Equation 2.10 can then be integrated to give the velocity profile through the ice:  
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𝑈(𝑧) =  𝐴(𝜌𝑔 sin 𝛼)3 [ 𝐻3𝑧 −  
3𝑧2𝐻2

2
+ 𝑧3𝐻 −

𝑧4

4
]  (2.11) 

 

2.2.2.3. Basal sliding 

To stop temperate and polythermal glaciers from sliding indefinitely over a smooth sloped bed, 

there must be factors increasing friction at the ice-bed interface to reduce the sliding velocity. 

These include basal ice debris, bed roughness, and adhesion. If the basal ice contains fragments 

of rock, and this rock is in contact with the bed, a frictional drag force will act against the force 

driving sliding (Benn & Evans 2010). Adhesion occurs when basal ice freezes to the bed, 

supporting the stress at the ice-bed interface imposed upon it by the weight of the ice above 

(Benn & Evans 2010). The ice therefore will not slide, and movement will occur by creep. The 

bed below the glacier often contains bumps and irregularities of different sizes and dimensions 

which the glacier must pass to move down the slope (Benn & Evans 2010). Weertman (1957) 

developed two theories of how ice masses can move past such obstacles. One of these is 

regelation. As ice approaches an irregularity on the bed, the pressure in the ice increases as it 

comes up against an obstacle (Figure 2.16). This decreases the melting point of the ice and if it 

is at the pressure melting point, the ice on the stoss side melts. Meltwater flows from the area 

of high pressure at the stoss side to the area of low pressure on the lee side, where it refreezes. 

Refreezing of the water releases latent heat which is conducted through the obstacle to the 

stoss side, aiding melting. The energy required to feed this cycle is provided by the shear stress 

at the base of the glacier.  

 

 

 

Figure 2.16. Schematic diagram showing the process of regelation (Anderson and Anderson, 2010). 

Weertman (1957) however highlights that, if regelation alone is the process facilitating ice flow, 

sliding would be controlled by the movement of heat through the obstacle. With bodies greater 

than 1m in length, heat transfer and thus sliding would be limited. It is therefore proposed that 
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regelation operates alongside a process of enhanced basal creep, where the average creep rate 

of the ice near the glacier bed is increased by a concentration of stress. From Glen’s Flow Law 

(Eq. 2.8), the strain rate of ice varies with the third power of the shear stress. A relative local 

increase in stress on the stoss side therefore increases the strain rate and hence the rate of 

deformation, causing the ice to accelerate around the irregularity (Benn & Evans 2010). 

Enhanced basal creep facilitates constant deformation. This is observed as bending of foliation 

planes, in places above regelation layers where bump sizes range from 3 to 50 cm, and 

exclusively over larger objects greater than a meter in length (Kamb and LaChapelle, 1964). 

Evidence for regelation can also be seen in the field in the form of isolated deposits of calcite, 

formed from precipitation of calcium carbonate on the lee side of an obstacle, dissolved from 

limestone bedrock at the stoss side (Hallet, 1976). Weertman’s theories were later built upon 

by Nye (1969, 1970) and Kamb (1970) to include a more realistic bed model, allowing an 

estimate of sliding rate to be measured from bed topography (Cuffey and Paterson, 2010). 
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3. Methods 

3.1. Introduction 

This chapter outlines the methodological approach and techniques applied to this study. I apply 

geomorphological mapping and sedimentological analysis techniques within a landsystems 

framework to establish the sediment-landform assemblages found in the study region and 

through this reconstruct past glacial environments and processes. This approach is used 

together with cosmogenic nuclide surface exposure dating of boulders found on moraine ridge 

crests to quantify the age of moraine formation and to generate a new chronology of ice 

recession and landsystem evolution in the Salto, Tranquilo and Pedregoso valleys (Figure 1.1A; 

Chapter 1). New glacier reconstructions are used to calculate palaeo-ELAs using the AABR 

method, from which palaeoprecipitation is calculated. Finally, I apply glacier numerical 

modelling using PISM (Bueler and Brown, 2009; Winkelmann et al., 2011) to investigate the 

present-day physical glacier properties, ice dynamics and sensitivities of the MSL ice cap to 

changes in physical and climatic parameters. Finally the model is used to explore past glacier-

climate scenarios at well-dated and established palaeo ice-limits.  

3.2. Landsystems study: geomorphological mapping and sedimentological techniques 

3.2.1. Landsystems approach 

Studies of past glacial environments, including reconstructions and chronological investigations, 

must be built upon a detailed understanding of the geomorphology of a study region, including 

the relationship between landforms and their genesis (Boston et al., 2015; Bickerdike et al., 

2018; Chandler et al., 2018; Hedding et al., 2018). This is commonly achieved through combining 

both geomorphological and detailed sedimentological studies of a landform’s internal 

composition, and through this, establishing sediment-landform assemblages (Fookes et al., 

1975; Evans, 2003a; Glasser et al., 2009; Evans et al., 2017; Malecki et al., 2018). We combine 

these assemblages within a ‘landsystems’ approach, to provide an effective way of investigating 

and formalising the nature of these past environments, dynamics and processes. Such an 

approach is based upon the principle that landscapes with common features can be identified 

and differentiated, and through a uniformitarian approach be attributed in combination to the 

processes which lead to their formation (Eyles, 1983; Evans and Twigg, 2002; Evans, 2014). 

Process-based, sediment-landform studies enable landsystems to be defined by investigating a 

glaciated setting in a holistic manner, evaluating geomorphology and sedimentology in 

combination through their genesis (Figure 3.1) (Evans, 2013). 
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Figure 3.1. Active temperate valley glacier landsystem models and constraints on landsystem development. 
Reproduced from Benn et al. (2003), (Evans, 2013). 

Early work undertaken by Clayton and Moran (1982), Eyles (1983) and Fookes et al. (1975) 

evolved and applied the previously developed landsystem concept to glaciated landscapes. 

Numerous subsequent studies have produced sediment-landform association for different 

landsystems (subglacial, supraglacial, glaciated valley, paraglacial, plateau icefield etc), thermal 

regimes and geographic regions (e.g. Bennett et al., 2010; Darvill et al., 2017; Evans et al., 2017, 

2012, 2009; Glasser et al., 2009 and references therein). For this sediment-landform landsystem 

study, we therefore undertake initial geomorphological mapping of the study area by remote 

sensing to determine the landforms present and their spatial interrelationships before 

subsequent field verification where possible. The availability of sections afforded by numerous 

road cuttings enables these interpretations to be tested and expanded upon using 

sedimentological study alongside the detailed remotely sensed and field mapping to develop 

sediment-landform assemblages.  

3.2.2. Geomorphological mapping 

The geomorphological mapping of landforms has long been used as a powerful tool to reveal 

the history of landscape evolution and earth-surface processes (Goodchild, 1875; Caldenius, 

1932; Ballantyne, 1989; Smith, 2011; Chandler et al., 2018). It has evolved from an entirely field-

based method during the late 19th and early to mid-20th centuries to work alongside desk-based 

mapping through the use of remotely sensed data, for example, from aerial photographs (early 

20th century onwards) (Benn and Ballantyne, 2005; Boston, 2012), satellites (1970s onwards) 

(Smith et al., 2006; García et al., 2014; Bendle et al., 2017b) and most recently, unmanned aerial 
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vehicles (UAVs) (Evans et al., 2016; Tonkin et al., 2016; Ely et al., 2017).  This holistic approach 

to mapping, as is adopted in this study in Chapter 4, enables the advantages of each method 

and dataset to be combined to facilitate accurate landform identification, and where required, 

the most comprehensive and detailed map possible (e.g. Boston, 2012; Darvill et al., 2014; 

Everest et al., 2017). This allows process-based and palaeoglaciological studies to be undertaken 

to create landsystem models (Benn and Lukas, 2006; Golledge, 2007; Glasser et al., 2009; Boston 

et al., 2015; Chandler et al., 2018; Davies et al., 2018).  

For example, Davies et al. (2018) use detailed remote sensing and field geomorphological 

mapping to develop a process-based glaciolacustine landsystem for the termination of ice from 

MSL into the ice-dammed Palaeolake Chelenko, including the formation of a subaqueous ice-

contact fan and morainal bank. Detailed geomorphological mapping has also been used 

extensively to reconstruct former mass extents, dynamics, flow patterns and thermal regimes, 

including reconstructing ice limits directly through mapping of moraines (Lukas and Bradwell, 

2010; Barrell, 2011; Clark et al., 2012; Ó Cofaigh et al., 2014; Darvill et al., 2017).  

The compilation of extensive geomorphological mapping from across the British Isles has 

allowed for a detailed reconstruction of the glacial history of the British-Irish Ice Sheet through 

the BRITICE project (Clark et al., 2012). Over 26,000 features are mapped and geospatially 

referenced. Features range from large-scale elements such as mega-scale glacial lineations, 

drumlin fields and meltwater channels to smaller moraines, cirques and eskers. This has since 

increased to over 170,000 (Clark et al., 2018), with an updated reconstruction of the last British-

Irish Ice Sheet expected shortly. Such geomorphological data is used to infer palaeo-ice sheet 

extent and processes through landscape inversion (Stokes and Clark, 1999, 2002; Stokes et al., 

2015) and may be combined into theoretical models to formalise the use of the landform record 

to reconstruct ice sheets (e.g. Kleman et al., 1994; Kleman and Borgstrom, 1994). Greenwood 

(2007) effectively used meltwater channel records from the BRITICE database to reconstruct 

palaeo ice sheet margins and flow patterns, while Kleman et al. (1997) and (2006) used 

classifications of wet-based deglaciation fans, frozen-bed deglaciation fans, synchronous fans 

and surge fans within an inversion model to reconstruct the configuration and flow pattern of 

the palaeo-Fennoscandian ice sheet (Figure 3.2). 
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Figure 3.2. Application of glacier inversion on fans mapped to reconstruct the Fennoscandian Ice Sheet. The different 
overlapping fan types are identified to time-step sequence of ice sheet development (Kleman et al., 2006; in Stokes et 
al., 2015). 

Mapping and the resulting reconstruction of glacial landsystems and morphostratigraphy is also 

vital when targeting features for dating and for interpreting existing chronological data (e.g. 

García et al., 2014; Lowe and Walker, 2014; Fogwill et al., 2015; Thorndycraft et al., 2019). A lack 

of understanding to this end can result in conflicting interpretations of the chronological data 

(e.g. Gheorghiu et al., (2012) in Boston et al., (2015)). In another example, through the 

comprehensive mapping of ice limits and palaeoshorelines east of the Northern Patagonian 

icefield, Thorndycraft et al., (2019) revealed that 10Be cosmogenic nuclide surface exposure ages 

of glacially transported boulders, which had previously been interpreted as being deposited 

subaerially and hence dated a past ice margin position (Glasser et al., 2012a), where in fact 

deposited subaqueously. The ages were hence reinterpreted as providing a date for the drop in 

level of a palaeo ice-dammed lake. 

3.2.2.1. Mapping by remote sensing 

Remote mapping of surface landscapes began in the mid to late 20th century though the use of 

aerial photography. This was found to be an effective tool for the description, classification and 

mapping of landforms, in particular when combined with topographic maps and field surveys 

(Smith 1941). Such methods were applied to mapping of the Quaternary landscape in Britain 

(e.g. Price, 1963; Sugden, 1970) and glacial geomorphological mapping in Canada (Prest, 1968). 
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The high resolution of aerial photography made it an effective tool, and the technique is still 

used (Hambrey et al., 2009; Evans, 2010; Boston, 2012; Davies et al., 2013). It has been applied 

to photogrammetry to create high resolution digital elevation models (Carrivick et al., 2016; Ely 

et al., 2017). However, mapping from aerial surveys is often limited to a small region of interest. 

It was not until the development of satellite-based remote sensing in the 1970s and 1980s that 

large glaciated regions could be mapped quickly and efficiently, on ice sheet scale, and viewed 

in their entirety (Sugden, 1978; Punkari, 1995; Chandler et al., 2018). Technological advances 

have since made global satellite imagery widely and freely available, with Landsat (30 m), ASTER 

(15 m), SPOT-5 (2.5 m) and DigitalGlobal (1 to 2 m) imagery commonly used (Figure 3.3) (Bendle 

et al., 2017b). Such images are also now pre-processed, mosaiced and made freely available in 

programmes such as Google Earth ProTM and ArcMap via the EsriTM World Imagery. Satellite 

imagery provides the benefit of widespread mapping over large areas and of those areas not 

accessible on foot such as high mountain valleys. Aerial imagery generally provides a perspective 

otherwise not available in the field.  
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Figure 3.3. Example of geomorphological mapping using on-screen visualisation from satellite imagery (Chandler et 
al., 2016; Bendle et al., 2017b). 

For this study (Chapter 4) geomorphological mapping of the 900 km2 study region (Figure 4.1; 

Chapter 4) was initially undertaken through the interpretation of true-colour 0.5 m resolution 

DigitalGlobe satellite imagery, part of the EsriTM World Imagery, taken between January 2015 

and February 2016. Google Earth ProTM v7.3 (DigitalGlobe imagery) was used in conjunction to 

this, alongside Google Earth’s digital elevation model to view landforms from an oblique, three-

dimensional perspective, aiding identification. Additional elevation data were taken from an 

ASTER G-DEM with 20 m vertical and 30 m horizontal resolution at 95% confidence; cf. (ASTER 
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GDEM Validation Team, 2011). Landforms were digitised in ArcMap v10.3 at 1:5000 scale using 

the WGS-1984 UTM-Zone 18S coordinate system. In addition to true colour satellite imagery and 

ASTER G-DEM, slope-gradient shaded and relief shaded (“hillshade”) models were created in 

ArcMap v10.3 from the ASTER G-DEM. To obtain a comprehensive perspective of the 

topography and reduce bias, hillshade models were created using multiple azimuths and low 

angles of illumination (30o) following Smith and Clark (2005).  

Using widely available, high-resolution satellite imagery enabled the majority of land area within 

the extensive study region, including high altitude valleys and steep valley sides inaccessible on 

foot, to be mapped efficiently. The “top-down” perspective that such imagery provides also 

enables mapping of extensive areas of surficial sediment, bedrock and large-scale landforms, 

which would otherwise be difficult to identify or unfeasible to map on foot. However, significant 

areas of dense woodland make mapping landforms (e.g. moraine ridges) in such vegetated areas 

difficult and often impossible. These often-extensive landforms must be mapped in the field 

providing there is sufficient accessibility. The lack of higher resolution DEMs (e.g. LiDAR) also 

limits the confidence with which some landforms can be identified and interpreted (e.g. 

distinguishing fluvial terraces separated by < 20 m in elevation), further highlighting the 

importance of field mapping.  

3.2.2.2. Field mapping 

The pioneers of field mapping in the late 19th and early 20th centuries undertook their work solely 

through extensive field surveys, traversing the landscape and recording landforms on 

topographic base maps  (Goodchild, 1875; Wright, 1912; Caldenius, 1932; Williams, 1936; 

Farrington and Mitchell, 1951). More recent advances in handheld GPS technology have 

improved the geospatial accuracy of this mapping. Despite the ease of access to remotely sensed 

data, field based geomorphological mapping is still the only method to ground truth 

interpretations and determine landform composition. Despite the ever improving resolution of 

freely available satellite imagery, field mapping should be considered when mapping at small 

scales and especially when meter scale resolution imagery is not available (Smith et al., 2006).  

In this study, I used field mapping (over a period of 6 weeks fieldwork during Nov-Dec 2016 and 

Dec 2017) to ground-truth remotely sensed mapping, obtain detail on sedimentary associations, 

and improve landform identification and mapping detail. Landforms in the field were mapped 

using handheld GPS (Garmin GPSMAP 64) with a documented accuracy of ± 10 m. Areas were 

targeted that had previously been identified remotely, as well as those suspected to be covered 

by dense vegetation and therefore unidentifiable from remote sensing alone. For example, 

lateral moraine ridges which trace from areas of exposed valley-side into areas of dense 
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vegetation may be mapped on foot along the moraine ridge for kilometres. Alongside ground-

truthing, improving the accuracy of landforms identified remotely and discovering new 

landforms not previously identified highlights the importance of field mapping alongside remote 

mapping (Roering et al., 2013).     

3.2.3. Landform identification criteria 

Well-established criteria for landform identification, both by remote sensing and in the field, 

were used (e.g. Glasser et al., 2005, 2008; Bendle et al., 2017b; Darvill et al., 2017; Chandler et 

al., 2018) and adapted to account for the specific characteristics of landforms found in the study 

area (Table 3.1). A key limitation was in the mapping of moraine ridges on the steep, well-

vegetated sides of lower-altitude valleys. The dense vegetation both obscured valley-side 

surface features when observed on remotely sensed imagery, and alongside the steep nature of 

the valley sides, made mapping on foot unfeasible. Where sections of sparely-vegetated 

moraine ridges were exposed, these could be traced in the field into well-vegetated areas, and 

their extent mapped further. The identification of palaeoshorelines may also be difficult and 

ambiguous where the features are laterally-restricted on the valley side, well-vegetated or there 

is limited diamictic material into which a shoreline could be carved. Their identification could be 

supported by being at the same elevation as other shorelines in the same and neighbouring 

valleys, however this alone should not be used as confirmatory evidence.  
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Table 3.1. Landform identification criteria used in this study, after Glasser et al. (2005, 2008), Bendle et al. (2017b), Darvill et al. (2017), Chandler et al. (2018). 

Landform Morphology ID criteria from imagery ID criteria in field Uncertainties Typical sediments Significance 

  

Moraine ridges Linear, arcuate, curvilinear or saw-tooth 

shaped ridges of positive relief, orientated 

parallel, subparallel or perpendicular to 

the valley side. Ridges may project only 

part way across the valley from the valley 

side. 

Smooth texture different from 

rough bare bedrock. Pale 

brown in colour where sparsely 

vegetated. Lighter/darker 

shading on opposite flanks 

indicates ridge crest.  

Prominent feature of 

positive relief. 

Morphology as 

described. Often found 

in association with 

glacially-transported 

boulders. 

Unidentifiable from 

satellite images in well 

vegetated areas. 

Ridges of low relief 

may be difficult to 

detect. Possible 

confusion with 

trimlines. 

Diamicton with 

stratified massive and 

laminated sands and 

gravels.  

Mark position of 

former ice margin. Can 

be dated to provide 

temporal context. 

Ice-contact slope Gently-sloping surface, from valley floor up 

to morainic deposit (e.g. terminal-moraine 

ridge). Slope commonly orientated along 

valley. 

Uniform surface texture and 

colour. May show steep break 

in slope at top, or grade 

smoothly onto morainic deposit 

surface. 

Visible as extensive area 

of sloping, uniform 

terrain.  

May be difficult to 

identify on a low-

resolution DEM if 

change in elevation 

across slope is small.  

 Marks terminal 

position of ice margin. 

Morainal bank Wedge-shaped positive topography over a 

km scale with one very gently-sloping ice-

proximal side and one more steeply-

sloping ice-distal side, separated by a crest 

marked by horse-shoe shaped crescentic 

scars.  

Extensive area of well-

vegetated, uniform texture. 

May show sinuous, linked 

palaeochannels.  

Visible as extensive area 

of very gently-sloping, 

uniform vegetated 

terrain. 

May not be obvious in 

field if well-vegetated 

and due to the very 

gently-sloping surface.  

Bedded gravelly sands. 

May be found in 

association with 

glaciolacustrine 

sediments. 

Marks terminal 

position of ice margin. 

May indicate 

subaqueous 

deposition and 

lacustrine glacier 

termination. 

Kettle hole Rounded depression within area of 

morainic or glaciofluvial material (e.g. 

kame terrace). 

Often filled with water but can 

also be dry. May be vegetated. 

Contrast in colour from 

surrounding terrain. Rounded 

form, associated with morainic 

complexes or glaciofluvial 

deposits. 

Rounded depression 

visible from a position of 

higher topography. May 

be able to walk into 

depression if not filled 

with water.  

More obvious from 

satellite imagery. Can 

be confused with small 

lakes formed in 

bedrock or non-ice 

related depressions.   

 Indicates previously-

glaciated area and 

area of deposition of 

morainic or 

glaciofluvial material.  
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Ice-scoured  

bedrock 

Areas of bare or sparsely-vegetated 

bedrock with visible inherent structures.  

Dark brown to grey to pink. 

Rough and irregular surface 

texture with visible joints, faults 

and fractures, distinctive from 

neighbouring sediment cover. 

Rough texture and 

inherent structures 

evident. Distinctive in 

colour. Spatially 

extensive. Not practical 

to map in detail in the 

field.  

May be difficult to 

distinguish from areas 

of thin/sparse 

sediment cover over 

bedrock, where 

boundary is 

gradational.  

 Shows areas of 

extensive ice at its 

pressure melting 

point.  

Glacial diamicton Gently-mounded material deposited on 

bedrock, ranging in extent, often on valley 

sides.  

Yellow/pale brown in colour, 

with smooth texture in contrast 

to often neighbouring rough 

bedrock. Can be found in 

association with small channel 

gorges with clear breaks in 

slope. Often vegetated.  

Where accessible and 

exposed (e.g. road 

cuttings) material can be 

identified as diamicton. 

Often difficult to identify 

due to inaccessibility 

and/or vegetation cover.  

May be difficult to 

distinguish where 

cover is thin and 

boundary with 

bedrock is unclear 

Diamicton rich in 

faceted boulders and 

faceted striated stone. 

May be interbedded 

with planar bedded 

gravels and sands.  

 

Indicates area of 

glacier deposition. 

Flutes 

 

Linear, elongated, parallel features formed 

in sediment  

Occur in groups, often aligned 

differently to any inherent 

bedrock structure. May appear 

dark and light on opposite sides 

indicating positive relief. 

Commonly found in high-

mountain areas in this study 

region, close to glacier cirques, 

and recently exposed (inside 

Little Ice Age moraines). 

May be visible from 

distance although best 

identified from satellite 

imagery as spatially-

extensive and can be 

partly obscured locally 

by vegetation or hidden 

in high-mountain areas. 

Potential confusion 

with bedrock 

structures or medial 

moraines. Difficult to 

identify if short in 

length.  

Fine to coarse gravels 

with sporadic faceted 

boulders.  

Indicative of former 

flow direction of 

warm-based ice and 

fast ice flow when 

laterally-extensive and 

highly-attenuated. 

  

Raised deltas Flat-topped, steep-sided surface extending 

along and out from valley side, above 

valley floor, at the opening of a ravine. 

Often found in stepped sequence, incised 

by a palaeo or active river channel. 

Uniform smooth-textured 

surface, in contrast to often 

adjoining rough bedrock. 

Light/dark contrast indicates 

breaks of slope at former delta 

front and incised channel.  

Levels above the valley 

floor, in stepped 

sequence with an incised 

channel is often clearly 

visible from 

distance/opposite side of 

valley. 

May be misidentified 

as a shoreline or kame 

terrace due to its 

planar nature at the 

valley side. 

Well-defined, 

alternating dipping 

beds of gravels, coarse 

gravelly sands and 

hyper-concentrated 

cobbles. 

Height at the delta 

front at break of slope 

indicates former lake 

level. 
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Ice contact fan Surfaces sloping to the valley floor from a 

flat/more gently-sloping top surface, the 

two separated by a slight break in slope.  

Uniform smooth-texture 

surface may be vegetated. 

Contains sinuous lines of 

light/dark contrast indicating 

palaeochannels, which may 

also be wider and densely-

vegetated with light/dark 

breaks in slope at their edge.  

Prominent feature of 

positive, sloping relief 

above the valley floor. 

Large channels cut into 

the feature may be 

visible in the field.   

May be misidentified 

as a raised delta due to 

its similar sloping 

morphology, although 

distinctively lacks a 

clear valley sediment 

source (ravine).  

Stone-rich, sandy 

diamicton with 

abundant fine to 

coarse gravel. 

Indicates the frontal 

ice position of a 

marine or lacustrine-

terminating glacier.  

Palaeoshorelines Narrow terrace surface on valley side with 

break in slope away from the valley side.  

Approximate constant-

elevation surface locally along 

valley. Light/dark contrast 

either side of break in slope. 

May be contrast in vegetation 

cover. Distinctive from exposed 

bedrock.  

Often visible in the field 

as a distinctive flat 

surface on the valley side 

elevated above the 

valley floor. Especially 

identifiable when 

laterally extensive.  

May be misidentified 

as a kame terrace, 

although such a 

feature would be 

expected to gently 

slope down valley. 

Difficult to identify if 

discontinuous and/or 

well-vegetated 

Carved into diamicton 

on the valley sides. 

Well-rounded gravels 

pebbles and sands 

may be present. May 

be associated with far 

travelled boulders on 

the terrace surface. 

Indicates the former 

lake level. 

  

Outwash plain Large, gently-sloping flat plain cut by 

palaeochannels. Grades from former ice 

limit (e.g. a moraine ridge).   

Large, smooth surface, uniform 

in texture and colour, and in 

contrast to surrounding 

topography. Palaeochannels on 

surface identifiable by 

light/dark colour change 

indicating negative relief. Also 

highlighted by vegetation 

change.  

Extensive, flat, gently-

sloping plains are visible 

in the field. 

Palaeochannel 

depressions can also be 

visible when looking 

across the plain’s 

surface. 

Exact limits of outwash 

plain may be difficult 

to distinguish.  

Well-rounded gravels, 

sands and silt. Sands 

may be laminated. 

Larger boulders and 

cobbles may be found 

closer to the former 

ice margin.  

Indicates major 

meltwater outflow 

pathways. 

Fluvial terraces Terraces running extensively along the 

valley side, extending out into the valley, 

sloping gently down valley and often 

stepped, separated by breaks in slope.  

Uniformly-textured, vegetated 

surface. Break in slope is often 

unvegetated and lighter in 

colour. Often occur next to an 

active river system.  

Visible in the field as 

terraces running 

extensively along the 

valley side above the 

valley floor, with steep 

May be mistaken for 

raised deltas, kame 

terraces or shorelines, 

although are 

distinctively stepped 

Bedded, laminated 

sands and gravels. 

Indicate the former 

floodplain of a river 

and subsequent down 

cutting. May be 

indicative of a drop in 
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scarp slopes visible along 

their edge.   

and may be more 

laterally extensive 

away from the valley 

side.  

base level and/or 

decrease in sediment 

supply.     

Palaeochannels Linear channels forming shallow 

depressions or deeper incisions. May have 

gently or steeply-sloping slides with scarps. 

Incised into fluvial, glaciofluvial, or glacial 

deposits.  

Often appear darker than 

surrounding sediment and 

preferentially vegetated. May 

be sinuous, braided and 

extensive over valley-fill flood 

and outwash plains. 

Visible in field as deep 

gorges or shallow 

laterally-extensive 

channels. 

May be mistaken for 

breaks of slope at edge 

of outwash plain. 

Shallow 

palaeochannels often 

not visible in satellite 

imagery and certainly 

not on widely-

available low-

resolution DEMs.  

 Indicative of former 

path of river/stream 

flow. Deep incision 

may indicate drop of 

base level.  

Kame terrace Flat-topped surface above valley floor, 

gently-sloping down valley, extending 

from valley side. Pitted surface with steep 

ice-contact face.  

Uniform surface texture and 

colour. Sharp break at ice-

contact edge and surrounding 

terrain shown by 

shadowing/change in colour 

and texture. May be well-

vegetated. Often associated 

with moraine ridges extending 

cross valley from terrace at 

valley side. No clear valley-side 

sediment source or catchment  

Visible in field as large 

flat-topped feature, 

steep-sided, extending 

down valley, abruptly 

placed against steep 

valley-side bedrock in 

places.  

May be confused with 

shorelines or raised 

deltas. Raised deltas 

have clear valley-side 

sediment source. 

Shorelines may be 

found more 

extensively, spanning 

multiple valleys. May 

not have a pitted 

surface.  

Dipping beds of coarse 

sands an gravels, with 

faceted and edge-

rounded stones. 

Gravel lenses and 

shallow scours of 

gravels and sands also 

found 

Marks position of 

former lateral or 

frontal ice-margin and 

indicates ice thickness. 

Suggestive of high 

meltwater discharge 

and sediment 

transport.   

Boulder bar Elongated, positive relief, valley-floor 

feature with tapered ends. 100s m in 

length.  

Uniformly textured, 

apparently-flat surface that 

appears speckled with 

vegetation.  

Visible in the field as an 

isolated, large feature in 

the valley floor. Boulders 

present on the surface.  

Possible confusion 

with a point bar. 

Reworked diamicton, 

topped with sporadic 

boulders on the 

surface 

Often indicative of a 

large-hydrological-

erosion and sediment-

transport event, such 

as a flood. May form as 

a result of a glacier 
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lake outburst flood in a 

glaciated region.  

  

Alluvial fans Sloping fans from valley sides fed by a 

small river or stream. 

Smooth surface, splaying out in 

fan shape from valley side on to 

valley floor. Sharp boundary 

with surrounding topography 

through change in vegetation 

cover. 

Distinct morphology 

identifiable from enough 

distance to provide 

context within valley. 

Cobble/gravel texture 

may be identifiable from 

distance. 

Possible to misidentify 

as palaeo-delta or ice-

contact deposit 

although unlikely. 

Course gravels and 

some small boulders 

found proximal to the 

valley side, grading to 

a greater proportion of 

finger gravels, sand 

and silt in the distal 

portion of the fan.  

Reworking of 

unconsolidated 

material by meltwater 

channels and streams. 

Debris slopes Steeply-sloping surface of sediment at the 

valley side, accumulating and sloping 

gently at valley floor. Can be laterally-

extensive or more locally-confined.  

Grey/pale brown in colour 

depending on composition. 

Smooth texture, may contain 

series of cone forms. Largely 

unvegetated. Common in high-

mountain settings above upper 

vegetation line but also found 

as shattered bedrock and 

remobilised moraines in low 

valleys. 

May be visible from 

valley floor. Texture, 

colour, morphology and 

composition clear when 

visible and/or accessible. 

Likely to be inaccessible 

and not visible in high-

mountain settings. 

Limits of extent in 

high-mountain areas 

above upper 

vegetation line may be 

difficult to identify.  

Angular boulders to 

cobbles in high valleys. 

Gravels and sands 

where associated with 

reworked morainic 

material.   

Indicates paraglacial 

processes. 

Floodplain Sediment accumulated in valley floor often 

cut by a braided river system and found in 

association with channel bars.   

Flat surface in valley floor cut by 

river system. Densely vegetated 

in places, often between 

braided active or 

palaeochannels.   

Visible from valley side 

and on surface if 

accessible.  

Possible confusion 

with outwash plain 

although more 

densely-vegetated and 

clearly associated with 

an established fluvial 

system.  

Sands and gravels When abandoned, 

may indicate area of 

past paraglacial 

activity. May contain 

active glaciofluvial 

system.  
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3.3. Sedimentology 

Sedimentological and stratigraphical studies were undertaken at exposures through landforms 

(e.g. road cuttings and quarry sites) along the Salto, Pedregoso and Tranquilo valleys. At 

sections, a lithofacies approach was adopted to describe and interpret the observed record 

(Eyles et al., 1983; Walker, 1992). A sediment facies is a unit of sediment with distinctive 

properties (geometry, composition, particle size, structure, colour and fossil content), such that 

it is formed under distinct conditions and processes of sedimentation and can be cross-

referenced with modern analogues and process-based experiments to guide interpretations 

(Reading, 1978; Hooyer and Iverson, 2000; Evans, 2003b; Evans and Benn, 2004). Such an 

approach has been applied widely for the description, classification and interpretation of 

sediments and landforms (e.g. Bennett et al., 2002; Glasser and Hambrey, 2002; Golledge and 

Phillips, 2008; Longhitano, 2008). With an understanding of the processes of sedimentation and 

methods of landform formation, it is possible to produce a broad scale stratigraphy of the 

interrelationship of landforms in time and space (Lee, 2017).  

In this study (Chapter 4), vertical logs were taken to provide a representative section and 

illustrate stratigraphical trends (Jones et al., 1999). These logs accompanied scale photographs 

and drawings of sections showing major units, boundaries and structures such as faulting, cross 

cutting relationships and bedding. Sedimentary units were described using established 

sedimentological techniques, notations and facies codes (Evans and Benn, 2004). This aids in 

determining the environment and processes of sediment deposition and landform formation. 

However the complex nature of glacial environments can make interpreting sedimentary 

sections and stratigraphic correlation difficult (Rose and Menzies, 1996). Glacial systems can 

contain a range of sediments with high heterogeneity which often experience post-depositional 

non-glacial modification. Glacial systems also experience a range of mechanisms and rates of 

deposition over a small area, and hence a range of complex sediments are often found 

juxtaposed in close proximity. Locally, glaciers can also respond differently to climate forcing 

depending on elevation, valley morphology and aspect, adding to the complexity of correlating 

features in time.  

Clast morphology data (shape and roundness) were collected from representative facies, 

following Benn (2004), to investigate particle transportation and erosion histories. Clast-shape 

analysis has been applied to both present-day and formerly-glaciated mountain settings to 

define and distinguish lithofacies, reveal sediment transport pathway histories and distinguish 

between lithofacies found at different glacier thermal regimes (Goodsell et al., 2005; Mills et al., 

2009; Brook and Lukas, 2012; Hambrey and Glasser, 2012). Hambrey and Ehrmann (2004) 
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examined sedimentary facies associated with glaciers in New Zealand’s Southern Alps. They 

were able to identify and distinguish between angular gravels, cobbles and boulders derived 

from rock fall sources transported supraglacially and more rounded debris at the glacier snouts, 

transported and reworked by englacial and proglacial streams. This information, helping to 

reveal sediment transport pathways, can in turn be used as an element to assign glacial 

landsystems and thermal regimes (section 4.4.1). 

Shape data (length of the a, b and c axes) were plotted on a general shape ternary diagram 

(Sneed and Folk, 1958; Benn and Ballantyne, 1993) to analyse the distribution of samples 

amongst possible orthorhombic clast shapes and from this C40 indices (percentage of clasts with 

c/a axial ratios ≤ 0.4) (Benn and Ballantyne, 1993) were calculated. Roundness was measured 

using a semiquantitative approach. Clasts were matched to a comparison chart (Figure 3.4) in 

order to assign a numerical value to each clast representing its degree of roundness (Krumbein, 

2003; Evans and Benn, 2004; Benn and Andrews, 2007). Due to this being a somewhat subjective 

process, attempting to divide what is a continuous gradation of roundness into defined 

categories, I undertook the classifications of sample at all sites to achieve consistency and 

eliminate operator bias where possible.  

 

Figure 3.4. Comparison chart for stone shape roundness classification (Krumbein, 2003). 

Data were plotted as histograms and analysed using RA (% of angular and very angular clasts) 

and RWR (% rounded and well-rounded clasts) indices (Evans and Benn, 2004). We use RWR 
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indices alongside RA to mitigate for the influence of glaciofluvial reworking on the effectiveness 

of the RA index to distinguish transport pathways (Evans et al., 2010, 2013; Lukas et al., 2013). 

Due to the impact of lithological variability on clast shape, the mixing of clast lithologies within 

catchments can reduce the power of the method to distinguish transport pathways (Lukas et al., 

2013) and ideally clasts should be separated by lithology and studied independently. However, 

the collection of clast morphology data is time consuming, and may not always be possible or 

may have to be undertaken on a limited scale, when time constraints exist.  

3.4. Cosmogenic nuclide surface exposure dating 

The pioneering work of Davies and Schaffer (1955) showed that terrestrial cosmogenic nuclides 

(cosmogenic nuclides produced in minerals of rocks at the earth’s surface) could be used to 

directly date rock surfaces and help answer geomorphological research questions. Following the 

development of Accelerator Mass Spectrometry (AMS) in the early 1980s (Klein et al., 1982; 

Elmore and Phillips, 1987) and the ability this gave to measure very low isotopic ratios, the 

terrestrial cosmogenic nuclide surface exposure dating method advanced further (Gosse and 

Phillips, 2001). The number of radionuclides nuclides available (10Be, 14C, 26Al, and 36Cl) alongside 

the stable noble gases (3He and 21Ne) enables almost every mineral and lithology to be analysed 

(Ivy-Ochs and Kober, 2008). The technique now provides a powerful tool to date a range of 

terrestrial landforms and surfaces of previously unexposed geological material (e.g. Wells et al., 

1995; Repka et al., 1997; Van der Woerd et al., 1998; Kelly et al., 2004; Owen et al., 2011).  

Cosmogenic nuclide surface exposure dating is now widely used to provide chronological 

constraints of Quaternary glacier change (Balco, 2011; Ivy-Ochs and Briner, 2014). This is 

commonly done in two ways: firstly, by dating the surface exposure time of glacially transported 

boulders (e.g. Owen et al., 2005; Benn and Lukas, 2006; Kong et al., 2009; Glasser et al., 2012) 

and secondly by dating the exposure time of glacially eroded bedrock (e.g. Brook et al., 1996; 

Ballantyne, 2010; Glasser et al., 2012b). Measuring the surface exposure time of a glacially 

deposited boulder provides an approximate date for when this boulder was deposited at an ice 

margin. A boulder, previously transported within the ice or at the ice-bed interface, will have 

been eroded, leaving a freshly exposed surface with which to accumulate cosmogenic nuclides 

upon its deposition and exposure to cosmic rays. When such boulders are deposited on a 

moraine ridge, the surface exposure ages can be used to obtain the timing of moraine formation, 

and crucially the time at which the ice margin was at this location.  

Dating multiple moraines in this way can provide a chronology of ice recession (Shulmeister et 

al., 2005; Putnam et al., 2013; Sagredo et al., 2018). For example, on the northern side of the 

MSL ice cap, Sagredo et al. (2018) dated a sequence of seven moraine limits in the Upper 
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Tranquilo valley, taking samples from 24 boulders across 12 moraine ridges. This revealed a 

major ice limit at the ACR, followed by minor glacier fluctuations as marked by three inset 

moraines which also dated to this period. Two further inset moraines revealed minor readvances 

or periods of glacier stability at the onset of the Holocene and later in the mid Holocene.  

A chronology of ice thinning can also be obtained through surface exposure dating, by dating 

glacial erratics at different altitudes. This method has, for example, been applied to Antarctica 

at sites at Marie Byrd Land to reconstruct the timing and rate of thinning of the West Antarctic 

Ice Sheet (Stone et al., 2003). A similar ‘dip stick’ method has also been applied to the Framnes 

Mountains in Mac. Robertson Land in East Antarctica to determine the magnitude and timing of 

recession of the East Antarctic Ice Sheet. A similar principle can also be applied to freshly 

exposed bedrock surfaces. As temperate ice moves over underlying bedrock, the bedrock 

surface is eroded by abrasion and quarrying (Glasser and Bennett, 2004) revealing a fresh rock 

surface when ice recedes. Measuring the exposure age of such a surface therefore provides a 

timing for ice recession past this location. For example, Brook et al. (1996) used 10Be and 26Al 

exposure dating of bedrock samples from a vertical transect at Skåla, western Norway, to reveal 

the record of thinning of the Fennoscandian ice sheet.  

This study (Chapter 5) uses the former application of surface exposure dating, sampling boulders 

on moraine ridge crests to obtain an approximate age for moraine formation and date of ice 

marginal position.  

3.4.1. 10Be cosmogenic nuclide production 

How long a rock surface has been newly exposed to the atmosphere can be determined using 

surface exposure dating based on the principle that the longer a rock has been exposed to the 

atmosphere, the more of the cosmogenic nuclide there will be in the rock’s upper surface. This 

is because the amount of cosmogenic nuclide in the rock builds up over time when exposed to 

cosmic radiation. Cosmic radiation entering into the earth’s atmosphere undergoes spallation 

reactions with atmospheric gas nuclei producing secondary cosmic rays composed of high 

energy protons, neutrons and mesons in a process (Figure 3.5) (Gosse and Phillips, 2001; Darvill, 

2013).  
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Figure 3.5. Demonstrating secondary particle production in the atmosphere and rock as a result of spallation reactions 
(Gosse and Phillips, 2001). 

As these secondary neutrons collide with target minerals in the surface of rocks, lighter particles 

are split off from the elements in the mineral lattice. A cosmogenic nuclide is left in the place of 

the original element as a result of this spallation reaction, further spallation reactions occur and 

lighter particles are split off from the elements which make up the mineral lattice, leaving a 

cosmogenic nuclide in place of the original element (Ivy-Ochs and Kober, 2008). In the case of 
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silicon and oxygen in quartz, the collision causes spallation and muon reactions (Figure 3.5) 

(Gosse and Phillips, 2001) producing 10Be at a rate of ca. 4 atoms g-1 quartz yr-1 (Balco et al., 2008; 

Borchers et al., 2016; Corbett et al., 2016). As the exposure to cosmic radiation is approximately 

constant over geological time, 10Be builds up predictably. The concentration of 10Be in the rock 

can be measured, and because the half-life of 10Be is known (1.39 million years (Chmeleff et al., 

2010; Korschinek et al., 2010)), the length of time the rock surface has been exposed to the 

atmosphere can be calculated (Gosse and Phillips, 2001; Ivy-Ochs and Kober, 2008; Dunai, 2010). 

The precise rate of nuclide production however is site specific, depending on site altitude and 

latitude. Higher altitude sites experience higher production rates. This is because the radiation 

passes through less of the earth’s atmosphere so there is therefore less attenuation and the site 

receives a greater amount of radiation (Ivy-Ochs and Kober, 2008). High latitude sites experience 

higher production rates due to a lower cut-off rigidity (the degree to which primary rays’ 

momentum is deflected by the Earth’s magnetic field, which must be overcome in order to pass 

into the atmsophere) (Dunai, 2010; Darvill, 2013). The amount of rays that penetrate also 

depends upon variations in long-term primary ray production (Dunai 2001; Darvill 2013). These 

factors are taken into account during exposure age calculation (section 3.4.3) (Balco et al., 2008). 

3.4.2. Production rates and scaling  

In order to calculate an age from a concentration of 10Be atoms, the production rate at the 

particular site needs to be estimated, as the rate at which the nuclide is produced varies with 

latitude, altitude and time, as well as sample thickness and density (Lal, 1991; Stone, 2000). Site 

specific production rates are estimated based upon a regionally, or globally derived production 

rate. These reference production rates are calculated and averaged from samples with 

independently dated exposure ages, using techniques such as varve records, radiocarbon dating 

or tree-ring chronologies (Kubik et al., 1998; Balco and Schaefer, 2006; Kaplan et al., 2011; 

Darvill, 2013). An average global 10Be reference production rate can be derived from samples 

selected from sites in the USA, Scotland, Peru, Iceland, New Zealand, Norway and southern 

Argentina (Borchers et al., 2016). Data sets were strictly selected based upon the quality and 

completeness of data from a given site, with little uncertainty in parameters such as location, 

independent age constraints, erosion rate or degree of post depositional shielding.  

Due to the location dependent nature of nuclide production rates, using reference samples from 

the region of interest to derive a regional production rate may provide final exposure ages more 

representative of the true exposure age. To obtain such a regionally derived rate for Patagonia, 

Kaplan et al., (2011) presents high-precision 10Be measurements from samples taken from the 

surface of boulders on the Herminitia and Puerto Bandera moraines adjacent to Lago Argentino, 

alongside maximum- and minimum-limiting 14C ages for the moraines. During the exposure age 
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calculation, a reference production rate is deduced, which when the chosen scaling factor is 

applied (to scale the production rate for location and time), best fits the production rates 

observed at the independently dated sites (Balco et al., 2008).  

The global or regional production rates can be scaled for latitude and altitude to create an 

estimate of the site-specific production rate. Six primary scaling schemes exist: St (Lal, 1991; 

Stone, 2000), De (Desilets et al., 2006), Du (Dunai, 2001), Li (Lifton et al., 2005), Lm (Nishiizumi 

et al., 1989; Lal, 1991; Stone, 2000) and LSDn (Lifton et al., 2014), which differ slightly in the way 

that the effect of atmospheric pressure, the geomagnetic field and solar variability are calculated 

(Balco et al., 2008; Darvill, 2013). Ages produced using the different scaling methods and 

production rates vary slightly, meaning that it is important to ensure the same scaling method 

and production rate is used when comparing ages from multiple samples and sites.  

This reference production rate is taken as the representative regional production rate. Using the 

Lm scaling method, an in-situ 10Be production rate between 3.60 and 3.82 atoms/g/yr (Kaplan 

et al., 2011) is required to produce 10Be surface-exposure ages compatible with the 14C ages. This 

range also encompasses the rate derived from samples from the New Zealand’s Southern Alps 

(3.74 ± 0.08 atoms/g/yr based on Lm scaling) (Putnam et al., 2010).  

The local production rate can also be affected by shielding of the boulder from incoming cosmic 

rays by the surrounding topography and more proximal valley side and morphological features. 

Shielding reduces the local production rate, and if not accounted for in the final age calculation, 

will lead to an erroneously young sample age. Therefore, the angle of elevation of the horizon 

from the sample is measured in the field over 360° around the boulder, from which the impact 

of shielding is calculated when determining the final exposure age (Balco et al., 2008).  

The degree of surface erosion of the boulder should also be considered. The process of erosion 

removes the upper surface of the rock which contains the highest concentration of nuclides, as 

well as exposing a surface now younger than the age of boulder deposition. These processes 

produce an anomalously young exposure age for the boulder. The rate of erosion can be 

estimated at specific sites based upon measuring the degree to which erosion resistant features 

in the rock, such as quartz veins, protrude from the eroded surface. This erosion rate is included 

in the final exposure age calculation. 

3.4.3. Complicating issues in surface exposure dating 

As well as the length of exposure time, a boulder’s pre and post-depositional history can affect 

the amount of 10Be present in its upper surface at the time of sampling. Details of this are given 

in Gosse and Phillips (2001) and Darvill (2013) and are explained here. 
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Inheritance 

A boulder previously exposed to the atmosphere before its final deposition will carry forward a 

prior concentration of 10Be, known as inheritance. The measured value of 10Be in the sample 

would therefore not reflect solely the boulder’s most recent period of exposure. Such a sample 

would give an erroneously old age. Inheritance can be reduced or removed by erosion of the 

boulder’s previously exposed surface during subglacial transport. To mitigate against the effect 

of inheritance, boulders are selected which show signs of subglacial transport (are faceted, 

striated, sub-rounded), and therefore have the greatest chance of removal of any previously 

exposed rock surface. 

Post-depositional movement and exhumation 

Post-depositional rolling, slumping or exhumation (Figure 3.6) will result in a present-day upper 

surface of the boulder which may not have been exposed to the atmosphere for the entirety of 

the moraine’s emplacement. Determining the age from such a boulder would give an 

anomalously young age for the moraine. The effect of post-depositional movement can be 

mitigated against by selecting boulders which are the least likely to have shifted, rolled or 

slumped. Boulders on the centre of a ridge crest are selected as they cannot have moved from 

higher ground following to their current position following initial deposition. To mitigate against 

potential exhumation of the boulder, large boulders (a b-axis > 1 m) are targeted as it is less 

likely that their upper surface was covered following deposition.   

Post-depositional shielding 

Episodic covering of a boulder’s upper surface following deposition can periodically reduce the 

site specific production rate, leading to an erroneously young exposure age. Boulders may be 

covered by snow, loess or vegetation. 1 m depth of snow of density 0.3 g cm-3 covering a 

boulder’s upper surface for four months of the year can produce an exposure age 5 % younger 

than the true exposure age (Gosse et al., 1995a; Licciardi et al., 1999, Gosse and Phillips 2001). 

This is mitigated against and its potential impact reduced by sampling large boulders. The windy 

setting of this region is also likely to act to reduce the build-up of prolonged, deep snow cover. 

It is therefore not expected that periodic snow cover would impact the exposure age to such an 

extent as 5 %. A value less than this is within the uncertainty of the exposure ages. Because of 

this, and because the depth and extent of periodic snow cover is difficult to estimate, no 

correction is made. To reduce the potential impact of anomalous ages when establishing an age 

for a geomorphological event, and aid in their identification, it is common practice to sample 

multiple boulders from the same feature. Putkonen and Swanson (2003) suggest that ideally 

three to seven boulders should be sampled, favouring smaller moraines which have undergone 
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less degradation and potential of boulders being exposed after moraine formation due to ridge-

crest lowering. With larger datasets it may be possible to distinguish the relative importance of 

inheritance and moraine degradation for causing skew within sample ages for a moraine, and 

from this obtain a age estimate that accounts for these processes (Applegate et al., 2010, 2012). 

Isostatic uplift 

Isostatic changes of the crust change the local production rate by changing the altitude of the 

site. The effect a 50 m elevation change has on a change in sample age is approximately 0.5% 

(Gosse and Phillips 2001). Isostatic uplift observed across the NPI is less than 50 m (Thorndycraft 

et al., 2019). Again considering the effect on the final age is within the larger error of the 

sample’s age, isostatic changes are not taken in to account.  

3.4.4. Sample selection criteria and sampling  

Considering the aforementioned ways to mitigate potential complicating issues in surface 

exposure dating, the following sample selection criteria and sampling methodology was used. 

Boulders were selected for sampling which show no signs of rolling or slumping and were located 

on the centre of a moraine ridge crest. Selected boulders were faceted and sub-rounded (signs 

of subglacial transport). Within these criteria, the largest boulders on a moraine were selected 

where possible, with a b-axis > 1 m. 

Given Obj. 3 of this thesis, to produce a chronologically-constrained palaeoglaciological 

reconstruction of Calluqueo Glacier, moraines were selected which mark the reconstructed 

frontal ice position at a location where chronological constraint is missing. Moraines which may 

have formed subaqueous in ice-dammed lakes were therefore avoided. This is explained within 

the context of the site location and description in section 5.3. Following Putkonen and Swanson 

(2003), five boulders were sampled from each moraine or moraine complex. Ten boulders were 

sampled in total across two sites. Five from a single moraine ridge at M9 and five across 5 smaller 

ridges within the M12 moraine complex (Figure 5.1). The number of boulders sampled was 

limited by the number of boulders found that met the selection criteria.  
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Figure 3.6. Factors affecting boulder shielding and potential post-depositional processes which alter the sampled 
surface. In part after Darvill 2013. Negative muon capture spallation reaction within the upper surface of the rock 
shown inset. Letters correspond to table in Figure 3.5. 

Samples greater than 1 kg in weight (to ensure sufficient quartz content) were taken from the 

upper 5 cm of the flat surface of quartz-rich boulders using a hammer and chisel. While rock 

saws, drills or small explosive charges can also be used to break the surface rock into fragments, 

the method used is dependent on accessibility to equipment and practically of equipment 

transport to the sample site. A hammer and chisel are most commonly used due to portability 

and having the least lasting environmental or aesthetic impact on the boulder. However, this 

method can be physically demanding and time consuming. Samples from each boulder were 

collected in separate durable bags and labelled accordingly. Because of the variation in 

production rate with altitude and latitude (Lal, 1991), the coordinate location and elevation 

above sea-level of each boulder were recorded. The dimensions of the boulder were measured 

and records of its lithology, shape, surface texture, slope and weathering, immediate setting on 

the moraine ridge, surrounding sediments, broader geomorphological setting and angle of 

elevation to the horizon were taken. Multiple photos were taken of the boulders from all 

surrounding angles to provide a record of their relative position on the moraine ridge. 

3.4.5. Sample processing, age calculation and evaluation 

Following sample collection, the whole rock samples were mechanically crushed and sieved to 

250-500 µm in the department of Earth Science at Royal Holloway University of London. Sample 

processing and analysis was done at the Natural Environment Research Council (NERC) 

Cosmogenic Isotope Analysis Facility (CIAF) at the Scottish Universities Environmental Research 
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Centre (SUERC). Quartz was isolated by froth floatation and then magnetic mineral separation 

using a Frantz® iso-dynamic mineral separator, before being treated by hexafluorosilicic acid and 

undergoing repeated etching in 2% hydrofluoric acid (HF) to remove unwanted particulates. 

Quartz purity was assayed by ICP-OES. The purified quartz was dissolved in 40% HF with 0.23 mg 

9Be carrier solution and Be is chemically isolated following the methods developed by Child et 

al. (2000). The solution is precipitated as Be(OH)2, baked to BeO in a quartz crucible before being 

mixed with Nb to prepare the BeO-Nb targets. The 10Be/9Be ratios were measured by the 5 MV 

NEC Pelletron accelerator mass spectrometer (AMS) at SUERC (Xu et al., 2010), normalised to 

the NIST SRM4325 standard, 10Be/9Be ratio 2.79 x 10-11 (Nishiizumi et al., 2007). The processed 

blank ratios ranged between 6 and 10 % of the sample 10Be/Be ratios. The uncertainty of this 

correction is included in the stated standard uncertainties. 

Ages are commonly calculated using the CRONUS-Earth online calculator 

(hess.ess.washington.edu (Balco et al., 2008)). This requires a sample’s nuclide concentration 

and associated 1-standard error analytical uncertainty as measured by AMS, along with the 

sample’s physical properties (thickness and density), location (latitude and longitude), elevation, 

erosion rate and shielding correction. Ages are calculated by solving equation 3.1 for exposure 

age (T). 

                                                                                   (3.1)  

Table 3.2. Variables in equation 3.1 used to calculate a sample's exposure age. After Balco et al. (2008). 

Symbol Variable Units 

T Exposure age years before sample 

collection date 

N Measured nuclide concentration in the sample atoms g-1 

Sthick Thickness correction nondimensional 

SG Geometric shielding correction nondimensional 

Pref,sp,Xx Reference production rate due to spallation for scaling scheme (Xx) atoms g-1 yr-1 

SXx(t) Scaling factor for scaling scheme (Xx) nondimensional 

λ Nuclide decay constant  yr-1 

ε Externally derived surface erosion rate g cm-2 yr-1 

Λsp Effective attenuation length for spallogenic production g cm-2 

Pµ Surface production rate in the sample due to muons atoms g-1 yr-1 

Λµ Effective attenuation length for the production by muons g cm-2 

http://hess.ess.washington.edu/
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Z Sample thickness g cm -2 

Ages are presented as thousand calendar years that the boulder’s surface has been exposed up 

until the sample date. Samples in this study were collected in December 2016, so the term ka 

refers to the number of thousand years before December 2016. The CRONUS-Earth online 

calculator presents dates for multiple scaling methods to allow for easy comparison. Calculated 

dates are also presented with “internal” and “external” uncertainties. The internal uncertainty 

is the uncertainty on the measured nuclide concentration, also known as the measurement, or 

analytical uncertainty. The external uncertainty includes all uncertainties input into the age 

calculation, and therefore also includes the production rate uncertainty (Balco et al., 2008). 

Normal kernel density estimate plots can be used to evaluate the ages at each moraine, with 

the shape of the summed probability distributions used to establish the presence of outliers 

within the moraine’s dataset (e.g. Kelly et al., 2008). Internal uncertainties are used for these 

plots rather than the external uncertainty. Given that they are taken from the same feature, the 

samples are exposed to the same production rate uncertainty.  

Due to the potential subjectivity of using normal kernel density estimate plots alone to identify 

outliers, a reduced chi-squared test (equation 3.2) (cf. Jones et al., 2019) can also be used to 

statistically assess the spread of the data. Such a test measures the fit between the uncertainty 

weighted mean (UWM) (�̅�) (equation 3.3) and set of individual exposure ages.  

      𝑥𝑅
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                                     𝑘 = 1 + 2√
2

𝑛−1
      (3.4) 

Where 𝑣𝑖 is the sample’s internal age uncertainty and 𝑥𝑖  is the sample’s mean age. The UWM 

(�̅�) is the arithmetic mean of the sample ages, where each age is weighted by the inverse of the 

sample’s internal age uncertainty, such that those with the lower uncertainty have a greater 

contribution to the final mean value than those with higher uncertainty. A reduced chi-squared 

test 𝑥𝑅
2  value less than the 2σ envelope criterion 𝑘 (equation 3.4) indicates a > 95% probability 

that the data is representative of a single population of ages. In this scenario an UWM is a valid 

age estimate for the feature (Spencer et al., 2017), and sample dates are presented with the 

corresponding UWM age and weighted standard deviation (σ̅) (equation 3.5) for the feature in 

question. Bayesian age modelling is also used to aid identification of outliers, through examining 
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the degree of agreement between the modelled and unmodelled ages which is explained in 

section 3.5.  

      

             σ̅ =  √∑ (

1

𝑣𝑖

∑
1

𝑣𝑖
𝑖

) (𝑥𝑖 − �̅�)2
𝑖        (3.5) 

 

3.5. Bayesian age modelling 

Bayesian age modelling utilises a known order of events, derived from interpretation of 

sediment-landform assemblages, with independent chronological information to constrain the 

timing of a phases within a sequence. In Bayesian terminology, a prior model is first built, 

containing the information about the order of events (e.g. the sequence of ice-margin formation 

when applied to deglaciation) before any age measurements are considered. A likelihood model 

is then built incorporating the age data from the given events (e.g. surface exposure ages of 

moraine boulders) as probability distribution functions representing the likelihood that an event 

will have a particular age (Bronk Ramsey, 2008, 2009a). Markov Chain Monte Carlo iterations 

(Gilks et al., 1995) are used, combining both the prior and likelihood probabilities to find possible 

ages for each event, which are presented as posterior probability densities (Bronk Ramsey, 2008, 

2009a). As in this study, the Bayesian method is increasingly used as a tool to constrain the 

chronological history of deglaciation, reducing the uncertainty range of measured ages based 

upon their known order of occurrence as well as aiding the identification of outliers (e.g. Bendle 

et al., 2017a; Chiverrell et al., 2013; Jones et al., 2015; Smedley et al., 2017) 

Chapter 5 provides a model for the order of sequential moraine formation in the Salto and 

Tranquilo valleys, following the ACR, based upon a geomorphological and stratigraphical study. 

A uniform phase sequence model (Bronk Ramsey, 2008) was utilised in Oxcal v4.3 

(https://c14.arch.ox.ac.uk) to produce probability density estimates for each surface exposure 

age sample, utilising phase and boundary functions to identify and separate the samples by 

moraine site. The General outlier model (Bronk Ramsey, 2009b), was applied enabling outliers 

to be identified and retained in the model, but their influence proportionately scaled down. 

Samples were further assessed for their fit within the wider dataset based upon the agreement 

index, with a minimum recommended value of 60% (Bronk Ramsey, 2009a). 

3.6. ELA and ice surface reconstruction 

https://c14.arch.ox.ac.uk/
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Due to the relationship between temperature and precipitation at a glacier’s Equilibrium-Line 

Altitude (ELA) (Ohmura et al., 1992; Braithwaite, 2008; Sagredo et al., 2014) it is possible to 

extract palaeoclimatic information from the ELA of a reconstructed palaeo-glacier (Dahl and 

Nesje, 1992; Bakke et al., 2005; Bjune et al., 2005; Stansell et al., 2007). If a record of past 

temperature is available, a quantitative estimation of palaeoprecipitation can be obtained. Such 

a tool is particularly useful given the difficulty of quantitatively reconstructing 

palaeoprecipitation from other palaeoclimate proxies. ELAs can be calculated based upon the 

elevation of glacial landforms, using the maximum elevation of lateral moraines (Lichtenecker, 

1938; Andrews, 1975), the altitude of the cirque floor (Reuther et al., 2004) or the concentration 

of land surface area (Egholm et al., 2009). These methods however have limitations which can 

introduce errors into the ELA calculation. For example calculating ELA based upon the altitude 

of the cirque floor requires specific glacier types formed over multiple glaciations (Pellitero et 

al., 2015). More preferred methods use the geometry of the reconstructed glacier’s surface. Of 

these the Accumulation Area Ratio (AAR) method is most common, based upon the assumption 

that when glaciers are at equilibrium the ratio between the accumulation and ablation areas is 

constant. However this method does not take into account glacier mass balance gradient or 

hypsometry (Osmaston, 2005).  

These factors are taken into account in the Accumulation Area Balance Ratio (AABR) method 

(Osmaston, 1975; Furbish and Andrews, 1984) and is hence taken to be a more robust approach 

(Pellitero et al., 2015). Such a method is used in this study and reported in Chapter 6. As well as 

adding greater mass balance weighting to areas further above or below the ELA, a balance ratio 

is also added to account for differences in mass balance gradients above and below the ELA. 

Commonly, glacier hypsometry is obtained manually using a cartographic method based upon 

morphological evidence of a former glacier’s extent and best estimates of the palaeo-glacier’s 

surface contours (e.g. Lukas, 2006; Rea and Evans, 2007), before being incorporated into the 

AABR calculation (Osmaston, 2005). However, morphological features to provide evidence for 

ice extent are often absent, or landforms have been poorly preserved. A preferable method is 

to combine available geomorphological evidence with an ice surface derived numerically.  

In this study, the GlaRe GIS tool for ArcGIS (Pellitero et al., 2016) is used. This reconstructs a 

three-dimensional ice surface based upon a given bed topography and an element of the 

reconstructed ice margin (e.g. lateral or frontal moraine or a trimline). The model produces a 

two dimensional reconstruction of the glacier’s flowline, assuming perfect plasticity rheology 

(Paterson, 1994), based upon the equation 3.6 for shear stress at the glacier’s bed (Nye, 1952): 

𝐻 =  𝜏/(𝜌𝑔 𝑠𝑖𝑛𝛼)     (3.6) 
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where 𝜏 is a uniform basal shear stress, 𝜌 is ice density and 𝛼 is the ice surface slope, which is 

then interpolated to produce the 3D surface. This method assumes the present-day topography 

is the same as that of the palaeo-glacier bedrock topography. If ice is still present this must first 

be ‘removed’ (Chapter 7) to produce a best estimate of the palaeo-bedrock surface. This method 

also assumes the glacier is in equilibrium and is land-terminating. Once a palaeo-ice surface has 

been reconstructed, this can be used as the input to an automatic calculation of the glacier ELA. 

Here a GIS tool for ArcGIS developed by Pellitero et al., (2015) is used to produce AABR-derived 

ELAs, following Osmaston (2005), providing the advantage of rapid ELA calculation based upon 

the best estimate of the palaeo-ice surface. The newly derived ELAs can be combined with 

relative temperature offsets from the West Antarctic Ice Sheet (WAIS) Divide surface air 

temperature reconstruction (Cuffey et al., 2016) to calculate quantitative estimates of 

precipitation at the ELA for each phase of glacier stillstand (Ohmura et al., 1992). 

3.7. Glacier numerical modelling 

3.7.1. Ice-sheet and glacier models 

Computer-based numerical models of glaciers and ice sheets simulate how ice flows and ice-

mass changes based upon key physical ice-flow, energy and mass flux laws. Models range in 

complexity from the simplest one-dimensional flow-line models to more complex three-

dimensional models. One-dimensional flowline models simulate the downward flow of ice along 

a single line, commonly the centreline of a valley glacier or ice-stream where the mass being 

modelled is laterally constrained (Oerlemans, 1997; Anderson and Mackintosh, 2006; Gladstone 

et al., 2012; Davies et al., 2014). A cross-sectional plane such as a trapezoid perpendicular to ice 

flow may be included to define the lateral geometry of the ice. A width-dependent shape factor 

may also be applied to account for changes in valley or ice-stream width along the flowline, 

ensuring conservation of mass. More complex two- and three-dimensional models have been 

developed to allow for modelling of ice masses containing multiple flow-lines, such as ice sheets, 

ice caps and bifurcating glaciers, and internal variations in ice dynamics. Two-dimensional 

models (e.g. Meur and Vincent, 2003) vertically integrate velocity, shear stress and energy flux 

within the ice, simplifying the model and allowing for shorter computational processing times. 

Fully three-dimensional models (e.g. SICOPOLIS (Greve et al., 2011), the Glimmer CISM (Rutt et 

al., 2009), Elmer/Ice (Zwinger et al., 2007) and PISM (Winkelmann et al., 2011)) allow for 

variations in these variables throughout the ice column. This allows for more complex ice flow 

processes and environments to be simulated, although wall-clock run times are longer.  

This range of glacier and ice-sheet models are typically used to reconstruct past ice masses with 

the view to better understand present day and future ice behaviour (e.g. Pollard and DeConto, 
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2009; Jamieson et al., 2012; Golledge et al., 2017). Models are also used to simulate present ice 

masses under future climate (e.g. Seddik et al., 2012; Joughin et al., 2014), as well as 

investigating specific glacier or ice sheet processes at the grounding line and calving front, or the 

development of crevasses and meltwater pathways (Morlighem et al., 2010; Todd and 

Christoffersen, 2014; Gong et al., 2018). These studies provide key data regarding past ice 

volume and mass balance, ice mass sensitivity and response times to climatic changes, the role 

of grounding line and calving processes in ice stream stability, quantitative palaeotemperature 

and precipitation data and contributions of ice masses to future sea level rise.  

The output of glacier models can be constrained by and tested against empirical data. These 

data are commonly in the form of chronologically constrained ice-mass reconstructions from 

dated ice limits, but can an also include subglacial landform formation and reconstructed glacial 

transport pathways (e.g., Golledge et al., 2012; Livingstone et al., 2015; Becker et al., 2016; 

Jouvet et al., 2017). It is important to obtain a comprehensive understanding of the past glacial 

landsystems for the environment with which the model is being compared to, in order to take 

into account in the model where possible all the past glacial processes which operated (e.g. the 

impact of any ice-dammed lakes), and understand the historical context of available 

chronological data. PISM has been applied widely to the Greenland Ice Sheet (Langen et al., 

2012; Aschwanden et al., 2016; Nielsen et al., 2018), Antarctic Ice Sheets (Fogwill et al., 2016; 

Golledge et al., 2017; Kingslake et al., 2018) as well as mountainous regions globally (Golledge 

et al., 2012; Jouvet et al., 2017; Yan et al., 2018) to reconstruct past ice masses and climate and 

investigate complex ice flow patterns. These studies commonly include model-data 

comparisons.  

In one example, Golledge et al. (2012) applied PISM to New Zealand’s Southern Alps to evaluate 

the accuracy of modelled glaciers between valleys, model sensitivity and to devise an estimate 

of past climate at the LGM. Modelled ice extent was compared to mapped moraines (Barrell, 

2011) to show that a cooling of 6 – 6.5oC combined with a 25% reduction in precipitation from 

present day is required to produce an ice extent at the LGM limit. Simulations at increasingly 

fine resolutions (2 km, 1 km, 500 m) illustrated the importance of using high resolution grids to 

best resolve glacier dynamics in small mountain-valley glaciers. PISM has also been used in a 

similar manner to investigate precipitation patterns. Becker et al., (2016) used PISM to model 

ice extent at the LGM, with a LGM ice reconstruction based on geomorphological mapping as a 

reference (Geologische Bundesanstalt, 2013). Through forcing the model with different 

temperature and precipitation combinations, it was possible to deduce that a significant 

decrease in precipitation compared to present day is required in the north of the Alps compared 

to in the south to match the model to empirically reconstructed LGM ice extent. This suggests a 
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change in precipitation pattern since the LGM, which the authors attribute to a southward shift 

of the North Atlantic storm track during the LGM.  

3.7.2 The Parallel Ice Sheet Model (PISM) 

In this study we apply the Parallel Ice Sheet Model (PISM) to the MSL. PISM is an open source, 

fully three dimensional, thermodynamically coupled, time-dependent ice sheet model (Bueler 

and Brown, 2009; Winkelmann et al., 2011). By distributing mass continuity and thermodynamic 

equations at each grid cell across multiple processor cores, PISM has greater computational 

efficiency than other numerical ice sheet models (Golledge et al., 2012; The PISM authors, 2017) 

facilitating higher resolution models (e.g. Aschwanden et al., 2013) and shortening model run 

times.  

PISM operates a non-sliding shallow ice approximation (SIA) (Hutter, 1983) in parallel with a 

vertically integrated, sliding shallow shelf approximation (SSA) (Weis et al., 1999) forming a 

‘hybrid’ model (Bueler and Brown, 2009). SIA accounts for flow by shear within the ice, 

neglecting longitudinal and transverse stresses and assuming no sliding at the ice-bed interface. 

SIA is a simplified version of the Stokes equations for mass continuity (equation 3.7) and stress 

balance (equation 3.8) which describe the flow of glacier ice. 

∇ ∙ 𝑢 = 0      (3.7) 

−∇𝑝 + ∇ ∙ 𝜏𝑖𝑗 +  𝜌𝑔 = 0      (3.8) 

Where 𝑢 is the 3D ice velocity,  𝑝 is the ice pressure, 𝜏𝑖𝑗 is the deviatoric stress tensor, 𝜌 is the 

ice density and  is the acceleration due to gravity. Complex glacier flow models can solve the 

Stokes equations for the evolution of ice stress, however this is highly computationally 

demanding. PISM therefore uses simplified Stokes equations (equations 3.9 and 3.10), which 

when combined with Glen’s flow law (Chapter 2), give the SIA equation for deformation velocity 

(equation 3.11) (Schmidt, 2019)  

𝛿𝜏

𝛿𝑧
=  −∇𝑥𝑝         (3.9) 

𝛿𝑝

𝛿𝑧
=  −𝜌𝑔     (3.10) 

𝑢 =  −2(𝜌𝑔)𝑛|∇𝑍𝑠
|

𝑛−1
[∫ 𝐴(𝑧𝑠 −  𝜁)𝑛𝑑𝜁

𝑍𝑠

𝑍𝑏
] ∇ℎ                  (3.11) 

𝑛 Glen’s flow law flow exponent (most commonly equal to 3) 

𝑍𝑠 glacier surface elevation 

𝑍𝑏  glacier bed elevation 
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𝐴 Ice softness 

ℎ Ice thickness 

𝜁 vertical integration variable from the glacier’s bed to the glacier’s surface 

 

The SIA equation assumes the vertical component of the stress field is negligible given the high 

width-to-depth ratios of ice sheets. This model therefore works well for the majority of ice in ice 

sheets, but breaks down in areas of fast flowing ice. In such scenarios an SSA model simulates 

ice more effectively, accounting for flow through the movement of the ice over a weak substrate 

or whilst floating. The velocity due to sliding is calculated using the SSA equation (equation 3.12) 

(Bueler and Brown, 2009) 

𝛿𝑇𝑖,1

𝛿𝑥1
+ 

𝛿𝑇𝑖,2

𝛿𝑥2
+ 𝜏𝑏,𝑖 =  𝜌𝑔ℎ

𝛿ℎ

𝛿𝑥𝑖
        (3.12) 

where 𝑥𝑖  is the coordinates in the horizontal plane and 𝑇𝑖,𝑗  is the vertically averaged stress 

tensor. Such a setup that facilitates the modelling of basal sliding through SSA is favourable for 

simulating fast-flowing grounded ice in the form of ice streams (Schoof, 2006) in Antarctica and 

Greenland and as well at temperate warm-based outlet glaciers, such as at MSL. By operating a 

hybrid model, PISM is thus able to model flow through both internal shearing (SIA) and basal 

sliding (SSA). The resulting modelled velocity field is a weighted average of the SIA model 

(Hutter, 1983) and plastic till form of the SSA model (Schoof, 2006), with greater weighting 

towards the SIA if sliding is slow and to the SSA if sliding is fast (Bueler and Brown, 2009). 

In PISM, as well as coupling a more complicated climate model, the glacier’s mass balance can 

be determined using a simple positive degree day (PDD) model (Figure 3.7). Such an approach is 

adopted in Chapter 7. The amount of precipitation that falls as snow and the amount of snow 

and ice that melts is a product of the ice surface temperature and hence the number of PDDs. 

𝐹𝑠𝑛𝑜𝑤  and 𝐹𝑖𝑐𝑒 are PDD factors for snow and ice respectively (the thickness of snow and ice 

melted per degree kelvin per PDD), which can be tuned within PISM. Following melting, water 

may be refrozen based upon the predetermined refreeze fraction ( 𝜃refreeze ). 
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Figure 3.7. Flow chart illustrating the positive degree day model used within PISM to determine the glacier’s mass 
balance (the PISM authors, 2017). 

3.7.3. Modelling caveats  

Certain caveats must be taken into account when using a numerical ice sheet or glacier model. 

Validating the model to present day or past conditions can be difficult due to a lack of 

observations, in particular of ice thickness. A lack of ice thickness data also makes producing a 

bedrock DEM difficult, or validate an inverse ice thickness model. Ice penetrating radar can be 

used to determine present day ice thickness of ice sheets such as Greenland, however flight lines 

often do not cover the entire ice mass (e.g. Bamber et al., 2013). The Patagonian Icefields have 

been surveyed for ice thickness but like elsewhere, flight lines do not cover the ice mass and 

outlet glaciers in their entirety, and small ice caps around the periphery of the major icefields, 
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such as MSL, are not surveyed (Gourlet et al., 2016; Millan et al., 2019). Inverse modelling 

therefore often must be used to establish ice thickness and generate a bedrock DEM. Golledge 

et al. (2012) determines ice thickness using the shear stress equation (3.6) to determine ice 

thickness (H) (Nye, 1952). Errors with this model are greatest at glacier margins where the 

surface slopes are greatest, however it is still favourable to use a bedrock DEM calculated in this 

way rather than dismissing ice thickness and using a surface DEM for the model’s bedrock. A 

similar ice thickness model for Patagonia derived from the shear stress equation (Carrivick et al., 

2016) is used in this study and explained in Chapter 7.  
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4. Sediment-landform assemblages and landsystems of the northern 

Monte San Lorenzo region 

4.1. Introduction 

4.1.1. Rationale 

Atmospheric cooling during the ACR resulted in glacier readvance in the Southern Hemisphere 

mid-latitudes as shown by cosmogenic nuclide dating from moraine systems in Patagonia (García 

et al., 2012; Nimick et al., 2016; Darvill et al., 2017; Davies et al., 2018; Sagredo et al., 2018) and 

New Zealand (Putnam et al., 2010). In central Patagonia, the outlet glaciers of the NPI had 

receded back to the valleys of the Andean Cordillera by the time of the ACR readvance and many 

were terminating in large proglacial lakes (Davies et al., 2018; Thorndycraft et al., 2019). 

Antarctic ice core records, such as the WAIS Divide, show that the ACR in the Southern 

Hemisphere high latitudes was followed by ca 4000 years of warming from ca 13.0-9.0 ka, with 

rapid warming of 2 °C between ca 13.0-12.0 ka (Buizert et al., 2015). The geomorphic setting 

and evolution of Patagonian valley glaciers during post-ACR warming make them an interesting 

analogue for understanding present-day glacial dynamics in rapidly-warming, temperate 

climatic settings. During this period and the subsequent Holocene, glacier recession and 

punctuated readvances left behind discrete geomorphological features, revealing past 

glaciolacustrine, fjord-terminating and land-terminating glacier landsystems (Glasser et al., 

2009b; Davies et al., 2018). Little work has been done to investigate the evolution and 

interaction of these landsystems, in particular those associated with the smaller ice caps located 

in the Cordillera east of the Patagonian icefields (72-73°W). These localities provide 

opportunities for elucidating the roles of climatic, topographic and glaciolacustrine controls on 

the evolution of late Quaternary glaciated valleys found in Patagonia (Glasser et al., 2009). 

Morphological and sedimentological data from low-altitude, shallowly-sloping, steep-sided 
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interlinked valleys, are currently limited and furthermore subsequent paraglacial modification 

has also received little attention in Patagonia.  

Herein we establish sediment-landform assemblages and use a landsystems framework to 

examine the sedimentology and geomorphology of landforms in valleys to the north of the MSL 

ice cap (Figure 4.1), formed during a period of overall atmospheric warming. The glacial, 

glaciolacustrine, glaciofluvial and paraglacial landforms and deposits in the Salto, Tranquilo and 

Pedregoso valleys formed through the late Pleistocene and Holocene make up the basis for our 

sediment-landform study. These valleys represent contrasting styles of landsystems, including 

glaciolacustrine, land-terminating and glaciofluvial, but with significant paraglacial modification, 

and juxtaposed with small-scale mountain glaciers. Comparing these different landsystems will 

provide a template for understanding the roles different processes play in landscape evolution 

and modification in Patagonia. This new understanding of glacier landsystem and process 

change forms the basis for new chronological data presented in Chapter 5 and a temporally 

constrained palaeoglaciological reconstruction of the northern margin of the MSL ice cap in 

Chapter 6.  

4.1.2. Research questions, aims and objectives 

To address the current gaps in understanding surrounding the evolution of landsystems and 

controls on landsystems development north of the MSL ice cap, this chapter aims to answer the 

following research questions as part of RQ 1 of this thesis: 1. Which sediment-landform 

assemblages are found in the Salto, Tranquilo and Pedregoso valleys, north of the MSL ice 

cap? 2. Which landsystems are there evidence for in these valleys? 3. What were the primary 

controls on sediment-landform associations and landsystem development? The aims of the 

work presented in this chapter is to elucidate the nature and relative timing of changes in glacial 

environments, dynamics and processes since the ACR, addressing Aim 1 of this thesis. Within 

Obj. 1 of this thesis, our objectives in this chapter are: 1) to determine sediment-landform 

assemblages across a spectrum of palaeoglacial and glacial environments; 2) generate 
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landsystems’ models explaining the processes of sediment-landform generation in central 

Patagonia; and 3) elucidate the influence of ice-dammed lakes and other controls on 

palaeoglacier dynamics.  

 

Figure 4.1. (A) Map of the study area north of the MSL Icecap including sites and mean landform ages from the 
published literature. (B) Maps showing the location of the study area within the context of the region east of the NPI 
and SPI, including Lago GCBA and Lago CP. 



97 
 

4.2. Methods 

The Salto, Tranquilo and Pedregoso valleys were mapped and digitised in ArcMap 10.3 at 1:5000 

scale using 1 m resolution DigitalGlobe imagery, part of the EsriTM World Imagery (Chapter 3). 

Google Earth Pro (DigitalGlobe imagery) was used in conjunction to this, alongside Google 

Earth’s digital elevation model to view landforms from an oblique perspective, aiding 

identification. Additional elevation data were taken from ASTER GDEM (20 m vertical and 30 m 

horizontal resolution, 95% confidence; cf. (ASTER GDEM Validation Team, 2011). Field mapping 

(Nov-Dec 2016 and Dec 2017) was used to ground-truth remotely sensed mapping and improve 

landform identification and mapping detail. Roadside cuttings along the Salto and Tranquilo 

valleys provided sediment exposures for landforms. Landforms in the field were mapped using 

handheld GPS with a documented accuracy of ± 10 m.  

Well-established criteria for landform identification, both by remote sensing and in the field, 

were used (Glasser et al., 2005, 2008; Bendle et al., 2017; Darvill et al., 2017; Chandler et al., 

2018) and adapted to account for the specific characteristics of landforms found in the study 

area (Chapter 3.2.3, Table 3.1). Moraine ridges were grouped into ‘sets’ based upon their 

relative position within a valley to delineate a period of ice-marginal stability. Frontal and lateral 

moraines which could be traced to one another, or lateral moraines at the same altitude on 

opposite valley sides, were grouped into the same set. We group landforms into 5 sediment-

landform associations that we outline in sections 4.3.2. to 4.3.6: ice-marginal, subglacial, 

glaciolacustrine, glaciofluvial and paraglacial. 

Sedimentological and stratigraphical studies were undertaken at exposures through landforms 

(road cuttings and quarry sites) along the Salto and Tranquilo valleys using standard procedures 

(Evans and Benn, 2004). Clast morphology data (shape and roundness) were collected from 

representative facies, following Benn (2004), to investigate transportation and erosion histories. 

Shape data were plotted on a general shape ternary diagram (Sneed and Folk, 1958; Benn and 

Ballantyne, 1993) and from this C40 indices (Benn and Ballantyne, 1993) were calculated. 
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Roundness data were plotted as histograms and analysed statistically using RA (percentage of 

angular and very angular clasts in the sample) and RWR (percentage of rounded and well-

rounded clasts in the sample) indicies (Evans and Benn, 2004). We use RWR indices alongside 

RA to mitigate for the influence of glaciofluvial reworking on the effectiveness of the RA index 

to distinguish transport pathways (Evans et al., 2010, 2013; Lukas et al., 2013). Cosmogenic 

nuclide surface exposure ages were recalculated (Figure 4.1) using version 3 of the online 

exposure age calculator formerly known as the CRONUS-Earth online exposure age calculator 

(Balco et al., 2008) with a regional Patagonian production rate calculated from the Kaplan et al. 

(2011) calibration data set. Ages presented assume a 0 mm/kyr erosion rate to obtain a 

minimum exposure age, use the time dependent LSDn scaling method (Lifton et al., 2014) and 

are calculated as uncertainty weighted means (UWM) of multiple samples taken over single 

moraine ridges/contemporaneous sets, rounded to the nearest 0.1 ka. 

4.3. Results 

4.3.1. Landform inventory of the northern MSL sector 

Combining remote sensing and field mapping, including within forested areas, has allowed this 

study to map in greater detail the landforms of the study area. Subsequently this study has 

identified previously unmapped landforms and  increased the extent and detail of those mapped 

in previous studies in this region that have relied on satellite imagery (Glasser and Jansson, 2005, 

2008; Turner et al., 2005; Glasser et al., 2009a, 2012; Bendle et al., 2017; Davies et al., 2018). 

The landform inventory for the northern MSL sector contains 19 primary landform types (Figure 

4.2) which includes 1,083 individual moraine ridges mapped alongside rivers, lakes, outcropping 

bedrock and bedrock gorges. Mapping of sections of the Upper Tranquilo valley and eastern 

Tranquilo valley is in part after Araya et al. (2014). Mapping in the north of the Salto valley is 

after Davies et al. (2018).  
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Figure 4.2. Geomorphological map of the study region to the north of MSL, including the Pedregoso, Salto and Río 
Tranquilo valleys. 500 m interval contour produced from ASTER DEM, showing the range of ice marginal glacial, 
glaciolacustrine, subglacial, glaciofluvial and paraglacial landforms alongside other features. 

Critically, using field mapping to assist mapping from satellite imagery, we have identified 14 

primary moraine sets (labelled M1a, M1b and M2 to M13) including 7 newly identified ice 

margin positions (M5 to 8 and M10 to 12) (Figure 4.3). Previously identified sets have been 

ground-truthed and extended in their mapped extent. The Esmeralda and Brown moraines are 

labelled M1a and M1b respectively, as the furthest advanced moraine sets in their respective 
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Salto and Tranquilo valleys. Moraines of the same colour are interpreted as forming coevally as 

part of the same moraine system.  

4.3.2. Ice-marginal sediment-landform associations 

4.3.2.1. Frontal moraines 

The Esmeralda (M1a, cf. Davies et al., 2018) and Brown (M1b) moraines situated at the northern 

and eastern ends of the Salto and Río Tranquilo valleys respectively are the most substantial 

frontal moraines, up to 80 m and 100 m above the valley floor respectively. The M1a frontal 

moraine formed coevally with the 7.5 km long, valley-parallel lateral moraine component 

(Davies et al., 2018) (Figure 4.3). We speculate that the M1b moraine also formed at this time, 

due to their similar relative size and position in the Tranquilo valley (Figure 4.3). Inset of M1a in 

the Salto valley are a series of cross-valley, sharp-crested, steep-sided, both arcuate and more 

straight frontal moraines (M4 to M9) formed sequentially, positioned incrementally along the 

eastern valley side stretching south until the confluence with the Río Tranquilo valley. They are 

up to 40 m in height above the valley floor and up to 300 m long (Figure 4.3). M4 (also known as 

the “Moraine Mounds”, ca 12.7 ± 0.4 ka cf. Glasser et al., 2012; Davies et al., 2018) and M6 are 

associated with semi-isolated masses of moraine producing an uneven surface of material on 

the ridges’ ice-proximal side (Figure 4.2 and Figure 4.3). M6, 7, 8, and 9 notably extend 

perpendicular from terraces on the eastern valley side, only part way across the valley floor, east 

of the Río Salto (Figure 4.2 and Figure 4.3). The moraine ridges are composed of stratified 

massive and laminated sands, coarse sub-rounded to sub-angular gravels, and diamictons (e.g., 

M5: Figure 4.3E and Figure 4.5, M8: Figure 4.3I and Figure 4.6). Multiple sub-rounded to sub-

angular, faceted granitic to dioritic boulders, up to 1 m in size, can be found along the ridge 

crests, strewn over larger areas of associated morainic material and within exposed sections. 

Across the study area, clast-shape data taken from moraine sites shows predominantly blocky 

clasts, with C40 percentages below 50% (Figure 4.3). The moraines in the Salto valley are 

dominated by sub-angular to sub-rounded clasts, whilst those in the Tranquilo valley have a 
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largely sub-angular to very-angular form. The M1b moraines consist of a series of discontinuous, 

sinuous ridges between 60 and 700 m long, arranged in an arcuate form, spanning 2 km across 

the valley. They occur on a topographic high, ca 120 m about the valley floor to the east, with a 

steep ice-contact slope on the western, ice-proximal side, and a more gently-sloping outwash 

plain on the eastern, ice-distal side.  
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Figure 4.3. Above. (A) to (N) Moraine profiles and clast-shape data from sites along the Salto and Pedregoso valleys. 
(M) and (O) show RA-C40% and RWR-C40% plots respectively. Moraine sets, delta, lake sediment and diamicton section 
sites are labelled M1 to M13, D1 to D4, L1 to L3 and S1 to S2 respectively. Map shows 7 newly identified ice margin 
positions (M5 to 8 and M10 to 12), including sharp crested profiles of frontal moraines M1a and M9. Clast-shape data 
taken from moraine sites shows predominantly blocky clasts, with C40 percentages below 50%. The degree of clast 
roundness increases from south to north, reflecting increased sediment transport and reworking from the source by 
glaciofluvial processes.  

 

Figure 4.4. Photo of cross-valley terminal moraines in the Esmeralda, Salto and Brown valleys. (A) Arcuate M4 moraine 
ridge in front of the Esmeralda ‘Moraine Mounds’. (B) View south up the Salto valley and inset C. (C) M6 moraine and 
inset mounds. (D) Section through the M8 moraine ridge with associated kame terrace in the Salto valley. (E) M9 
moraine ridge and associated kame terrace in the Salto valley. (F)  Western end of the Brown valley, showing raised 
deltas and the inner M1b Brown moraine ridge. 
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Figure 4.5. Section and photos at the M5 moraine. (A) to (C) show zoomed in photos of section, their locations labelled 
on the sketch. (D) Photo of exposed section through the M5 moraine. Shows example of frontal moraine ridge 
composition of stratified massive and laminated sands, coarse sub-rounded to sub-angular gravels, and diamictons. 

 

Figure 4.6. Sedimentary section, log and stone data from a quarry section at M8. (A) Zoomed in photo of a section of 
the exposure on the ridge’s distal side through which the sedimentary log was taken. (B) Exposed face in full. Shows 
example of frontal moraine ridge composition with stratified gravels, diamictons and sands.  

4.3.2.2. Lateral moraines 

Valley-parallel, lateral moraine ridges in the study region have three primary morphologies. The 

first are large, laterally-extensive ridges with narrow crests and broadly symmetrical sides 

(Figure 4.3 M1 to M3, Figure 4.7A, C to F). The second group are smaller, closely-spaced pairs or 
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groups of laterally-discontinuous ridges with broadly equally-dipping sides, dissected by 

meltwater channels. They are found on topographically-flat bedrock plateaus on the northern 

flank of Cordon Esmeralda below M1 and at the southern end of the Salto valley (M11 and M12) 

(Figure 4.3). The third are small, discontinuous, ridges up to a meter high and 100 m long, found 

on the sloping valley side southeast of Lago Esmeralda, between M1 and M4, forming the lateral 

component of M3 (Figure 4.3).  

The M1a (cf. Davies et al., 2018), M1b and M2 ridges are characterised by massive, silty and 

sandy diamictons and gravels, with numerous faceted granitic and dioritic cobbles and boulders 

up to 2 m along the a-axis (Figure 4.7A, Figure 4.8). M2 is overtopped by poorly defined units of 

clast-supported, sandy coarse gravel, and clast-supported silty fine gravel, edge rounded and 

faceted pebbles. Stones are primarily sub-angular to sub-rounded, blocky and elongated (Figure 

4.3D).  
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Figure 4.7. Photographs of lateral moraines in the Esmeralda and Salto valleys. (A) M2 lateral moraine, with context 
of Esmeralda terminal moraines (M1a) and Esmeralda ‘Moraine Mounds’ (M4). (B) Moraine ridge on the lower 
northern side of Cordon Esmeralda. (C) M2 lateral moraine ridge pair. (D) View north along the ridge crest of M1a 
lateral moraine. (E) View of a glacially-transported boulder on the ridge crest of M1a lateral moraine. (F) View of the 
M1a lateral moraine ridge on the north western flank or Cordon Esmeralda, looking down over the Esmeralda valley. 
(G) Boulder on a ridge crest within the M12 moraine complex. (H) Boulder strewn ridge crests in the M11 moraine 
complex. 
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Figure 4.8. Sedimentary log, section and clast fabric data of the M2 lateral moraine, illustrating the massive, silty 
and sandy diamicton and gravels composition of the moraine, with numerous faceted granitic and dioritic cobbles 
and boulders up to 2 m along the a-axis. 

 

Figure 4.9. Section through diamicton at site S1 to the southeast of Lago Esmeralda, with lateral moraine ridges in 
Figure 4.7B visible on the side of the slope. 

4.3.2.3. High-altitude valley moraines 

Alongside the moraines in the lower valleys, well-preserved late Holocene lateral and frontal 

moraines are found close to the present-day Calluqueo glacier margin (Figure 4.2), in part 

damming Calluqueo proglacial lake, and in high altitude cirques in the upper Tranquilo valley 

and on Cordon Esmeralda. The largest Calluqueo moraine (M13) manifests as a sharp-crested, 
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steep-sided arcuate frontal terminal moraine ridge, ca 100 m above the valley floor and a 

broader-crested lateral moraine on the southern side of Lago Calluqueo. Numerous smaller, 

closely-spaced sinuous elongated parallel ridges are found along the broad lateral moraine ridge 

at the southwestern end of the lake. They are up to 3 m high with surfaces scattered with 

numerous loose, angular to subangular granodiorite cobbles and boulders. The small valleys on 

Cordon Esmeralda also contain numerous well-preserved, densely-spaced terminal ridges close 

to cirques, between 5 and 20 m apart superimposed over valley-parallel flutings (Figure 4.10). 

In front of these are larger moraine ridges with a classic saw-tooth morphology (cf. Evans et al., 

2017).  

 

Figure 4.10.(A) Satellite image (Digital Globe EsriTM) of cirque on Cordon Esmeralda. (B) Mapped landforms from 
satellite image in (A). Colours correspond to key in Figure 4.2. Figure illustrates the saw-tooth moraines found in the 
high altitude valleys, as well as subglacially formed elongated parallel flutings. 

4.3.2.4. Meltwater channels 

Meltwater channels are found in association with the groups of laterally-discontinuous ridges 

on the bedrock plateaus on the northern flank of Cordon Esmeralda below M1. The largest is a 

gently-sloping, approximately-straight channel running the 200 m along the length of the 

complex, parallel to contemporary contours and the axis of moraine ridges. We interpret this 
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channel as ice-marginal (Greenwood, 2007). There is a notable lack of meltwater channels 

observed elsewhere.  

4.3.3. Subglacial associations 

4.3.3.1. Ice scoured bedrock 

Isolated areas of ice-scoured bedrock occur along the lower sides of the Esmeralda, Salto and 

Río Tranquilo valleys, obscured in places by vegetation cover and separated by areas of 

diamicton plastered on to the valley sides and floor (Figure 4.2). It is not found at higher 

elevations or topographic crests between valleys, where instead bedrock crops out as blocky or 

sharp-sided exposures. Ice-scoured bedrock is also reported in neighbouring valleys east of the 

NPI (Glasser et al., 2009b; Bendle et al., 2017; Davies et al., 2018). Bedrock lineations can be 

identified orientated broadly NE-SW at the confluence of the Salto and Río Tranquilo valleys on 

a bedrock high set away from the valley side (Figure 4.11).  

 

Figure 4.11. (A) Satellite image (Digital Globe EsriTM) of the confluence of the Salto and Río Tranquilo valleys. (B) 
Mapped landforms in area (A) showing ice-scoured bedrock and glacial lineations. Colours of landforms reflect those 
in Fig. 4.2. 

4.3.3.2. Glacial diamicton  
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Areas of diamicton can be found plastered along the valley sides and at elevations both above 

and below ice-scoured bedrock. A flat-topped surface of diamicton is found on the eastern side 

of the Esmeralda valley on the western flank of Cordon Esmeralda (Figure 4.3 S1, Figure 4.9) 

showing a stone-rich, silty diamicton, stratified into a clast-supported layer below a matrix 

supported layer. Both layers contain boulders up to 30 cm in size. A small section of laminated 

sands is found at the base of the lower unit. Near the confluence of the Esmeralda and Río 

Tranquilo valleys (Figure 4.3 S2), a road cutting reveals a section of sediment plastered onto the 

side of bedrock. This comprises a silty diamicton, stratified in places, containing faceted boulders 

and rich in striated, faceted stones and interbedded with a layer of stratified, planer-bedded 

gravels. These are disrupted by inverted triangular structures of massive gravels. The lower 

diamicton is dissected by a sub-vertical unit of matrix-supported massive gravel and contains a 

discontinuous unit of partly-laminated medium sand at its base.  

4.3.3.3. Flutes 

In the high-altitude cirque on Cordon Esmeralda elongated parallel flutings 3 m to 7 m wide run 

along the valley length, found in association with closely-spaced moraine ridges, inset of large 

saw-tooth moraines (Figure 4.10). They are predominantly straight but curve with the profile of 

the valley. They are not found in the less recently deglaciated lowland Salto, Pedregoso and 

Tranquilo valleys.  

4.3.4. Glaciolacustrine associations 

4.3.4.1. Raised deltas 

Large flat-topped, steep-fronted bodies of sediment are found along the length of the Río 

Tranquilo valley at three main sites: the western end (D1), centre (D2 and D3) and eastern end 

(D4) of the valley (Figure 4.2 and Figure 4.3). They are found in stepped sequence, incised by 

active and abandoned river channels at the opening of a ravine. Three primary terrace levels are 

defined: 600 m asl (at D1), 520 m asl (at D3 and D4) and 425 m asl (at D1, D2 and D3). D1 (Figure 
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4.12) reveals alternating well-defined beds of clast and coarse sand matrix-supported gravels, 

coarse gravely sands and hyper-concentrated clast-supported cobble beds up to 50 cm in 

thickness. Clasts are sub-rounded to rounded. These beds dip at 25° west-northwest towards 

the valley floor and are overtopped and truncated by a coarse, clast-supported, cobble-rich 

gravel bed. At the northern end of the section, the dipping beds give way to a clast-supported 

unit of cobbles up to 30 cm in size (Figure 4.12B). A section in the D4 delta (Figure 4.4) reveals a 

structure of dipping foresets.  

 

Figure 4.12. (A) 600 m and 425 m stepped terrace on the southern side of the Tranquilo valley with an incised gorge 
on the right of the image. (B) The northern section of road cutting, composed of clast-supported cobbles. (C) The 
southern section showing dipping sand and gravel foresets. This is an example of a classic Gilbert form delta.  

4.3.4.2. Morainal banks 

Next to the steep-sided Esmeralda moraines (M1b) is a distinctly-different moraine landform 

interpreted as a subaqueous morainal bank (Davies et al., 2018). It is wedge-shaped and dips 

gently west towards Lago Esmeralda while the eastern flank is much steeper. Exposures show a 

silty, stone-rich diamictic composition interbedded with sands and gravels (Davies et al., 2018).  

4.3.4.3. Glaciolacustrine sediment 

Roadside exposures north of Lago Esmeralda show diamicton overtopped by 2 mm thick silt and 

clay rythmites with isolated stones (Figure 4.3 L1, Figure 4.13A).  Similar facies are found on the 

eastern side of the Salto valley within the broader M7 moraine complex (Figure 4.3 L2, Figure 
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4.13B). A 3 m high section through the top of a small ridge reveals upward-fining sands 

overtopped with rhythmites, interbedded with sands at their top, and a stone-rich silty 

diamicton. The rhythmites contain numerous dropstones with associated deformed and draped 

laminations. Up a small tributary valley from D2, between two bedrock highs are large roadside 

exposures of bedded sands and gravels (Figure 4.3 L3). On the western side is 4 m of well-sorted, 

bedded, fine sand with occasional gravel dropstones and ripple-cross laminations in places 

(Figure 4.13C). This is separated by a sharp erosional contact from overlying trough cross-

bedded, and then massive gravelly sands. These contain inclusions of planar laminated fine 

sands. On the eastern side of the tributary valley, and ca 70 m below the western site, is a 6 m 

high exposure of well sorted sands with draped ripple cross-laminations and massive sand beds 

(Figure 4.13D).  
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Figure 4.13. (A) L1 section logged through roadside exposure north of Lago Esmeralda. (B) L2 section logged through 
roadside exposure in Salto valley through part of the M7 moraine complex. (C) L3 western section through roadside 
exposure of massive sands and gravelly sands. (D) L3 eastern section through roadside exposure through well sorted 
bedded sands. Sections show examples of variety of glaciolacustrine deposits found across the study region, from 
rhythmites to massive sands. 
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4.3.4.4. Palaeoshorelines 

Inside the Esmeralda moraines, palaeoshorelines are carved into valley-side diamicton in the 

northern Salto valley on the eastern side of the Juncal Massif, on the southern side of Cerro 

Ataud and southeast of Lago Esmeralda (Davies et al., 2018). The palaeoshorelines form of 

gently-dipping platforms with scarp slopes on the valley floor side, running flat or shallowly-

dipping in long profile.  

4.3.5. Glaciofluvial associations 

4.3.5.1. Outwash plains 

A palaeo-outwash plain of glaciofluvial sands and gravels is located east of the M1b moraines 

sloping gently down towards and terminating at Lago Brown (Figure 4.2). The surface is covered 

by cross-cutting sinuous palaeochannels. Narrow valley constrained outwash, or ‘valley trains’, 

cover the entire floor of the southern section of the Pedregoso valley and contain active braided 

river channels.  

4.3.5.2. Fluvial terraces 

Stepped, fluvial terraces are found at the eastern end of the Tranquilo valley, either side of Rio 

Tranquilo (Figure 4.2). The western terraces run for 1.6 km along the valley side on two levels, 

separated by a small scarp slope. The upper terrace slopes from 470 m to 415 m asl and the 

lower terraces slope from 450 m to 405 m asl, grading down to the valley floor level at their 

northern-most point. The two eastern terraces are adjacent to the ice-contact slope and grade 

south to the valley floor, with large scarp slopes on the northern sides. 

4.3.5.3. Kame terraces 

Along the eastern side of the Salto valley, masses of sediment with flat tops at ca 370 m asl run 

discontinuously south to the confluence with the Río Tranquilo valley (Figure 4.2). The top 

surface slopes gently away from the valley side before a steep break in slope forms a scarp down 

to the valley floor.  The terrace surfaces are 40 m above the valley floor, gently undulating and 
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dissected by channels from the valley side. They contain hollows in places, some manifesting as 

lakes, producing kame and kettle topography (cf. Livingstone et al., 2010). The largest terrace is 

3.9 km long and up to 550 m wide, located just north of the confluence with the Tranquilo valley, 

and found in association with moraine ridge M9 (Figure 4.4E). At the opening on the Salto valley, 

an exposure at the terrace base shows cross-bedded alternating coarse sands and gravels, 

dipping 20° southwest towards the valley floor, fining upwards in places (Figure 4.14). Pebbles 

are faceted and edge-rounded and can be found in lags at the base of beds. These alternating 

sand and gravel beds are topped by gravel lenses and broad, shallow scours of trough cross-

bedded gravels and sands.  

 

Figure 4.14. Section exposing the sedimentary composition and structure at the base of a kame terrace on the eastern 
side of the opening of the Salto valley, south of Lago Esmeralda. (A) Overview of the section. (B) Photo taken looking 
left to right illustrating the dipping sand and gravel beds. (C) Close-up photo of dipping interbedded sands and gravels. 

4.3.5.4. Boulder bar 

Inset of the terminal Salto moraine complex is an elongated, 360 m long by 160 m wide bar of 

morainic material (Figure 4.2, Figure 4.15C), topped by sporadic boulders on its surface. Its 

elongated, tapered form is analogous to boulder bars observed in valleys to the north, formed 

by large outburst floods of Lago GCBA likely reworking valley floor morainic material 

(Thorndycraft et al., 2019).  
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4.3.5.5. Fluvial bars and palaeochannels 

Both mid-channel, bank-attached and point bars are found as part of the active Rio Tranquilo, 

Pedregoso and Salto glaciofluvial systems (cf. Collinson, 1996). Palaeobars are found on the 

floodplain bordering these rivers and in conjunction with glaciofluvial palaeochannels (Figure 

4.15). 

4.3.6. Paraglacial associations 

4.3.6.1. Floodplain 

The floors of the Salto and Tranquilo valleys are covered by floodplain associated with sand and 

gravel bar deposits. This differs from the morphology of the outwash plain east of the M1b 

Brown moraines, which is built up above the level of the valley floor. Numerous abandoned 

river-channels are found across the valley floor throughout the Salto and Tranquilo valleys and 

within the floodplain are a number of small lakes infilling pits (Figure 4.15) (cf. Benn and Evans, 

2010; Brynjólfsson, 2015; Giles et al., 2017).  
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Figure 4.15. (A) Satellite image (Digital Globe 
EsriTM) of the Upper Salto valley floor. (B) 
Mapped landforms in the Salto valley floor, 
showing the braided Río Salto, channels bars, 
and pittedlakes. (C) Mapped landforms in the 
northern Salto valley. Landform colours reflect 
those in Fig. 4.1, excluding the pale green 
speckled polygon which here represents the 
valley floor floodplain. 
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4.3.6.2. Slope deposits 

 Unvegetated, modified drift-mantled slopes are found at the sides of the most recently 

deglaciated (post-LIA) valleys. They comprise upper sections of gullies cut into glaciogenic 

deposits (including lateral-moraine ridges), above coalescing debris cones and fans of reworked 

sediment (cf. Curry, 1999; Ballantyne, 2002; Curry et al., 2006). The clearest example is on the 

northern and southern valley sides above Lago Calluqueo. We also find examples of paraglacial 

rock-slope failure. These are primarily talus accumulations high on the valley sides comprising 

angular boulders up to 15 m in size.  

4.3.6.3. Alluvial fans 

Alluvial fans are found at the opening of gullies at the sides of the Pedregoso and Tranquilo 

valleys, where the valley side meets the valley floor floodplain. They slope gently between 2° 

and 10°, are well vegetated, and often associated with active river systems and fluvial 

downcutting.  

4.4. Discussion 

The observed geomorphology and sedimentology of the Salto, Pedregoso, Tranquilo and 

surrounding high-altitude valleys allows us to produce landsystem models which operated 

during and following a period of late Quaternary warming. The region can be divided into 

distinctive areas whose core sediment-landforms associations are characterised by either 

glaciolacustrine, land-terminating glacial or mountain-valley landsystems. These are then 

overprinted by both glaciofluvial and paraglacial landsystems, with varying degrees of 

modification of the glaciated landscape. These palimpsest environments can be thought of as 

existing within an overarching glaciated valley landsystem acting as a ‘family of landsystems’, 

documenting significant variability (Benn et al., 2003).  

4.4.1. Landsystems north of Monte San Loreno 

4.4.1.1. Glaciolacustrine landsystem 
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The glaciolacustrine sediment-landform associations of the Tranquilo valley consist of raised 

stepped deltas and glaciolacustrine sand and sandy gravel deposits. Deltas have the classic 

Gilbert form (Gilbert, 1885), deposited into a former ice-dammed lake (Ashley, 2002; 

Longhitano, 2008; Benn and Evans, 2010), and are analogous to those found around the margins 

of Lago GCBA (Bell, 2008, 2009; Glasser et al., 2009a; Bendle et al., 2017) and in the Torres del 

Paine region of Patagonia (García et al., 2014). Similar Gilbert form deltas are also found outside 

Patagonia, in the Thompson valley in British Columbia (Johnsen and Brennand, 2004, 2006) and 

at Glen Roy (Peacock, 1986; Palmer and Lowe, 2017; Sissons, 2017), the northern Cairngorms 

(Brazier et al., 1998) and Achnasheen, Scotland (Benn, 1989, 1992). Alongside the 

glaciolacustrine sediments, they provide evidence for the palaeolake Tranquilo occupying the 

Tranquilo valley at 520 m asl and then 425 m asl following punctuated lake drainage (Figure 8.1; 

Chapter 8).  

The D1 delta terrace (Figure 4.3, Figure 4.12A) at 600 m asl likely reflects a higher elevation ice-

marginal lake formed when ice occupied the Tranquilo valley, damming valley side tributaries. 

Further, such higher elevation terrace surfaces are found in neighbouring small tributary valleys. 

Deltas at D3 and D4 and bedded sands south of D2 indicate that when the lake level was at 520 

m asl the frontal ice-margin sat between D2 and D3 and the confluence with the Salto valley for 

a period of relative stability or slow recession to allow for such masses of sediment to 

accumulate (Figure 8.1C; Chapter 8). The bedded sands at L3 likely formed through relatively 

low-energy deposition of well-sorted sediment into the lake. The draped ripple-cross 

laminations indicates a high rate of sediment aggradation relative to horizontal transport and 

flow (Evans and Benn, 2004). The formation of these deltas is reliant on both the presence of 

the large water body and local topography channelling rivers and fluvially-transported sediment 

from the mountain valley catchments through tributary valleys and gullies into the main valley. 

A topographic control is also evident through the absence of deltas in the northern Salto valley 

glaciolacustrine landsystem which lacks sediment input from tributary valleys.  
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The Brown moraines in the east sit on a topographic high with ridges up to ca 535 m asl and a 

glacial outflow channel at ca 520 m asl dissecting these ridges. An outwash plain east of the 

Brown moraines is incised by the large primary glacial outflow channel and multiple glaciofluvial 

braided palaeochannels. This provides evidence for a 520 m asl col at the Brown moraines for 

the upper, 520 m asl palaeolake Tranquilo lake level and drainage to the east into Lago Brown 

and on into Lago CP (Figure 8.1C; Chapter 8). With the Tranquilo valley floor dropping in 

elevation to the west, the lake was dammed by ice flowing north from the Pedregoso valley into 

the Tranquilo valley, having receded from its frontal position at the Brown moraines (Figure 8.1B 

and C; Chapter 8). Both topography and the location of the ice mass therefore controls the 

extent and depth of the lake.  

There is a notable absence of cross-valley ridges in the Tranquilo valley which could be due to a 

number of factors. Benn (1989) elucidates a requirement of grounding line stability for the 

formation of ridges at Achnasheen in Scotland. Subaerial cross-valley ridges formed in the 

neighbouring Salto valley during this same period suggest that periodic local ice stability did 

occur. Therefore the calving of ice into palaeolake Tranquilo may have caused the instability of 

the ice front and its steady continuous retreat (cf. Carrivick and Tweed, 2013).  

Following ice recession a lower elevation drainage pathway, and potentially subglacial drainage 

indicated by a bedrock incised channel, opened into the Salto valley at the Tranquilo-Salto 

confluence and the lake stabilised at 425 m asl (Figure 8.1D; Chapter 8). This punctuated 

drainage and later final drainage of palaeolake Tranquilo may have resulted in outburst floods 

down the Salto valley. Evidence for large flood events may be provided by the aforementioned 

inset boulder bar of the Salto moraine complex, and bedrock incision in the lowermost reach of 

the Rio Tranquilo and in the middle of the Salto moraines, downstream of the Lago Esmeralda 

reach (Figure 4.15C). The boulder bar and bedrock incision are consistent with flood evidence in 

the Baker valley (Thorndycraft et al., 2019).  
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Davies et al. (2018) present a glaciolacustrine landsystem model for the northern Salto valley to 

document the formation of the asymmetric Esmeralda moraine ridge and bank, and Juncal fan 

as part of a landform assemblage formed as ice terminated into Lago Chelenko palaeolake and 

subsequently receded to the more steeply topographically constrained section of the Salto 

valley south of the present-day Lago Esmeralda. Subaerial and subaqueous moraines, 

subaqueous fans and constant-altitude palaeoshorelines are all found in conjunction.  

Silt and clay rhythmites north of Lago Esmeralda (Figure 4.3 L1, Figure 4.13A) are typical of ice-

distal glaciolacustrine sediments deposited in proglacial lakes, sourced from underflows from 

the ice front, accompanied by the periodic deposition of ice rafted debris (Church and Gilbert, 

1975; Smith and Ashley, 1985; Palmer et al., 2008; Sugiyama et al., 2016). We interpret those 

exposed at L1 to have formed in this way, in Palaeolake Chelenko following ice recession. Those 

at L2 likely formed in a short-lived ice-contact proglacial lake following ice recession up the Salto 

valley, dammed by the large M7 moraine ridge. Coarsening to the top of the section into 

interbedded sands and a diamicton cap is suggestive of a minor readvance, however could also 

be the product of increased meltwater input and sediment capacity during the onset of further 

ice recession.  

4.4.1.2. Land-terminating glacial landsystem 

The main landform components of the Salto valley are the cross-valley terminal moraine ridges 

(M6-M9). (Figure 4.4C-E). Due to their substantial size, sharp-crested form and absence of 

internal deformation structures, we interpret these as dump moraines, formed at the glacier’s 

terminus by the remobilisation of supraglacial debris by roll, fall or glaciofluvial transport during 

periods of glacier stillstand (Boulton and Eyles, 1979; Benn and Owen, 2002; Benn and Evans, 

2010) as ice receded up the Salto valley. Their association with kame terraces and stratified 

gravel and sand and diamictic composition (e.g., M8, Figure 4.6) indicate significant sediment 

transport and deposition by meltwater at the glacier margins. RA-C40 and RWR-C40 covariance 

clast data at moraine sites throughout the Salto valley (Figure 4.3) suggest glaciofluvial input and 
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reworking within the subglacial transport system (Lukas et al., 2013). This evidence for 

significant meltwater is characteristic of a temperate glacial setting. The shallow bed gradient of 

the Salto valley provides a setting in which an extensive, gently-sloping glacier would be sensitive 

to small changes in climate and ELA, leading to the formation of multiple cross valley moraine 

ridges due to numerous small ice margin fluctuations during overall recession. The lack of cross 

valley moraines in the Pedregoso valley could be the product of an ice mass less responsive to 

minor climate fluctuations having now receded into a more steeply-sloping valley (Barr and 

Lovell, 2014). We interpret M11 and M12 as having formed at minor glacier stillstands during 

glacier recession. Their location, confined to bedrock plateaus on the valley side, suggest that 

their formation had an element of topographic control.  

Significant meltwater input from the glacier terminus proximal to the moraine ridges and from 

the surrounding catchment, likely contributed to the partial erosion of the M6-M9 moraine 

ridges. Increased river flow and migration during ice recession up valley would have been 

significant and, alongside any glacier lake outburst floods, exploited and widened any opening 

between the ridge and western valley-side. The valley floor is covered by a floodplain, containing 

a series of kettle-hole lakes, indicating breakoff of ice from the glacier tongue and subsequent 

burial by glacial outwash.  

The exposure of diamicton at S2 is interpreted as subglacial till (Benn and Evans, 2010) with a 

combination of homogenised material and stratified sediments deposited by water. The 

presence of water deposited sands and gravels and lack of widespread deformation suggests 

water flow at the ice-bed interface and ice-bed decoupling (Eyles et al., 1983; Piotrowski and 

Tulaczyk, 1999; Phillips et al., 2013, 2018). We interpret the two massive gravel features as burst 

out and simple clastic dyke fluid escape structures, indicating high levels of subglacial water 

pressure. 

4.4.1.3. Mountain-valley landsystem 
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The upland valley landsystem in the study area is characterised by a landform assemblage of 

cirques, saw-tooth moraines, closely-spaced cross-valley moraines, flutes on the valley floor and 

talus slopes on the surrounding steep valley-sides; the product of recent deglaciation. The 

closely-spaced moraine ridges are interpreted as push moraines formed during frequent minor 

readvances or stillstands (cf. Evans et al., 1999, 2018). The larger saw-tooth terminal moraines 

formed as a result of a more sustained readvance. As ice opens into a less well constrained valley 

section, radial crevasses form in the glacier tongue resulting in a saw-toothed shaped ice front 

and moraine ridges with distinctive tooth and notch pairings upon the push up of glacially-

reworked material (Matthews et al., 1979; Burki et al., 2009).  

Cirques and headwalls with over-deepenings formed by erosion at the base of the glacier 

through freeze-thaw weathering and plucking (Hooke, 1991) indicating warm-based ice as well 

as abundant meltwater (Glasser and Bennett, 2004). Flutes are a product of subglacial sediment 

deformation, forming ridges running parallel to the direction of ice flow under temperate 

conditions (Boulton, 1976; Gordon et al., 1992; Benn and Evans, 2010). It is to be expected that 

flutes and small valley-bottom recessional moraine ridges are most commonly found in areas 

proximal to present-day ice fronts (Benn, 1995; Evans and Twigg, 2002) due to their poor 

preservation potential (Benn and Evans, 2010). Closely-spaced moraines superimposed on these 

subglacial bedforms indicate both numerous oscillations of the frontal ice margin and an 

exposed valley bed not subsequently covered by debris, both indicative of a ‘clean’ valley glacier 

(Eyles, 1979; Benn and Evans, 2010). 

Unlike in the lower valleys, the glaciofluvial component to the landsystem has a minor impact, 

manifesting as only narrow single channels, dissecting the cross-valley and saw-tooth moraines 

in places. The sediment transport pathway is short, with subglacial material sourced from the 

headwall and cirque bed, and paraglacial processes creating talus slopes bringing material into 

the valley bottom from the valley sides. At what was once the glacier’s terminus, clast roundness 

data collected from the M13 moraine showed 0 % rounded or well-rounded clasts, reflecting the 
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short transport pathway. A low percentage of angular and very angular clasts however does 

indicate sediment reworking from glacial meltwater, further illustrating the glacier’s temperate 

thermal regime. Similar cirque architectures are seen on the Isle of Skye at the Coire Lagan 

formed during the Younger Dryas (Benn and Evans, 2010), as well as in front of present-day, 

actively-receding glaciers such as at Maradalsbreen, Norway (Benn et al., 2003) and Charquini 

Sur, Bolivia (Malecki et al., 2018).  

4.4.1.4. Paraglacial landsystem 

The paraglacial landsystem is the product of fluvial, flood and slope based processes reshaping 

the glaciated landscape and can be broken down into a combination of sediment sources, stores, 

sinks and transport pathways (Ballantyne, 2002). Recently deglaciated and exposed bedrock and 

drift-mantled slopes in high-altitude valleys and on the slopes above the present-day Calluqueo 

glacier terminus provide the sediment source for talus slopes and debris cones on the valley 

sides following rockfall and slope failure. The former are a product of initially large, and later 

smaller scale rockfalls as part of progressive bedrock adjustment following deglaciation and 

debutressing (Wyrwoll, 1977; Ballantyne, 2002). Material is glaciofluvially transported and 

reworked down into the lowland valleys either directly through the main Pedregoso, Salto and 

Tranquilo river systems or via valley side gullies. At such gullies material manifests as alluvial 

fans (Figure 4.2, Figure 4.15) forming a secondary sediment store. Material within the primary 

river systems, and that subsequently reworked from alluvial fans, is redistributed as floodplain 

valley-fill deposits. The product of this is a floodplain with a braided river system and associated 

point bar deposits. Meltwater fed rivers with variable annual and seasonal discharge lead to a 

dynamic migratory river system, producing braiding and abandoned palaeochannels. A lack of 

subsequently formed river terraces along the Salto valley suggest a maintained sediment supply 

and balance between sediment input, transport through and redistribution across the valley. 

There may be slight positive balance in favour of sediment input to counter incision expected as 

a product of isostatic uplift. 
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4.4.1.5. Glaciofluvial landsystem 

Glaciofluvial process operate at the lateral and frontal ice-margins forming kame terraces and 

outwash plains in the Salto and Tranquilo valleys respectively in conjunction with the land-

terminating glacial landsystem, and as part of the paraglacial landsystem following deglaciation 

as in section 4.4.1.4. Glaciofluvial processes dominate the proglacial environment forming 

braided valley trains in sparsely vegetated, non-cohesive material; a product of high bedloads 

and fluctuations in glacially fed discharge (Miall, 1992; Marren, 2005). Such a feature is found in 

the southern reach of the Pedregoso valley at the outflow of Lago Calluqueo a steep gradient of 

6 to 7 m km-1, typical of braided systems (Benn and Evans, 2010). In the more gently sloping 

Salto and Tranquilo valleys (1.5 to 2 m km-1), through to the northern reach of the Salto valley 

adjacent to Lago Esmeralda, the river transitions from a braided system to an increasingly 

sinuous main river channel with channel bars, islands and occasional subsidiary channels. Finally 

the Rio Salto establishes a meandering fluvial landsystem with point bars, palaeochannels and 

palaeobars in a wider floodplain (Figure 4.15C) (Miall, 1985). 

4.4.2. Temperate Patagonian glacier systems during Late Quaternary deglaciation  

Most landsystem studies of contemporary glaciers come from terrestrial-terminating, and 

topographically-unconstrained, piedmont glacier and ice-lobe settings (Bentley, 1996; Andersen 

et al., 1999; Schlüchter et al., 1999; Glasser et al., 2009b) so are not appropriate analogues for 

the type of mountain icefield landsystems encountered in Patagonia. Furthermore, many 

formerly glaciated valleys in Patagonia are forested and inaccessible. Therefore, the detailed 

Late Quaternary landsystem of MSL afforded by good availability of sections, provides an 

important new geomorphological dataset to help understand the dynamics of temperate 

Patagonian glacier response to warming climate. In particular our geomorphological and 

sedimentological data will be relevant for understanding the smaller ice caps located in the 

cordillera (72-73°W) to the east of the Patagonian Icefields (e.g., Araos et al., 2018; Sagredo et 

al., 2018). These smaller ice-caps have important implications for understanding palaeoclimate 
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(Sagredo et al., 2018) given their position in the Andean rain-shadow. Furthermore, they 

potentially play a role in controlling regional drainage as demonstrated in the Baker valley 

through the separation of MSL and NPI ice (Thorndycraft et al., 2019). 

Our sediment-landform data from MSL demonstrate that the regional glacial geomorphology 

conforms to the concept of a mountain icefield landsystem (Benn and Evans, 2010). The diverse 

topography and climatic settings of MSL result in a broad landsystem encompassing elements 

of multiple smaller-scale landsystems. Benn et al. (2003) discuss the spatial and temporal 

changes in glacial landsystems at the Ben Ohau Range in New Zealand, citing long term climate 

change as the key driver of spatial and temporal landsystem evolution. Similarly, in central 

Patagonia, atmospheric warming at the end of the ACR caused regional ice recession, and the 

subsequent drainage of Lago Chelenko to the Pacific (Thorndycraft et al., 2019) and Lago 

Tranquilo into the Salto valley, changing the terminal ice environment from lacustrine to 

terrestrial. The glaciolacustrine dynamics of Lago Tranquilo, and in particular the drainage 

reversal, highlight the important role of topography in local to regional scale landscape change. 

Across Patagonia, Thorndycraft et al. (2019) hypothesise that although the broad pattern of ice 

recession may be similar, driven by Southern Hemisphere palaeoclimate, the timing of 

palaeolake drainage events is diachronous due to regional topographic settings. 

Understanding the spatial and temporal glaciolacustrine dynamics of Patagonian glaciers 

provides insights for the interpretation of the Late Quaternary landform record. As an illustrative 

example from this study, the only fluvial terraces in the study area are at the upstream end of 

the former 425 m asl Lago Tranquilo lake level. Repeat satellite-derived valley floor DEMs from 

the Cachet II ice-dammed lake (Colonia valley, NPI) provide a modern analogue that 

demonstrates valley floor incision and upstream enlargement of the lake during successive lake 

drainage-refill events (Jacquet et al., 2017). Using this analogue for palaeolake Tranquilo, we 

interpret that the formation of the Tranquilo terraces were caused by base-level fall from 

palaeolake drainage rather than regional tectonic (Guillaume et al., 2013) or isostatic uplift 



126 
 

(Thorndycraft et al., 2019). Our study therefore demonstrates the need for a detailed, holistic 

approach to the elucidation of glacier, lakes and topographic interactions. 

4.5. Conclusions  

We have used detailed geomorphological mapping and sedimentology to describe the 

landforms and sediments found in valleys directly north of MSL in Chilean Patagonia.  

• The primary landforms identified in the study area are lateral and terminal moraine 

ridges, ice-scoured bedrock, cirques and headwalls, flutes, deltas, ice-contact fans, 

glaciolacustrine deposits, palaeoshorelines, kame terraces and outwash and floodplains. 

These form ice-marginal, subglacial, glaciolacustrine, glaciofluvial and paraglacial 

sediment-landform associations, from which we infer a range of glacial and paraglacial 

processes which led to their formation through the Late Pleistocene and Holocene.  

• We have identified 7 new moraine sets and ground-truthed and extended the spatial 

extent of a further 7 through extensive field mapping. This highlights the limitations of 

identifying and mapping ice margins from satellite imagery alone and in the absence of 

high-resolution LiDAR DEMs. It is clear that when possible geomorphological field 

mapping is required to comprehensively identify ice-marginal glacial landforms. 

• Our study reveals glaciolacustrine, land-terminating glacial, mountain valley and 

paraglacial landsystems within the same valley systems, evolving and transitioning 

during deglaciation. We identify and constrain for the first time an ice-dammed 

palaeolake Tranquilo which occupied the Tranquilo valley following recession of ice from 

the Brown moraines.  

• For the period of warming after the ACR we have identified three key controls on 

sediment-landform associations and landsystem development. Firstly this study region 

illustrates how climate provides a broad-scale control by both dictating the temperate 

thermal regime of the glacier and the subglacial bedforms created and by causing overall 

ice recession. As ice recedes, ice-dammed lake drainage pathways open and frontal 
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margins move to higher elevations, transitioning through landsystems as they do so. 

Secondly, ice-dammed lakes provide a control on glacier frontal stability and in turn ice-

marginal landform formation. Finally, topography operates as a control on both a local 

scale determining the location of sediment supply, and regionally in combination with 

ice masses to control the extent and level of ice dammed lakes. Landsystem 

development in this instance is not dependent on tectonics or isostatic adjustment. 
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5. Glacier chronology and post-ACR recession 

5.1. Introduction 

5.1.1. Rationale 

Patagonia has experienced complex changes in climate, glacier dynamics and landsystems 

following the LGM (Chapter 2.1.3). A stepwise reconstruction of the deglaciation of the 

Patagonian icefields since the LGM (Davies et al. submitted) has been made possible through 

the widespread collection of chronological and geomorphological data from around the 

icefields, however a lack of detailed sequences of dated moraines from single valleys has meant 

data on rates of glacier recession, for example in response to past rapid climate change, is 

limited. In the Salto valley draining the MSL ice cap, two newly dated moraines (M9 and M12, 

Chapter 4) combined with the M4 moraine dated by Glasser et al., (2012) and M1a moraine 

dated by Davies et al., (2018) (Figure 5.1) provides the opportunity to  better constrain the 

spatial and temporal reconstruction of the deglaciation, and landsystem evolution, of the 

northern MSL ice cap and the opportunity for understanding the rate of ice recession at 

Calluqueo glacier during a period of climate warming following the ACR. This provides the 

geomorphic framework to constrain the output of numerical glacier models (Mackintosh et al., 

2017), which can then be used to better understand the mass balance sensitivities to the 

variable palaeoclimate conditions that drove past Calluqueo glacier advance and recession 

(Chapters 6 and 7).  

5.1.2. Research questions, aims and objectives 

To help address current gaps in understanding, this chapter aims to answer the following two 

key research questions within RQ 2 of this thesis: 1) At what time were moraine ridges within 

the Salto and Pedregoso valleys deposited? 2) What was the style and rate of retreat at 

Calluqueo glacier during warming following the ACR? The aim of the work presented in this 

chapter, addressing Aim 1 of this thesis, is to quantify the timing and rate of recession of ice 

discharging north from MSL following the ACR. This is done through Obj. 2 of this thesis, dating 

the formation of glacier margins using cosmogenic nuclide surface exposure dating of glacially 

transported boulders. This chapter builds on the geomorphological evidence presented in 

Chapter 4. Seven ice margins were identified in the Salto and Pedregoso valleys, comprising 

single or multiple distinct moraine ridges, complimenting the seven previously identified ice 

limits (Glasser et al., 2005, 2009, 2012; Turner et al., 2005; Araya et al., 2014; Bendle et al., 2017; 

Davies et al., 2018). Two of these newly identified limits (M9 and M12) were found to have 

boulders that met the necessary position, size and compositional requirements for surface 
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exposure dating (section 3.4.2). This chapter presents these new dates to compliment previously 

published chronological data from the Esmeralda moraines and Moraine Mounds in the 

northern Salto valley (Glasser et al., 2012; Davies et al., 2018). In Section 5.3, sample details and 

locations are presented, before an analysis of ages using kernel plots and a reduced chi-squared 

test in section 5.5.2. In Section 5.5.3 these new and previously published dates are combined 

with geomorphological information and applied to a Bayesian model. In section 5.5.4 the output 

of this Bayesian model is used to robustly constrain a chronology of glacier recession following 

the ACR.  

5.2. Review of existing work 

Existing chronological data from sites north of MSL are shown on Figure 5.1 and selected 

regional surface exposure data in Table 5.2. The sequence of primary moraine ridge complexes 

of interest to this study are labelled M1 to M13. In existing literature, M1a is referred to as the 

Esmeralda moraines (Davies et al., 2018), M1b as the Brown moraines, M1c as the Salto 

moraines (Davies et al., 2018) and M4 as the Moraine Mounds (Glasser et al., 2012). ‘M’ notation 

is used to maintain consistent notation with the other moraines of interest. The chronological 

data in Figure 5.1 have been obtained through cosmogenic nuclide surface exposure dating of 

glacial transported boulders, dated tephra deposits and radiocarbon ages of organics. Ages are 

recalibrated as per protocols outlined in section 5.4. Glacially transported boulders on the ridges 

of M1a in the northern Salto valley have been dated to the ACR, marking the largest readvance 

in central Patagonia since the LGM (Davies et al., 2018). Five boulders on M1a moraine give a 

UWM age of 13.4 ± 0.2 ka, providing an approximate age for moraine formation. Three boulders 

on the M1c moraine have been dated, two situated below the 350 m asl palaeolake shoreline at 

349 m asl and 338 m asl and one above at 359 m asl. Those below the shoreline have been dated 

to 12.6 ± 0.4 ka and 12.5 ± 0.5 ka giving an approximate age for lake drainage (Thorndycraft et 

al., 2019). The boulder located above the shoreline, dated to 12.9 ± 0.5 ka, provides an 

approximate age for moraine formation. Two further boulders on M4 at the opening of the Salto 

valley give an UWM age of 12.7 ± 0.4 ka (Glasser et al., 2012) marking a frontal ice margin 

following ice recession from the ACR position. Prominent moraine complexes RT1 to RT4 in the 

Upper Tranquilo valley have also been dated to the ACR period (Sagredo et al., 2018). RT1 (UWM 

13.8 ± 0.5 ka) marks the maximum ACR readvance of Tranquilo glacier. RT4 (UWM 13.6 ± 0.3 

ka), although statistically indistinguishable from RT1 by age, morphostratigraphically marks the 

end of the ACR moraine sequence in the Upper Tranquilo valley (Sagredo et al., 2018). Overall 

recession of Tranquilo glacier following the ACR was punctuated by minor stability and 

readvance in the early Holocene (RT5 UWM 12.1 ± 0.5 ka) and mid Holocene (RT6 UWM 5.6 ± 

0.1 ka).  
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Organic deposits taken from a road cutting and bog cores in the Upper Tranquilo, Tranquilo and 

Pedregoso valleys have been radiocarbon dated with the oldest ages at these sites dating from 

8.5 to 5.8 ka (Gardeweg and Sellés, 2013; Stern et al., 2016) (Figure 5.1). The early to mid-

Holocene H1 and MEN1 tephra are also found at these sites, however their eruption dates are 

poorly refined, with statistically significant discrepancies between those derived from lake cores 

and those derived from surface deposits (Stern et al., 2016). These radiocarbon ages and tephra 

deposits provide a minimum date by which ice had receded past the respective sites, including 

back into the Pedregoso valley by at least 8.5 ka. The present study adds to the existing 

chronological dataset, through cosmogenic dating of moraine limits M9 and M12 (Figure 5.1) 

specifically to refine the timing and rate of recession of ice from Calluqueo glacier up the upper 

Salto and Pedregoso valleys during post-ACR warming.  
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Figure 5.1. Map of the study area north of the MSL icecap including chronological data sites from this study and the 
published literature. Moraines are coloured differently to aid distinction between the different ‘M’ moraine sets. 

5.3. Site selection criteria, location and description 

The Salto and Pedregoso valleys contain regularly spaced frontal and lateral moraines (Chapter 

4; Martin et al., 2019), which when dated, can provide a valuable opportunity to study glacial 

retreat. Moraines to be dated were selected to fill in chronological gaps in the sequence of ice 

recession in the Salto and Pedregoso valleys. To compliment previously dated sites in the lower 
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Salto valley, this study identifies boulders on moraine ridges suitable for surface exposure dating 

at two further sites (M9 and M12, Figure 5.1), to quantify the rate of recession during post-ACR 

climate warming. M9 was selected as it marks a frontal ice-margin position between M4 and the 

opening to the Tranquilo valley. Direct ice-margin dating is absent in this part of the upper Salto 

valley, so constraining the age of formation of M9 fills in a valuable chronological reference point 

in this part of the ice’s overall recession. M9 is a 380m long, 30m high steep-crested, frontal 

moraine ridge extending from a kame terrace at the eastern side of the Salto valley ca 24 km 

down-valley of the current Calluqueo frontal ice margin (Figure 5.1). The moraine ridge from 

365m to 375 m asl is the southernmost of a series of 4 similar cross valley ridges located over a 

distance of 6.5 km in a reach between the confluence with the Tranquilo valley in the south, and 

the opening of the valley to Lago Esmeralda in the north. Like the other 3 ridges, this moraine 

only extends part way across the valley floor, with a 250 m gap through which runs the Rio Salto 

between the western end of the ridge and the western side of the valley. Five boulders were 

sampled, given sample IDs SVM1 to SVM5 (Table 5.1, Figure 5.1 and Figure 5.2).  

 

Figure 5.2. Representative photos of 
boulders sampled at M9. They are faceted 
and securely placed on the moraine ridge, 
indicating likely subglacial transport and 
ample surface erosion, as well as being less 
likely to have undergone post-depositional 
movement. 
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The second sample site at M12 is a lateral moraine complex located at the upper end of the 

Pedregoso valley, with ridges running ca south east along the eastern valley side, 200 m above 

the Rio Pedregoso and immediately down-valley of the Calluqueo glacier proglacial lake (Figure 

5.1). This moraine complex was selected for surface exposure dating as it marks the lateral ice 

margin position of Calluqueo glacier in the Pedregoso valley, giving a terminal position south of 

the Salto-Tranquilo river confluence. Dating this margin therefore further constrains a terminal 

ice position where data is currently absent, as well as dating a reduction in ice thickness to this 

point on the valley side. It consists of eight parallel, laterally-discontinuous ridges 50 to 150 m 

in length with broadly equally-dipping sides located on a topographically-flat bedrock plateau at 

ca 580 m asl. Five boulders were sampled, named PMCL1 to PMCL5 (Table 5.1, Figure 5.1 and 

Figure 5.3). Analysis of sample PMCL5 failed due to insufficient quartz content and therefore is 

not reported. 

 

Figure 5.3. Representative photos of boulders sampled 
at M12. 
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Table 5.1. Properties and description of boulders sampled for cosmogenic nuclide surface exposure dating at the Salto valley moraine and Pedregoso moraine complex. 

Location Sample ID Lithology Boulder description 
Dimensions (length 

x width x height m) 
Significance Date sampled  

M9 

SVM1 Granite 
Faceted (6 faces) pitted up to 3mm, well embedded, no rolling or rotation. Minor 

exfoliation. No jointing or cracks. 
1.65 x 2.39 x 0.7 

Dates terminal position of Calluqueo 

glacier during overall period of ice 

recession 

09/12/2016 

SVM2 Granite 
Faceted (5 faces), pitting up to 2mm, well embedded, no rolling or rotation. Small fracture 

on underside.  
1.11 x 1.09 x 0.41 Replicate sample 09/12/2016 

SVM3 Granite 

Faceted (6 faces), pitting 1-2mm, isolated pits up to 1cm. 2cm exfoliated layer running 

across top surface. Otherwise smooth surface, no exfoliation or flakes. No rolling or 

rotation. 

1.23 x 0.95 x 0.7 Replicate sample 09/12/2016 

SVM4 Granite 
Faceted (6 faces), pitted up to 3mm. No exfoliation. Well embedded, approximately 50% 

exposed.  
1.97 x 1.44 x 0.87 Replicate sample 09/12/2016 

SVM5 Granite Faceted (5 faces), pitting 1-2mm. Minor exfoliation 1.33 x 1.22 x 0.58 Replicate sample 09/12/2016 

M12 

PMCL1 Granodiorite 
Faceted (5 visible faces), pitting 1-2mm, fractures 2cm deep, exfoliation on upper side, 

0.5cm protruding quartz vein 
1.11 x 1.09 x 0.41 

Dates lateral position of Calluqueo 

glacier during overall period of ice 

recession 

11/12/2016 

PMCL2 Granodiorite Facetted, (6 visible faces), ‘bullet’ shape. Pitting up to 1cm, little exfoliation, no flakes  1.24 x 0.97 x 1.05 Replicate sample 11/12/2016 

PMCL3 Granite 
Faceted (6 visible faces), 1.5cm pit, 0.5-1cm ridge resistant to erosion, fractures and bowl-

like depression preferentially weathered, no flakes. Secure position. 

 

1.88 x 1.54 x 0.78 Replicate sample 11/12/2016 

PMCL4 Granite 
Faceted (8 visible faces), up to 2cm pits, protruding quartz ridge 0.5cm. Some exfoliation 

and jointing. On flat surface, stable, no rotation. 
2.30 x 1.75 x 1.39 Replicate sample 11/12/2016 

 PMCL5 Granodiorite Faceted (6 visible faces), sub-rounded, up to 1-2 mm pits, secure position, some exfoliation 1.20 x 0.60 x 0.43 Replicate sample 11/12/2016 
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5.4. Results  

Analytical data and surface exposure ages are presented in Table 5.2. Ages were calculated using the CRONUS-

Earth online calculator version 3. Ages referred to in the text were calculated using the regional Patagonian 

spallation production rate of 3.88 ± 0.15 atoms g-1 yr-1 from the Kaplan et al., (2011) calibration data set, 

assumed a 0 mm kyr-1 erosion rate and used the LSDn scaling method (Lifton et al., 2014), unless otherwise 

stated and a rock density of 2.7 g/cm3. Comparisons of ages calculated using a different criterion are discussed 

in section 5.5.1. 
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Table 5.2.  Sample data used to calculate cosmogenic nuclide surface exposure ages and ages calculated using the LSDn scaling method and presented at a 0 mm kyr-1 and 1 mm kyr-1 
erosion rate. *Samples SVM2, SM5 and PMCL3 are excluded from uncertainty weighted mean (UWM) ages based on outlier analysis. See text for details.  

 

Location 
Sample 

ID 
Lat (dd) Lon (dd) 

Elevation 

(m asl) 

Sample 

thickness 
(cm) 

Shielding 10Be (atoms/g) 

Erosion rate (0 mm/kyr) Erosion rate (1 mm/kyr) 

10Be 
LSDn age 

(yrs) 

Internal 
uncert. 

(yrs) 

External 
uncert. 

(yrs) 

UWM ± 1σ 

10Be 
LSDn age 

(yrs) 

Internal 
uncert. 

(yrs) 

External 
uncert. 

(yrs) 

UWM ± 1σ 

M9 

SVM1 -47.4329 -72.5868 376 3 0.996948 67290 ± 2112 12449 392 1090     12575 400 1112     

SVM2* -47.4332 -72.588 366 4.5 0.996443 80173 ± 2091 14941 391 1282 
  15120 401 1314   

SVM3 -47.4334 -72.5887 368 4.5 0.996431 63794 ± 1667 12059 316 1034 
  12180 323 1055   

SVM4 -47.4332 -72.5881 366 3 0.996621 70516 ± 1845 13106 344 1124 
  13240 351 1149   

SVM5* -47.4331 -72.5878 362 3 0.996479 59264 ± 1940 11193 367 985 12.5 0.4 11291 374 1003 12.7 0.4 

M12 

PMCL1 -47.5779 -72.5123 600 4 0.98959 76646 ± 2663 11739 409 1042     11852 417 1063     

PMCL2 -47.5793 -72.5131 575 4.5 0.992224 83048 ± 3945 12950 617 1225 
  13079 630 1251   

PMCL3* -47.5759 -72.5161 528 4.5 0.990063 119019 ± 2936 18963 470 1621 
  19261 485 1673   

PMCL4 -47.5748 -72.5157 517 4 0.981709 72580 ± 1744 12059 291 1027 12.1 0.4 12181 297 1048 12.3 0.4 

Esmeralda 

latero-
terminal 
moraine 

(M1a) 

C.15.2 -47.3195 -72.5615 512 5 0.9986 81093 ± 2780 13403 461 1188     13548 471 1215     

C.15.3 -47.3197 -72.5615 508 4 0.9986 81195 ± 2828 13361 467 1187   13505 477 1214   

C.15.8 -47.2917 -72.5651 365 5 0.9985 69717 ± 3253 13199 618 1243   13337 631 1270   

C.15.9 -47.2917 -72.5651 365 5 0.9985 72633 ± 2531 13709 479 1218   13854 490 1246   

C.15.10 -47.2917 -72.5653 368 4 0.9985 71402 ± 2384 13357 447 1179 13.4 0.2 13501 457 1206 13.6 0.2 

Moraine 
mounds 

(M4) 

LE1 -47.3370 -72.5880 365 5 1 69800 ± 4400 13181 834 1362     13320 852 1392     

LE2 -47.3370 -72.5880 365 5 1 65100 ± 2700 12368 515 1133 12.7 0.4 12492 525 1157 12.8 0.4 
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5.4.1. Production rates and scaling factors 

To compare ages produced using different calculation criteria, ages were calculated using both 

a regional Patagonian production rate (Kaplan et al., 2011) as well as a global production rate 

(Borchers et al., 2016). Calculations assumed both 0 mm kyr-1 and 1 mm kyr-1 erosion rates, as 

well as with the St (Lal, 1991; Stone, 2000), Lm (Nishiizumi et al., 1989; Lal, 1991; Stone, 2000) 

and LSDn (Lifton et al., 2014) scaling methods for further comparison. Figure 5.4 shows that 

samples calculated with different criteria overlap in age within their internal uncertainties. 

Within this using a regional Patagonian production rate gives samples ages on average 2.5 % 

older than those calculated using a global production rate. It is evident that sample elevation 

impacts the degree to which calculated ages vary between scaling schemes (Figure 5.5A), with 

the greatest difference in age where the sample elevation differs furthest from ca 700 to 800 m 

asl. Such a variation with elevation is to be expected, given that each scaling scheme uses 

elevation to produce a local production rate, where changes in atmospheric pressure must be 

taken into account. Each scaling scheme predicts a characteristic scaling gradient as a function 

of altitude and latitude (Lifton et al., 2014) leading to these age discrepancies. It can also be seen 

that the difference in ages when using different scaling schemes, erosion rates and production 

rates increases with sample age (Figure 5.5B and C) as systematic age differences are 

exacerbated.  

Using a 1 mm yr-1 erosion rate gives an older sample age than when no erosion is taken into 

account. This is because the 1 mm yr-1 erosion is compensated for as such erosion of the rock 

surface would remove the top layer in which cosmogenic nuclides are produced, as well as 

leaving a contemporary sampled surface which may have been exposed later than date of 

boulder exposure from the ice (Gosse and Phillips, 2001). Within the sample ages’ internal 

errors, it is evident that when using different calculation criteria, the ages are indistinguishable, 

and the choice of production rate dataset, erosion rate or scaling methods has negligible 

influence of the final age calculation (Figure 5.4). For the purpose of comparison with published 

and future work, ages presented in this study assume a 0 mm kyr-1 and use the most recently 

developed and advanced scaling method, LSDn. Reference samples for a regional Patagonia 

production rate (Kaplan et al., 2011) are used under the rationale that they will provide a 

production rate more representative of the locations of samples collected in this study, than if 

reference samples located globally were used.  
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Figure 5.4. Graphs showing surface exposure ages from boulder samples taken from the region north of MSL (Golledge 
et al., 2012; Davies et al., 2018; Sagredo et al. 2018) including from this study (labelled), for the purpose of comparing: 
A) regional (Kaplan et al., 2011) and global (Borchers et al., 2016) production rates, B) 0 mm kyr-1 and 1 mm kyr-1 
erosion rates and C) St (Lal, 1991; Stone, 2000), Lm (Nishiizumi et al., 1989; Lal, 1991; Stone, 2000) and LSDn (Lifton 
et al., 2014) scaling methods. Ages are arranged in chronological order and presented with error bars of the ages’ 
internal uncertainty. Graphs show that samples calculated with different reference production rates, erosion rates and 
using different scaling schemes overlap in age within internal uncertainties. 
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Figure 5.5. Graphas to illustrate calculate age differences between A) LSDn, St and Lm scaling schemes relative to 

samples elevation, B) LSDn, St and Lm scaling schemes relative to average sample age across the three schemes, and 
C) 1 mm yr-1 and 0 mm yr-1 erosion rates and using the global v regional production rates, plotted against sample age. 
Graphs show the impact of sample elevation on calculated ages when compared between scaling schemes. The 
greatest difference is where elevation differs from 700 to 800 m asl. 
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5.4.2. 10Be cosmogenic nuclide surface exposure ages 

M9 ages range from 14.9 ± 0.4 ka to 11.2 ± 0.4 ka. Normal kernal density estimate plots (Figure 

5.6A) plotted with internal uncertainties show a significant spread in ages from the M9 moraine. 

Removing ages SVM2 and SVM5 dated to 14.9 ka and 11.2 ka respectively and applying the 

reduced chi-squared test to the remaining ages is required to give a statistical result indicative 

of a consistent age population for this feature (Table 5.3). A reduced chi-squared test value xR
2

 

less than the 2σ envelope criterion 𝑘 indicates a > 95% probability that the data could be drawn 

from a single population (Spencer et al., 2017). SVM2 and SVM5 could therefore be considered 

as outliers. The UWM of the remaining ages provides an age estimate for the moraine of 12.5 ± 

0.4.  

M12 ages range from 19.0 ± 0.5 ka to 11.7 ± 0.4 ka. The M12 complex samples have a distinct 

Gaussian curve peak at 19.0 ka (sample PMCL3). We can discount this sample as being 

unrepresentative of the individual feature based upon its younger stratigraphic position inside 

and up-valley of M1a, M1c, M4 and M9, all of which have samples dated to be ca 5.5 to 6.5 ka 

younger (Glasser et al., 2012; Davies et al., 2018). Applying the reduced chi-squared test to the 

remaining ages indicates the remaining samples are likely representative of a single population, 

and subsequently a UWM of 12.1 ± 0.4 is calculated. 

The UWM ages of M9 (12.5 ± 0.4) and M12 (12.1 ± 0.4) are younger than those UWM ages at 

sites progressively down valley, at the M4 (12.7 ± 0.4 ka), M1a (13.4 ± 0.2 ka) and the single age 

at M1c (12.9 ± 0.5 ka) (Table 5.2, Figure 5.1), showing glacier recession from the ACR limit of ice-

readvance at M1a and M1c. There is overlap of the UWM ages within one standard deviation, 

however the geomorphologic evidence for the known sequence of recessional moraines 

constrains the ages to a set order. The known sequence of moraine formation, independent of 

dating, allows the application of a Bayesian age model (Section 5.3.3) to narrow the range of 

uncertainty around the dates of formation of the individual features. 
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Table 5.3. Reduced chi-squared test (𝑥𝑅
2 ) and 2σ criterion (κ) values for ages from selected moraine sites. Those sites 

not tested contained two or less samples and such a test is deemed inappropriate. *Sample PMCL3 is removed from 
the test on the Pedregoso moraine complex samples as it is previously identified as an outlier. 

Location xR
2  κ xR

2  < κ 

Salto valley moraine 14.04 2.41 no 

SVM2 removed 5.02 2.63 no 

SVM2 and SVM5 removed 2.75 3 yes 

Pedregoso moraine complex 67 2.63 no 

PMCL3 removed 2.25 3 yes 

Esmeralda latero-terminal moraine 0.14 2.41 yes 
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Figure 5.6. A) Normal kernel density estimates of published and new (this study) cosmogenic nuclide surface exposure 
ages from the Pedregoso and Salto valleys. Light grey Gaussian kernels represent a single sample age with the width 
equal to the 1 σ error in the age internal uncertainty. The black curve represents the sum of the kernals. The dashed 
curves of M9 and M12 represent the sum of the kernals after outliers SVM2, SVM5 and PMCL3 have been removed. 
B) Reconstructed glacier terminus distance from the present day Calluqueo terminus based upon the location and 
Bayesian modelled (model 2) ages of M1a, M4, M9, M12 (inferred terminus from lateral ice margin) and M13 mid-
Holocene, LIA and 1945 moraine discussed in section 5.5.4. The grey envelope represents the range within the 
maximum to minimum age for the modelled phase. C) Ice recession rate between dated ice margins in the Salto and 
Predregoso valleys, based upon the median Bayesian modelled (model 2) ages for M1a, M4, M9, M12, and ages for 
M13 and a 1985 limit as discussed in section 5.5.4. The dotted line represents the minimum recession rate.  

5.4.3. Bayesian age modelling 

Bayesian age modelling was used to constrain the timing of moraine formation and evaluate the 

sample ages and calculated UWM ages within the geomorphological framework of a known 

sequence of events. Sequence algorithms (Bonk Ramsey, 2008) were used in conjunction with 

the General Outlier Model (Bronk Ramsey, 2009), enabling outliers to be identified and retained 

in the model, but their influence scaled down. Two model instances were run. Model 1 used the 

General Outlier Model. PMCL3 was not included in the model (but is presented in Figure. 5.7 

and Figure. 5.8 for context) as it has been clearly identified as anomalous and unrepresentative 

of the Pedregoso moraine complex. SVM2 and SVM5 were retained in the model given their 

closer association with the other ages from the Salto valley moraine but were confirmed as 

outliers within the General Outlier Model. Agreement values between samples SVM2 and SVM5 

and the model of 27.6% and 57.6% respectively were below the recommended acceptable 60% 

threshold (Bronk Ramsey, 2009). Their influence was hence proportionally scaled down. Model 

2 was run with SVM2 and SVM5 excluded. Table 5.4 shows the 2σ age range produced for each 

moraine phase, alongside the UWM moraines ages obtained from surface exposure dating. 

Figure. 5.7 and Figure. 5.8 show the output of both Bayesian models. The posterior density 

estimate (2σ age range) generated by the model is shown in dark grey and the relative 

probability of each sample age within the range of the external uncertainty is in light grey. The 

age model provides additional support for the UWM. 

Table 5.4. 2σ age range of modelled ages for moraine formation in the Salto and Pedregoso valleys during the 
recession of Calluqueo glacier rounded to one decimal place. 

  Model 1    Model 2    

Even

t 

 Range 

(ka) 

  µ/± (ka) �̅� Range 

(BP) 

 µ/± (ka) �̅� 

M1a (start) 14.5 - 12.5 13.4 ± 0.5 13.3 ± 0.3 14.5 - 12.4 13.4 ± 0.5 13.3 ± 0.3 

 (end) 14.1 - 12.4 13.2 ± 0.4  14.1 - 12.4 13.2 ± 0.4  

M4 (start) 13.8 - 12.3 13.0 ± 0.4 12.9 ± 0.3 13.8 - 12.3 13.0 ± 0.4 12.9 ± 0.3 
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 (end) 13.5 - 12.1 12.8 ± 0.3  13.6 - 12.1 12.8 ± 0.4  

M9 (start) 13.3 - 12.0 12.7 ± 0.3 12.5 ± 0.3 13.4 - 11.9 12.6 ± 0.4 12.6 ± 0.3 

 (end) 13.2 - 11.7 12.5 ± 0.4  13.2 - 11.7 12.4 ± 0.4  

M12 (start) 13.1 - 11.4 12.3 ± 0.4 12.2 ± 0.4 13.1 - 11.4 12.2 ± 0.5 12.2 ± 0.3 

 (end) 13.1 - 11.0 12.1 ± 0.5  13.1 - 11.0 12.0 ± 0.6  

 

Figure. 5.7. Model 1. Bayesian age model for the timing of moraine formation in the Salto and Pedregoso valleys. 
PMCL3 is not included in the model but plotted here for context. Light grey shows relative probability of each age 
estimate and with the posterior density estimate (2σ age range) generated by the model in dark grey.  
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Figure. 5.8. Model 2. Bayesian age model for the timing of moraine formation in the Salto and Pedregoso valleys. 
SVM2, SVM5 and PMCL3 are not included in the model but plotted here for context. Light grey shows relative 
probability of each age estimate and with the posterior density estimate (2σ age range) generated by the model in 
dark grey. 

 

 

 

 



145 
 

5.4.4. Rates of ice recession 

The new surface exposure ages and Bayesian age model produced by this study creates an 

unprecedented dataset of 4 dated ice margins in a single valley to document ice recession during 

a phase of rapid warming following the ACR. The ages reveal rapid recession of Calluqueo glacier 

during post-ACR warming with ice receding a total of 31.5 km over 1.3 ka from its ACR position 

to M12. Glacier rates of recession were calculated using both the UWM surface exposure ages 

and mean ages of each Bayesian modelled phase, where each phase corresponds to the 

formation of a moraine in the sequence (Table 5.4).  

The frontal ice margin position was used to calculate distance of recession between dated ice 

limits. At position M12, where a lateral moraine was dated, the frontal ice margin was inferred 

by extrapolating the M12 moraine along the valley side at a constant gradient (Figure 5.9). The 

M13 moraine has not been dated so to extend our analysis of recession rates through the 

Holocene, geomorphological and chronological evidence from other glaciation valleys is used. It 

is hypothesised that ice was present at the M13 limit in the mid-Holocene, and the LIA through 

to the mid-20th century. This hypothesis is supported, firstly by the regional evidence for a mid-

Holocene neoglaciation. Moraines dated to this time are found east of the NPI in the Colonia 

valley with a UWM 5.4 ± 0.2 ka (Nimick et al., 2016), and on the northern flank of MSL in the 

Upper Tranquilo valley (UWM of 5.6 ± 0.1 ka) (Sagredo et al., 2018) (Figure 5.1), to the southeast 

of MSL at Río Lacteo (radiocarbon age of 5.2 ± 0.7 cal. ka) (Mercer, 1968) as well as in southern 

Patagonia in the Lago Argentino basin (Strelin et al., 2014). The lack of moraines between M12 

and M13 suggest that the M13 limit, 4.7 km inset of the inferred M12 frontal margin, marks the 

frontal ice position during a mid-Holocene neoglaciation and likely formed at this time. For the 

purpose of estimating retreat rates, this study takes a mid-Holocene age for M13 of 5.6 ± 0.1 ka, 

the UWM value of the dated mid-Holocene moraine from Tranquilo valley on the northern flank 

of MSL (Sagredo et al., 2018).  

Secondly, late-Holocene and LIA Neoglacial moraines have been dated in the region based upon 

dendrochronology, lichenometry and historical records (Aravena, 2007; Glasser et al., 2011; 

Aniya, 2013; Morano-Büchner and Aravena, 2013; Strelin et al., 2014; Nimick et al., 2016; 

Garibotti and Villalba, 2017). In particular on the northern flank of MSL at Arroya San Lorenzo, 

Aravena (2007) and Morano-Büchner and Aravena (2013) date two latero-terminal moraines to 

1536 A.D. and 1802 A.D. respectively. Like at M13, they present as large moraines with clear 

trimlines and unvegetated morainic material or exposed bedrock inset of the moraine ridge, and 

can be observed across the region (Davies and Glasser, 2012). This morphological similarity 

alongside the absence of a large moraine limit between M13 and present day, suggests an ice 

advance to the M13 limit at the LIA. Evidence from a historical map (1907) (Argentine Oficina de 
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Límites Internacionales) and aerial photographs (1945), used to produce a 1956 Chilean 

Geographic Military Institute (IGM) 1: 50000 map, demonstrate that 20th century recession from 

M13 onward occurred from the 1950s (see Morano-Büchner and Aravena, (2013)). Smaller, 

closely-spaced moraine ridges on the shore of Lago Calluqueo inset of the larger M13 moraine 

ridge (Chapter 4) likely formed immediately following ice recession from the primary M13 ridge 

by minor annual to decadal glacier fluctuations. Landsat imagery from 1985 shows the glacier’s 

frontal margin a further 3 km up valley of M13, at the eastern end of Lago Calluqueo, 750 m in 

front of the present-day glacier.  

Using the mean for moraine formation from ‘Model 2’ (Table 5.5, Figure 5.6), ice receded from 

the ACR M1a position to M4 at a minimum rate of 13 m yr -1, given the time taken for 

intermediary moraine formation which is not taken into account in the calculation. Once ice 

receded into the steep sided southern section of the Salto valley (ice position M4 to M9) ice 

receded more rapidly for up the Salto and Pedregoso valleys for 50 km at a minimum rate of 38 

m yr -1 to the inferred frontal margin of the M12 ice position. The absence of spatial and temporal 

constraint of the frontal ice margin between M12 (ca 12.1 ka) and M13 (mid-Holocene and LIA), 

makes assigning a value to the rate of recession very speculative. The frontal ice margin may 

have receded rapidly up valley past the M13 moraine, before a mid-Holocene and later LIA 

readvance. Equally, the glacier could have undergone multiple phases of rapid recession, 

stillstand and readvance over approximately 12 kyr. The 0.8 m yr-1 recession rate between M12 

and M13 is therefore an absolute minimum rate of ice recession.   

Ice remained relatively stable at M13 until the mid-20th century, after which it receded rapidly 

at ca 75 m yr-1 for approximately 3km during the 1945 to 1985 period, and a further 750 m at 25 

m yr-1 from 1985 to present. The calculated rates of recession should be taken as minimum rates, 

given that the time at which the glacier is at stillstand for the formation of the dated moraines, 

as well as the intermediate moraines, is not taken into account. Although it is possible to use 

the Bayesian modelled age ranges for each moraine phase to obtain a minimum recession rate, 

based on the maximum age of the down-valley moraine and minimum age of the up-valley 

moraine (Figure 5.6), it is not plausible to obtain a maximum rate as the youngest age for the 

down-valley moraine overlaps with the oldest age of the up-valley moraine. 
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Table 5.5. Rates of recession of Calluqueo glacier between the M1a and M13 moraines based on UWM ages of dated ice limits and Bayesian modelled mid-point ages. *For the purpose of 
calculating estimated retreat rates, the age of the M13 moraine is taken to be 5.6 ± 0.1 ka, the UWM value of the dated mid-Holocene moraine from Tranquilo valley on the northern flank of 
MSL (Sagredo et al., 2018), based on geomorphological interpretations. 

      UWM ages Model 1 Model 2 

Valley section 
Distance 
(m) 

Valley 
floor 
gradient 
(%) 

Period (ka) 
Recession 
rate (m yr-1) 

Period (ka) 
Recession 
rate (m yr-1) 

Period (ka) 
Recession rate 
(m yr-1) 

M1a to M4 5000 0.1 13.4 to 12.7 7 13.3 to 12.9 12.5 13.3 to 12.9 12.5 

M4 to M9 11500 0.2 12.7 to 12.5 58 12.9 to 12.5 28.8 12.9 to 12.6 38.3 

M9 to M12 15000 0.4 12.5 to 12.1 38 12.5 to 12.5 50 12.6 to 12.2 37.5 

M12 to M13 (mid-Holocene) 4700 1.3 12.1 to 5.6* 0.8 12.2 to 5.6* 0.7 12.2 to 5.6* 0.7 
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Table 5.6 Rates of recession of Calluqueo glacier between the M13 moraine and present based on geomorphic 
interpretations and historical mapping evidence. For the purpose of calculating estimated retreat rates, the age of the 
M13 moraine is taken to be 5.6 ± 0.1 ka, the UWM value of the dated mid-Holocene moraine from Tranquilo valley on 
the northern flank of MSL (Sagredo et al., 2018), based on geomorphological interpretations. The 1945 A.D. age for 
the M13 moraine comes from a 1956 Chilean Geographic Military Institute (IGM) 1: 50000 map based on aerial 
photograph of 1945 A.D. (see Morano-Büchner and Aravena, (2013)). The frontal ice position at 1985 is taken from 
Landsat imagery.  

Valley section Distance (m) Valley floor gradient (%) Period (ka) 
Recession rate 
(m yr-1) 

M13 (mid-Holocene) to present 3750 4 5.6 to present 0.7 

M13 (1945 A.D.) to 1985 A.D. 3000 4 0.07# to 0.03 75 

1985 A.D. to present 750 4 0.03 to present 25 

     

 

Figure 5.9. Rates of recession of Calluqueo glacier from the M1a frontal limit to the present day. Ages in italics are 
taken from Bayesian Model 2. Dashed lines show the glacier flowline. Rates of recession are minimum average rates, 
calculated from the modelled ages. The larger dashed green line between M12 and M13 indicates greater uncertainty 
in the rate of recession, given the large time period during which any chronological or spatial constraint is missing. 
Initial gradual recession between M1a and M4 becomes more rapid upon entering the confined Salto valley between 
M4 and M12. M12 to M13 is an area of uncertain ice behaviour reconstruction through the Holocene, during which 
time ice may have receded, readvances and been at stillstand multiple times. Recent recession in the C. 21st is the most 
rapid in the record.  
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5.5. Discussion 

The new ages from this study show that the vast majority of ice recession following the ACR to 

present day occurred in the first ca 1.3 ka, receding ca 36 km over this period to the M12 ice 

position (12.1 ± 0.4 ka). In the subsequent ~6.5 ka of the early to mid-Holocene, the 

geomorphological evidence indicates that the Calluqueo ice margin only receded a further 4.7 

km to the M13 moraine, prior to recession and readvance at the LIA and final rapid recession for 

a further 3.75 km from 1945 to its present-day position. This pattern of recession is likely due to 

a combination of the rapid ca 2.5 oC warming which occurred over a period of one thousand 

years after the ACR, starting ca 12.7 ka (Cuffey et al., 2016) and the shallowly sloping nature of 

the Salto and Pedregoso valleys (Table 5.5). Ice receded more slowly between M1a and M4 than 

between M4 and M9 which could be because rapid warming did not occur until 12.7 ka (Chapter 

8). Recession from M1a to M4 prior to the onset of rapid warming could have been aided by the 

glacier calving into palaeolake Chelenko during this time. (Chapter 4). Following 12.7 ka, 

warming temperatures would lead to an increase in glacier ELA and significant ablation over the 

extensive length of ice occupying the Salto and Pedregoso valleys. The slight decrease in 

recession rate between M9 and M12 in comparison to between M4 and M9 may be due to the 

slightly steeper valley floor in the Pedregoso valley (0.4% compared to 0.02% in the Salto valley 

between M4 and M9). Given the late of data and likely multiple stages of ice recession and 

readvance, it is not possible to obtain a rate of recession between M12 and M13 with great 

certainty (section 5.4.4). The 0.7 m yr-1 rate of recession calculated does not account for phases 

of recession and readvance and is therefore an absolute minimum.   

The rapid recession of Calluqueo glacier from 1945 to 1985 was likely caused both by rapid 

warming but also instability of the frontal ice margin calving into Lago Calluqueo. Once the 

glacier became land terminating following 1985, the recession rate decreased. This is the 

opposite scenario to what is observed between M1a and M4 and M4 and M9. Initial recession 

between M1a and M4 while the glacier is lake terminating is slower than between M4 and M9 

following lake drainage. In this later scenario, the faster recession in the second phase is caused 

by the onset of rapid warming, which is the primary driver of glacier recession. During the second 

half of the 20th century the rate of warming was broadly constant, if not slightly increasing 

(Stocker et al., 2013). Increased stability of the glacier’s frontal margin after moving from lake 

to land-terminating therefore likely caused recession rate change.  

The rapid post-ACR recession seen in the Salto and Pedregoso valleys is an order of magnitude 

greater than that which can be estimated to have occurred in the Colonia valley during a similar 

period. In the Colonia valley, ice receded approximately 11 km from its inferred ACR limit (Davies 
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et al. in prep) to an early Holocene limit at 11.3 ± 0.3 ka. Taking the ACR dated Colonia lateral 

moraine UWM age of 13.6 ± 0.7 ka gives a retreat rate of 4.8 m yr-1. This comparatively low rate 

of recession is likely due to the Colonia glacier being fed by the larger NPI, therefore having a 

longer and less dramatic response to rapid warming.  

5.6. Conclusions 

• Dating of two previously undated moraine complexes in the Salto and Pedregoso valleys 

by 10Be cosmogenic nuclide surface exposure dating of glacially transported boulders 

provides new with UWM ages of 12.5 ± 0.4 ka and 12.1 ± 0.4 ka for M9 and M12 

respectively.  

• By combining these new ages with existing work and through the application of a 

Bayesian sequential phase model, this study obtains approximate ages of 12.6 ± 0.3 ka 

and 12.2 ± 0.3 ka for M9 and M12 respectively.  

• Both using UWM ages from cosmogenic nuclide dating of moraine boulders and from 

ages obtained by the application of a Bayesian model to sample ages yield valid results. 

Applying a Bayesian approach gives the advantage of identifying and suppressing the 

impact of outliers and producing a probabilistic framework, taking into account data 

holistically, incorporating all chronological data and an independent known sequence of 

events.  

• This new record shows ice in the Salto and Pedregoso valleys receded rapidly for 27 km 

over a period of ca 1.3 kyrs until ca 12.1 ka, at a minimum average recession rate of 20 

m yr-1. Ice likely underwent multiple phases of recession and readvance and/or 

stabilization during the Holocene. Ice receded rapidly from 1945 to the present-day at 

an average rate of 54 m yr-1.  This presents one of the few detailed, well temporal 

constrained LGIT and Holocene records of ice recession in a single valley in Patagonia.  

• Although ice-frontal stability whilst lake terminating may have contributed to initial 

recession of Callqueuo glacier, an abrupt increase in temperature following the ACR 

caused a faster rate of glacier recession. In the second half of the 20th century while the 

rate of temperature increase was largely constant, the transition from a lake to land-

terminating frontal margin had greater effect on ice dynamics, leading to a reduction in 

glacier recession rate.  
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6. Palaeoglacier and ELA reconstruction 

6.1. Introduction 

6.1.1. Rationale 

The patterns of ice recession and landsystem change north of MSL have been reconstructed 

from a detailed process-based sediment-landform study, based upon geomorphological 

mapping and sedimentological investigation (Chapter 4). The new chronological data obtained 

from surface exposure dating of glacially transported boulders found on moraine ridge crests in 

the Salto and Pedregoso valleys anchors Calluqueo glacier and landsystem evolution (Chapter 

5). In this chapter the glacier and landsystem reconstruction (Chapter 4) is combined with the 

new and existing chronological data (Chapter 5) to reconstruct the timing of glacier evolution. 

Furthermore, from the temporally constrained reconstruction of ice extent it is possible to 

investigate changes in Equilibrium-Line Altitude (ELA) through a period of warming following the 

ACR and through the Holocene. These ELA reconstructions are then combined with existing 

temperature records to calculate estimations of precipitation at Calluqueo glacier over this 

period. The output of this chapter provides the empirical data (temporally constrained ice and 

landsystem reconstruction) with which to constrain and test a glacier model of the north section 

of the MSL ice cap (Chapter 7). ELA based, quantitative precipitation reconstructions provide a 

hypothesis for precipitation levels and changes during a period of rapid warming following the 

ACR and then more gradual warming through the Holocene which can be tested with a glacier 

model.  

6.1.2. Research questions, aims and objectives 

This chapter aims to answer three key research questions within RQ 2 and RQ 4 of this thesis: 

1) What was the temporal context of deglaciation and of the valleys to the north of MSL? 2) 

How did the ELA of Calluqueo glacier change following the ACR and through the Holocene? 3) 

What were the levels of precipitation at MSL following the ACR and through the Holocene and 

how did precipitation change through this period? The aim of the work presented in this 

chapter,  addressing Aim 1 of this thesis, is to synthesise the deglaciation and landsystem 

reconstruction from Chapter 4, with the new and existing chronological data presented in 

Chapter 5. This synthesis is then used as the basis to reconstruct palaeo-glacier ELAs when 

Calluqueo glacier was at the M12 and M13 ice margins. This is done through Obj. 3 and Obj. 4 

of this thesis, by reconstructing the palaeo-ice surface using the GlaRe GIS tool for ArcGIS 

(Pellitero et al., 2016), from which an AABR derived ELAs is calculated. From this, first order 

estimates of palaeoprecipitation following the ACR are made. This is calculated following 
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Ohmura et al., (1992) by combining the reconstructed ELAs with palaeotemperature data 

(Chapter 3.6). 

6.2. Palaeoglaciological reconstruction 

The reconstruction of the MSL ice cap based on the geomorphological mapping (Chapter 4) and 

chronological data (Chapter 5) is shown in Figure 6.1. The reconstruction shows the deglaciation 

of the northern section of the MSL ice cap in eight stages following the ACR and though the 

Holocene to its present day position. The eight stages are described below. 

 



153 
 

Figure 6.1. Reconstruction of the deglaciations of the northern section of the MSL ice cap. Ages presented are 

uncertainty weighted mean values of surface exposure ages of glacially transported boulders found on moraine ridges 

calculated with internal uncertainty and presented with ± 1σ error. Ages in red (from moraines M9 and 12) are from 

this study. Ages in black from moraines M1a, M4 and RT1 to RT6 are recalculated from Davies et al., (2018), Glasser 

et al., (2012) and Sagredo et al., (2018) respectively.  

A) Ice is advanced to its ACR limit, merged with glaciers from the Barancos mountains, dated 

with UWM ages between 13.8 and 13.2 ka at the subaerially formed M1a latero-terminal 

moraine in the northern Salto valley (Davies et al., 2018) and at the RT1 to RT4 latero-terminal 

moraines at Tranquilo glacier (Sagredo et al., 2018). At this point ice in the Salto valley is 

terminating in the 350m Palaeolake Chelenko and M1c was deposited subaqueous below this 

350 m lake level (Davies et al., 2018; Thorndycraft et al., 2019). I speculate that ice was also 

advanced to the M1b limit at the ACR given the moraine’s position as the furthest advanced 

moraine set in the Tranquilo valley (Chapter 4).  

B) Following the ACR, ice in the northern Salto valley receded, dated at its M4 margin to an UWM 

age of 12.7 ± 0.4 ka (Glasser et al., 2012). It was approximately at this time, when ice was located 

at the M4 margin that the regionally extensive Palaeolake Chelenko (occupying Valley Grande 

and the Cochrane basin), drained following recession of Pared Norte Glacier and the opening of 

the Rio Baker drainage route to the Pacific (Figure 1.2) (Davies et al., 2018; Thorndycraft et al., 

2019). Ice also receded west from the M1b moraines, resulting in the formation of the 520 m 

ice-dammed palaeolake Tranquilo, which drained east into Lago Brown (Chapter 4).  

C) By ca 12.5 ka ice has receded further up the Salto valley forming a series of well-defined cross-

valley moraine ridges (Chapter 4), the southern most of which is M9 with a UWM age of 12.5 ± 

0.5 ka. At this time ice in the Tranquilo valley also receded further, increasing the extent of 

Palaeolake Tranquilo.  

D) Between ca 12.5 and 12.1 ka, ice in the Salto and Tranquilo valleys receded back to the valleys’ 

confluence, facilitating partial drainage of palaeolake Tranquilo to 425 m asl, possibly by GLOF 

drainage (Chapter 4). 

E) Subsequent ice recession up the Pedregoso valley caused Palaeolake Tranquilo to drain 

completely. Ice stabilised forming the M12 lateral moraine on the eastern side of the Pedregoso 

valley and RT5 moraine in the Upper Tranquilo valley (Sagredo et al., 2018).  

F) Ice receded further during the early-Holocene and I hypothesise that Calluqueo glacier 

stabilised/readvanced in the mid-Holocene (ca 5.6 ka) at the M13 limit in the Pedregoso valley, 

based on the evidence of the RT6 moraine in the Tranquilo valley (Sagredo et al., 2018).  
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G) Calluqueo glacier remained stable at M13 during the late Holocene, or may have undergone 

recession during this time, and then readvance during the LIA as evidenced by multiple moraines 

crests at this locality (Chapter 4). Glaciers at MSL, Cordon Esmeralda and the Barancos 

mountains stabilised at the LIA, forming well defined timelines in their respective valleys.  

H) Calluqueo glacier began receding to its present-day margin after 1945 AD,leading to the 

formation of Lago Calluqueo, dammed by M13.  

6.3. Ice surface and ELA reconstruction 

To obtain a quantitative estimate of precipitation for periods during the retreat of Calluqueo 

glacier, this study calculates the ELA of Calluqueo glacier when positioned at the M12 lateral 

moraine limit (UWM 12.1 ± 0.4 ka) and M13 latero-terminal moraine limit. The M12 and younger 

moraine limits were chosen because ice had separated from other glaciers by the time it receded 

to the M12 limit. The undated M13 limit is hypothesised to mark the advanced position of 

Calluqueo glacier at both the LIA and during a regional mid-Holocene neoglaciation (section 5.6). 

The Accumulation Area Balance Ratio method (Osmaston, 2005; Pellitero et al., 2015) is used in 

combination with the GlaRe GIS based ice surface reconstruction tool (Pellitero et al., 2016) 

(section 3.6) to obtain an ELA of the reconstructed glacier. The method of Ohmura et al., (1992) 

is then used with surface air temperature data to obtain quantitative precipitation values for 

phases of glacier stillstand at M12 and M13.  

There are few quantitative LGIT and Holocene surface air temperature records for Patagonia. 

Massaferro et al. (2014) present a chironomid transfer function derived temperature record 

from Huelmo mire (41 °S) in the Chilean Lake District, 650 km north of MSL. This record indicates 

stable temperatures between 15 ka and 13.2 ka, before a drop of approximately 1 °C, sustained 

until 11.5 ka. There is contrast with the chironomid-derived quantitative temperature 

reconstruction at Lake Potrok Aike (52 °S), 500 km south of MSL (Massaferro and Larocque-

Tobler, 2013) .This shows stable temperatures during the ACR until 13 ka, before 0.8 °C rise in 

temperature to the period between 12.5 ka and 11.7 ka. Variation within and across these 

records could be introduced by insufficient sample size and local variability. In order to gain a 

broader indication of palaeotemperature, this study uses relative temperature offsets from the 

West Antarctic Ice Sheet (WAIS) Divide surface air temperature reconstruction (Cuffey et al., 

2016). Changes in West Antarctic temperatures have been shown to be synchronous with 

cryospheric changes in Patagonia’s mid-latitudes (Bendle et al., 2019), with upwelling of warm 

deep water in the Southern Ocean a potential driver of warming across the mid and high-

latitudes (Pedro et al., 2016). Although the quantitative transmission of this temperature change 

is unclear, the degree of temperature change across the ACR and the early Holocene as recorded 
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in the chironomid records provides an indication that fluctuations in temperature are similar in 

the Patagonian mid-latitudes observed in the WAIS Divide surface air temperature record 

(Cuffey et al., 2016). In light of an absence of coherent quantitative surface air temperature data 

from Patagonia across the LGIT and through the Holocene, this study uses relative temperature 

offsets from present day from the WAIS Divide surface air temperature record (Cuffey et al., 

2016) to obtain mean annual surface air temperature values at MSL for this period.  

 The same methods were used to reconstruct the present-day Calluqueo glacier ELA based upon 

present-day ice extent as a form of method evaluation and comparison. Balance ratios from 1.5 

to 2.5 were used to provide a range of possible ELAs, with a representative ‘global’ value of 1.75 

selected for comparison to present day empirical data (Rea, 2009). 
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Table 6.1. AABR ELAs calculated for Callqueuo glacier at three phases of ice extent: present-day and reconstructions of ice matching the M13 and M12 limits. ELAs are presented with 

corresponding calculations of precipitation following the method of Ohmura et al., (1992) under given temperature offsets from present. *Modern day precipitation values are derived at the 

ELAs calculated using a 1.75 balance ratio using data from the Cochrane Aerodromo meteorological station and a 0.00252 mm/m precipitation lapse rate (Bravo et al. 2015) for the purpose of 

comparison.  Uncertainty in precipitation is that introduced by the range in mean summer temperature (± 0.5 °C) used to calculate precipitation, obtained from present day temperature records 

at Cochrane Aerodromo meteorological station. 

       
Precipitation (mm w.e.) 

Balance 

ratio 1.5 1.75 2 2.25 2.5 

Temperature offset 

from present (°C) 

Modelled at ELA 

(using 1.75 BR) uncertainty 

Modern day 

at ELA* 

% 

difference 

Modern ELA 1614 1614 1589 1589 1564 0 2465 204 2353 -4 to 12 

Precipitation 

at ELA 
2465 2465 2539 2539 2614 

     
M13 ELA 1341 1291 1266 1241 1216 -0.7 (LIA) 3112 217 2353 19 to 29 

Precipitation 

at ELA 
2824 2978 3056 3134 3213 

-0.3 (mid-Holocene) 3318 208 2353 24 to 33 

M12 ELA 1158 1108 1083 1058 1033 -1.1 3511 209 2352 33 to 37 

Precipitation 

at ELA 
2915 3071 3149 3228 3308 
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Figure 6.2. Reconstructed ice surfaces of Calluqueo glacier using the GlaRe GIS based ice surface reconstruction tool 

(Pellitero et al., 2016) at A) present day, B) M13 and C) M12. Ice surface contours are at 50m intervals. The red contour 

highlights the position of the ELA calculated using the Accumulation Area Balance Ratio method (Osmaston, 2005; 

Pellitero et al., 2015), based on a balance ratio of 1.75.  
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The reconstructed ice surfaces and ELA positions are presented in Figure 6.2. Using a 1.75 

balance ratio the ELA of Calluqueo glacier increases from 1108 m asl at the M12 phase, to 1291 

m asl at the M13 phase, to 1614 m asl at present-day ice extent (Figure 6.2). The ELA for ice at 

the M12 phase with a relative temperature difference of -1.1 °C from present day gives a 

calculated precipitation value of 3511 ± 209 mm w.e., 33% to 37% higher than present-day 

levels. This decreases to 3318 ± 208 mm w.e., 24% to 33% higher than present at the M13 mid-

Holocene phase and 3112 ± 217 mm w.e., 19% to 29% higher than present at the M13 LIA phase. 

Reconstructing present-day precipitation based upon a present-day ELA gives a precipitation 

value of 2465 ± 204 mm w.e., between 4% lower and 12% higher than the value derived from 

measured precipitation at the Cochrane Aerodromo meteorological station (180 m asl, 40 km 

northeast), 2353 mm w.e.. This present-day precipitation value is within the uncertainty of the 

reconstructed present-day precipitation value. 

6.4. Discussion 

Ice extent reconstructions at the chronologically constrained M12 and M13 limits, alongside 

mapped present-day ice extent, provides the opportunity to investigate ELA change at Calluqueo 

glacier following the ACR, through the Holocene to the present day. During this period from ca 

12.1 ka through the mid Holocene, the ELA increases from 1108 m asl to 1291 m asl. The Late 

Glacial and Holocene moraine record from Tranquilo glacier on the northern flank of MSL 

provides reconstructed ELAs of 1210 m asl at the ACR, and 1320 m asl in the mid-Holocene 

(González et al., 2013). The slightly higher ELAs at Tranquilo glacier are to be expected given the 

glacier’s northeast facing accumulation area, while Calluqueo glacier faces to the west. MSL acts 

a barrier to the precipitation bearing westerlies, causing a negative west-east precipitation 

gradient.  

The present-day ELA at Calluqueo glacier is calculated to be 1614 m asl, slightly lower than has 

been reported for the western side of MSL elsewhere (1700 to 1750 m asl (Wenzens, 2002)). 

This may be due to the underestimation of ice in the accumulation area made by the GlaRe GIS 

based ice surface reconstruction tool (Pellitero et al., 2016) (Figure 6.2A). This present-day 

Calluqueo glacier ELA is also lower than reported present-day ELAs from glaciers on the eastern 

and northern sides of the massive (1800 to 1850 m asl (Wenzens, 2002; Falaschi et al., 2013; 

Sagredo et al., 2017). Again this is to be expected given the precipitation gradient across the 

massif. Based upon the ELA calculations of the Calluqueo glacier reconstructions at M12 and 

M13, and temperature reconstructions inferred from the WAIS ice core record, this study is able 

to produce quantitative estimates of precipitation on the western flank of MSL at ca 12.1 ka and 
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at the time of a mid-Holocene neoglaciation. Precipitation at both 12.1 ka and the mid-Holocene 

are calculated to be higher than present-day, by 18% to 28% and 15% to 26% respectively.  

6.5. Conclusions 

• This study presents a new temporally constrained palaeoglaciological reconstruction of 

Calluqueo Glacier and the northern flank of the MSL ice cap. 

• Quantitative precipitation estimates east of the NPI following the ACR and at a mid-

Holocene neoglaciation show that precipitation at MSL was 24% to 37% higher than 

present day. 

• Such quantitative estimates add vital detail to previously qualitative reconstructions of 

precipitation and provide a hypothesis with which to test a glacier numerical model 

(Chapter 7). 
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7. Numerical modelling of the Monte San Lorenzo ice cap 

7.1. Introduction 

7.1.1. Rationale 

The majority of ice masses in Patagonia have retreated and thinned in recent decades (Rignot 

et al., 2003; Moller et al., 2007; Lopez et al., 2010; Davies and Glasser, 2012; Falaschi et al., 

2016); however, sparse measured glacier mass balance and physical glaciological data limits our 

understanding of the dynamics of current ice mass change and climate interaction. This lack of 

data impedes our ability to relate past glacier fluctuations explicitly to changes in palaeoclimate, 

as mass balance sensitivities are poorly understood. Geomorphological and chronological 

evidence collected from the valleys north of MSL (Chapters 4 and 5), shows that glaciers receded 

rapidly through the Last Glacial-Interglacial Transition (LGIT) and the Holocene. During this 

period Patagonia experienced changes in temperature and precipitation (Moreno et al., 2009, 

2018; Tonello et al., 2009; Waldmann et al., 2010; Kilian and Lamy, 2012; Oehlerich et al., 2015; 

Moreno and Videla, 2016; Quade and Kaplan, 2017) but which of these forcings were the 

primary control on glacier change is unclear. An improved understanding of present-day glacier 

dynamics and sensitivities can inform our understanding of both past and future glacier 

response to climate change.  

Glacier numerical modelling can be applied to reconstruct glacier mass balance distribution, 

physical behaviour and properties in the absence of measured empirical data. The model can 

then be used to assess the sensitivity of an ice mass to both external climatic forcings and 

physical parameters which impact ice flow and glacier mass balance (e.g. Golledge et al., 2012; 

Putnam et al., 2013; Ziemen et al., 2016; Nielsen et al., 2018; Yan et al., 2018).  

This chapter presents the set up of the Parallel Ice Sheet Model (PISM) (see Chapter 3.7.2) for 

the MSL ice cap, calibrated to match present-day ice extent and dynamics. The results of model 

sensitivity experiments are also shown, assessing the impact of surface air temperature, 

precipitation, snow and ice melt factors, bed strength and ice rheology on the simulated ice cap. 

These new data improves our understanding of the key controls on the behaviour of the present-

day MSL ice cap. Obtaining a tuned simulation of the present-day ice cap also provides the basis 

for response time experiments, modelling historical ice mass extents to obtain envelopes of 

palaeoclimate conditions, and investigating potential future ice cap change under different 

climate evolution scenarios. 
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7.1.2. Existing work 

There is limited understanding of current glacier mass balance distribution, climate sensitivity 

and active glacier behaviour in Patagonia due to a scarcity of empirical data and only a small 

number of modelling studies. Existing studies commonly use degree-day models forced by 

down-scaled modelled climate or local sparse weather station data. Schaefer et al. (2013) used 

NCAR/NCEP Reanalysis and ECHAM5 climate model data, downscaled using the Weather 

Research and Forecasting regional climate model, to run a 450 m resolution mass balance model 

over the NPI. Annual accumulation values up to 24 m w.e. were found at the highest altitudes 

over the NPI, decreasing to 5 to 10 m w.e. between 1500 and 2000 m asl. Between 1000 and 

1500 m asl on the plateaus of San Rafael and San Quintin Glaciers, accumulation and ablation 

rates are similar, between 2 to 5 m w.e.. Ablation is greatest in the lower section of the eastern 

outlet glaciers, up to 18 m w.e. at Colonia glacier and 14 m w.e. on the western glaciers. Koppes 

et al. (2011) also used NCAR/NCEP Reanalysis data alongside sparse local observation data as 

input to a degree-day model to model the surface mass balance of San Rafael Glacier (western 

NPI). They were able to estimate annual accumulation, ablation, thinning and calving fluxes, 

finding an overall annual surface mass balance for the period from 1960 to 2005 to be +0.71 km3 

w.e..  

Schaefer et al. (2015) also used a downscaled, reanalysis data forced mass-balance model to 

model the SPI. Annual surface mass balance was found to be up to 20 m w.e. at the highest 

altitudes, dropping to 0 to 5 m w.e. on glacier plateaus, and up to -15 m w.e. at the outlet glacier 

tongues. Calving fluxes could also be inferred, showing agreement with velocity-field derived 

data from satellite imagery. On the eastern side of the SPI, Rivera (2004) focused on Chico 

Glacier, using a degree-day model forced by climate station data from around the icefield in 

combination with accumulation field data to investigate glacier mass balance. Average modelled 

annual accumulation and ablation from 1975 to 2001 were 3.6 ± 0.3 m and 4.4 ± 0.3 m 

respectively, giving an average annual mass balance of -0.8 ± 0.3 m. Glaciar Perito Moreno has 

also been investigated (Stuefer et al., 2007), with a degree-day model forced by local climate 

data used to reconstruct a 50 year span of glacier mass balance and assessment of mass balance 

sensitivity. Degree-day factors for ice were found to be between 2.7 to 4.3 mm w.e. °C-1 d-1, with 

mean annual surface mass balance between -7688 and -9640 kg m-2 in the ablation area, and an 

equal sensitivity to both temperature and precipitation. 

The MSL ice cap and alpine glaciers at Cordon Gorra de Nieve, Gran Nevado and Sierra de Sangra, 

east of the NPI ice cap, have been studied through SRTM and SPOT5 DEM differencing to reveal 



162 
 

glacier-surface elevation changes between 2000 and 2012 (Falaschi et al., 2016). Although this 

has provided an insight into the distribution of surface elevation and overall mass change, a full 

reconstruction of surface mass balance and glacier flow dynamics, such as the role of ice 

deformation versus sliding and bed strength, is yet to be undertaken.  

7.1.3. Research questions, aims and objectives 

To address the current gap in understanding surrounding the behaviour of the MSL ice cap, this 

chapter aims to answer the following research questions as part of RQ3 and RQ4 of this thesis: 

1. What is the magnitude and spatial distribution of glacier surface mass balance, 

accumulation and ablation processes? 2. What is the distribution of temperate and cold based 

ice? 3. What is the nature of ice flow velocity and shear? 4. To what degree is the present-day 

MSL ice cap sensitive to changes in climate, physical ice flow and mass balance parameters? 

The parameters investigated are: temperature, precipitation, ice softness through a flow 

enhancement factor, bed shear strength, and positive degree-day snow and ice melt factors.  

In line with Aim 2 and Aim 3 of this thesis, this chapter details a numerical simulation of the 

present-day MSL ice cap, from which information detailing the ice cap’s surface mass balance 

distribution, physical ice properties and flow dynamics can be extracted. This will be achieved 

using a numerical model (PISM), tuned to match present day ice extent, thickness and velocity 

empirical data in line with Obj. 5 of this thesis. A series of sensitivity experiments in which the 

model will be initialised under different precipitation and temperature conditions, physical 

parameters of ice softness and bed shear strength, and mass balance parameters of positive 

degree day snow and ice melt factors. 

7.2. Methods 

7.2.1. Modelling strategy 

The following modelling strategy (Figure 7.1) was used to set up, calibrate and test a numerical 

model of the present-day MSL ice cap. Firstly, the climate data used for model initialisation was 

evaluated. Two modelled climate gridded datasets, RACMO2.3 and WorldClim2 (section 7.3.3), 

were compared to measured meteorological station surface air temperature and precipitation 

data to evaluate the ability of the respective models to replicate measured climate in the study 

area (section 7.3.4). It was important to initially evaluate the modelled climate data being used 

to force the ice sheet model to ensure that they were applicable to ice-cap scale modelling in 

Patagonia. Given the inherent differences between the data the models draw upon and their 

output resolutions (sections 7.3.3), it was key to evaluate and compare both the RACMO2.3 and 
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WorldClim2 datasets. By comparing two different climate models, it is possible to more 

thoroughly identify their relative applicability.    

Neither climate model was found to provide precipitation datasets which realistically reflect the 

likely precipitation magnitude and distribution across the study area. A lapse rate derived 

precipitation dataset from precipitation measured at the Cochrane Aerodromo meteorological 

station was therefore used alongside the WorldClim2 surface air temperature dataset.  

Secondly, the model was tuned to produce a steady state model simulation of the present-day 

ice cap with empirical ice extent and thickness, velocity and surface elevation change data as a 

target (section 7.4.2). Tuned parameters included a precipitation lapse rate, ice rheology, bed 

strength and the degree day melt factors (DDF) for snow and ice. 

Thirdly, sensitivity experiments were run to quantify the impact of the tuned parameters on 

model output. Model sensitivity to temperature and precipitation, were then assessed. When 

one or more variables were tested, the remaining variables were fixed to default values (Table 

7.4). 

 

Figure 7.1. Modelling strategy for this study outlining the inputs and outputs of each phase of the investigation through 
climate data evaluation, model tuning and sensitivity experiments. 

PISM is written within the Python programming language, operated within a Unix based 

environment. Processes were distributed across 12 computational cores. A modelled estimate 

of present-day ice thickness (section 7.3.4.1, Figure 7.5j) (Carrivick et al., 2016) was used as a 

starting point for the model. The model was run on a 250 m (x, y) by 20 m (z) resolution gridded 

domain over an area of 80 km by 108 km (x, y) by 5 km (z), reflecting 138,993 horizontal grid 

cells, 200 vertical ice layers and 50 bedrock layers. For precipitation and temperature sensitivity 
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experiments, where simulations produce a significantly greater volume of ice, a 500 m (x, y) 

resolution grid was used to enable feasible wall-clock run times of less than 24 hours. A multi-

phase spinup was used to mitigate against false mass changes at the start of the simulations due 

to coupling shocks and was run under constant-climate conditions. A short smoothing run was 

first performed with simplified physics, followed by two longer runs with increasingly evolved 

ice physics. The final phase used the full hybrid ice physics model and was run to allow the 

modelled ice to reach an approximate equilibrium state of constant ice area and volume. This 

occurred after 100 to 500 model run years. 193 model runs were undertaken during model setup 

and testing and when writing and testing run scripts. Two data evaluation, 11 tuning and 38 

sensitivity targeted experiments were then run, the setup and results of which are documented 

in sections 7.4 (Table 7.5).  

7.3. Data for numerical model initialisation 

This section outlines, evaluates and selects the data required for PISM initialisation and set up. 

PISM is initialised using spatially variable precipitation and temperature datasets, a bedrock 

DEM, ‘present-day’ ice thickness and a constant geothermal basal heat flux. Each of these 

forcing factors are described in detail below.  

7.3.1. Ice thickness and bedrock digital elevation model (DEM) 

In the absence of ice-thickness surveys of MSL outlet glaciers (section 7.3.3), ‘present-day’ ice 

thickness data is taken from a dataset derived from the output of a perfect-plasticity model 

(Carrivick et al., 2016) where ice thickness ℎ is estimated based upon 𝜏𝑏  the basal shear stress, 

𝑓 the shape factor needed to account for valley sides supporting the glacier’s weight, 𝑝 the ice 

density, and α the ice surface slope.  

ℎ =  
𝜏𝑏

𝑓𝑝𝑔tanα
      (7.1) 

For this dataset, glacier centre lines were mapped manually by Carrivick et al., (2016). Glacier 

outlines and drainage basins used for the model were mapped from Landsat Enhanced Thematic 

Mapping Plus (ETM+) images from 2010-2011 (Davies and Glasser, 2012). An ice thickness error 

of ± 11% is reported, introduced to the model through the assumption that the ice behaves 

under perfect-plasticity and through the spatial interpolation from the ice thickness modelled 

at the centreline to the ice thickness across the entire glacier width (Carrivick et al., 2016). This 

degree of error is in line with that observed globally when modelled ice thickness is compared 

to radar measurements (Li et al., 2012; James and Carrivick, 2016). However, with these 

potential sources of uncertainties understood and acknowledged, it is advantageous to use a 

modelled ice thickness derived bedrock DEM rather than a surface DEM for PISM initialisation. 
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A bedrock DEM was therefore produced by subtracting the modelled ice thickness from an 

ASTER GDEM in ArcMap v10.3. 

7.3.2. Geothermal heat flux 

Due to the absence of geothermal empirical data in Patagonia, a modelled value for the basal 

heat flux across the domain is used (0.07842 Wm-2) based upon the relationship between basal 

heat flux and geology over a 2° by 2° equal area grid (Davies, 2013). Although this relationship 

is found to be limited, it presents a value more accurate than that of assuming a global average. 

The granitic lithology of the MSL massif may lead to a locally higher geothermal heat flux due to 

higher concentration of radioactive elements (Haenel et al. 1988), however there are no 

empirical data constraining this. 

7.3.3. Precipitation and temperature climate data 

PISM must be forced using two-dimensional gridded mean annual precipitation and surface air 

temperature datasets, either in the form of modelled climate data or meteorological station 

point data extrapolated over the domain by applying temperature and precipitation lapse rates. 

Seasonal variations are accounted for by applying a cosine yearly cycle function to the mean 

annual surface air temperature dataset (section 7.3.4.1.).   

7.3.3.1. Meteorological station data 

The nearest meteorological station to the MSL ice cap is located on the western lateral moraine 

of San Lorenzo Sur Glacier (47°42’S, 72°19’W, 1140 m asl) (Figure 7.2), from which Falaschi et al. 

(2015) report a mean annual air temperature of 3.8°C measured over the period from 2002 to 

2013 using a HOBO temperature logger. The nearest station recording both temperature and 

precipitation is at Lord Cochrane Aerodromo (47°15′S, 72°35′W, 182 m asl) 40 km to the north 

of MSL and 3624 m below its summit. Data recorded after 2000 is largely absent, however a full 

record from 1970 to 2000 documents a mean annual temperature of 9.4°C (ranging from 8.4°C 

to 10.8°C) and mean annual precipitation of 726 mm a-1 (ranging from 522 mm a-1 to 1187 mm 

a-1) The two mean annual temperature records from San Lorenzo Sur and Lord Cochrane 

Aerodromo at 1140 m asl and 182 m asl respectively give a temperature lapse rate estimate of 

0.0058 °C m-1. This is within the range of observed across Patagonia (0.0048 °C m-1 to 0.0072 °C 

m-1 (Table 7.2)). 

The low station density in the region, and in particularly across the MSL ice cap in the case of 

this study, means that measured climate data must be extrapolated, or modelled climate data 

used to obtain a spatially variable record of temperature and precipitation across the entire 

study region. Two modelled climate gridded datasets, the Regional Atmospheric Climate Model 
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(RACMO), version 2.3 for Patagonia (Lenaerts et al., 2014) and WorldClim 2 (Fick and Hijmans, 

2017), were therefore investigated for their applicability to the study area and potential use to 

drive PISM spinup to ‘present-day’ conditions. 

 

Figure 7.2. Maps highlighting sites of meteorological stations (black circles) from the NPI (A) and SPI (B) as well as 
MSL.  

7.3.3.2. RACMO2.3  

RACMO2.3 is the latest version of the regional atmospheric climate model developed by the 

Royal Netherlands Meteorological Institute (KNMI) (Van Meijgaard et al., 2008). RACMO2.3 

employs the dynamical core of the High-Resolution Limited Area Model (HIRLAM) (Undén et al., 

2002) with the atmospheric physics module from the European Centre for Medium-Range 

Weather Forecasts Integrated Forecast System cycle CY33r1 (ECMWF-ISF) (Noël et al., 2015). 
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RACMO2.3 has been applied to Antarctica (e.g. Lenaerts et al., 2013; Van Wessem et al., 2014), 

Greenland (e.g. Noël et al., 2015; Steger et al., 2017) and Patagonia (PAT5.5, Lenaerts et al., 

2014)). PAT5.5 consists of a 330 by 254 point grid at 0.05° (5.5 km) resolution of monthly 

temperature and precipitation data for the period 1979 to 2012. The dataset covers southern 

South America, from northern Patagonia (41°S) to the Drake Passage south of Chile (57°S).  

7.3.3.3. WorldClim2 

The WorldClim2 dataset (Fick and Hijmans, 2017) consists of gridded 30 arc-second (ca 1 km) 

spatial resolution monthly climate data (temperature, precipitation, solar radiation, vapour 

pressure and wind speed) for global land areas between 1970 and 2000 (Figure 7.3). The dataset 

is derived from monthly average climate data sourced from weather station records globally 

which are interpolated using a thin-plate smoothing spline (Hutchinson and Xu, 2013). Records 

from between 1960 and 2010 were considered providing they contained at least 10 years of 

data, although the greatest frequency of observations came from the period 1970 to 2000. This 

assumption was under the premise that for remote locations, larger error would be introduced 

from low station data density than from taking data from a wider temporal range. For the mean 

temperature element, following implementation of selection criteria, data is taken from 20268 

stations globally (2833 in South America). Maximum and minimum land surface temperature 

and cloud cover from the Moderate Resolution image Spectroradiometer (MODIS) satellite and 

covariates of elevation and distance to the coast were also included in the interpolation. The 

final climate surface output was derived from a combination of model formulations, chosen 

specifically for each variable and region depending on their performance in a 3° by 3° 

“checkerboard’ cross-validation test.   
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Figure 7.3. A) Mean annual air temperature (°C), B) mean annual precipitation (mm) and C) mean annual air 
windspeed (m s-1) for the period 1970-2000 at 30 arc seconds resolution, from the WorldClim2 dataset (Fick and 
Hijmans, 2017). From Davies et al. (accepted). 
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7.3.4. Modelled climate data comparison to Lago Cochrane Aerodromo meteorological 

data 

7.3.4.1. Surface air temperature 

Average annual and monthly measured temperature and precipitation climate records from 

Lord Cochrane Aerodromo for the period 1970-2000 were compared to the respective modelled 

data from RACMO2.3 PAT5.5 and WorldClim2, alongside examinations of the datasets’ modelled 

climate values for precipitation and temperature at Calluqueo Glacier, MSL (Table 7.1), to 

establish which dataset is most appropriate to use to force PISM under ‘present-day’ climate 

conditions. For surface air temperature, mean annual temperature point values, effective lapse 

rates, cosine yearly temperature cycles and dataset resolution are all assessed. 
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Table 7.1. Point climate data and calculated lapse rates from instrumental records, RACMO2.3 and WorldClim2. Lapse rates are calculated relative to Cochrane Aerodromo. Instrumental 
data from Cochrane Aerodromo meteorological station and WorldClim2 modelled climate data covers the period 1970 to 2000. Modelled climate data from RACMO2.3 covers the period 
1979 to 2000.   

Location Coordinates m asl 

Mean annual surface air temperature 
(°C) Lapse rate (°C/m) Mean annual precipitation (mm) Lapse rate (mm/m) 

Instrument
al data 

RACM
O WorldClim RACMO WorldClim 

Instrument
al data 

RACM
O WorldClim RACMO WorldClim 

Cochrane 
Aerodromo 

47°14′37"S, 
72°35′06"W 182 9.4 9.1 8.6     726 741 740     

Calluqueo 
tongue 

47°35′05"S, 
72°27′25"W 600   1.4 6.3 -0.0184 -0.0056   3042 555 5.5048 -0.4426 

San Lorenzo 
Sur 

47°41′46"S, 
72°21′04"W 1140 3.8 -1.0   3.8 -0.0105 -0.0058   2175 547 1.4812 -0.2182  

Calluqueo 
mid 

47°35′32"S, 
72°23′20"W 1500   -2.4 1.9 -0.0087 -0.0051   6640 619 4.4755 -0.0918 

Calluqueo 
upper 

47°36′07"S, 
72°21′40"W 2000   -4 -1.1 -0.0072 -0.0054   7225 645 3.5669 -0.0523 
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At Cochrane Aerodromo, both RACMO2.3 and WorldClim2 have temperature point values 

within 1 °C of the instrumental data (Table 7.1), although of this WorldClim2 is notably colder. 

However, with increased elevation at Calluqueo Glacier, RACMO2.3 modelled temperature is 

unrealistically cold compared with the meteorological data  (Table 7.1; Falaschi et al., 2013). The 

calculated lapse rates based upon RACMO2.3 point values (0.0072 °C m-1 to 0.018 °C m-1) also 

suggest that the modelled air temperature values from RACMO2.3 are unrealistically cold within 

the context of those observed across Patagonia (Table 7.2). WorldClim2 produces lapse rates 

(0.0051 °C m-1 to 0.0056 °C m-1) more akin to the observed regional values, including the lapse 

rate between San Lorenzo Sur and Lord Cochrane Aerodromo (0.0058 °C m-1).  

Table 7.2. Observed temperature lapse rates from across Patagonia. Locations are shown on Figure 7.2. 

Location Grid reference Temperature 

lapse rate (°C m-1) 

Source Reference 

Frias Glacier 41°09' S, 71°50' W 0.0048 Reanalysis data Leclercq et al. (2012) 

Exploradores 

Glacier 

46°30' S, 73°10' W 0.0053 Met. station Inoue et al. (1987) 

San Rafael 

Glacier 

46°40' S, 73°50' W 0.0055 Reanalysis data Koppes et al. (2011) 

Cochrane – 

San Lorenzo 

Sur Glacier 

47°15' S, 72°34' W-  

47°41' S, 72°17' W 

0.0058 Met. station Falaschi et al. (2013) 

SPI transect 48°45′ S 0.0072 (east), 

0.0055 (west) 

Met. station Bravo et al. (2019) 

SPI 50°38' S, 73°15' W 0.0053 Assumed Aristarain and Delmas 

1993 

Gran Campo 

Nevado 

52°48’S, 72°56’W 0.0062 Met. station Schneider et al. (2003) 

In order to create seasonality within the mean annual temperature dataset, PISM has the facility 

to use a cosine yearly cycle temperature model, with the option of amplitude scaling (A). The 

annual temperature cycle is based upon mean annual and mean July temperatures and the year 

fraction since the previous July (t) (equation 7.1). 

 𝑇(time) = 𝑇mean annual + 𝐴(time) ∙ (𝑇mean July −  𝑇mean annual) ∙ cos (2π𝑡)                     (7.2) 

The fit was therefore examined between average monthly measured climate data at Cochrane 

Aerodromo and the cosine yearly cycle climate model produced by PISM for this location based 

upon RACMO2.3 and WorldClim2 mean annual and mean July temperatures (Figure 7.4). From 

this we determine which dataset, when an amplitude scaling is applied, best fits the 

instrumentally measured seasonality. 
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It is evident that cosine yearly temperature cycles based upon data from RACMO2.3 and 

WorldClim2, without an amplitude scaling factor applied, do not produce the required 

amplitude of the measured annual temperature cycle (Figure 7.4A). The amplitude scaling 

factors which produce the best-fit annual temperature cycles to the measured cycle and are 1.55 

and 1.25 for RACMO2.3 and WorldClim2 respectively (Figure 7.4A and B). Of these, WorldClim2 

produces the closest fit to the measured instrumental climate cycle at Cochrane Aerodromo 

(Figure 7.4D), producing a temperature cycle ranging from 1.5°C to 15.8°C (measured 

temperature cycle ranges from 1.8°C to 15.6°C, RACMO range from 1.5°C to 16.7°C).  
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Figure 7.4. Comparisons of annual temperature cycles from instrumental data from the Cochrane Aerodromo 
meteorological station and cosine curves for modelled climate data: A) with no amplitude scaling factors applied, B) 
RACMO2.3 data with amplitude scaling factors applied, C) WorldClim2 data with amplitude scaling factors applied 
and D) RACMO2.3 and WorldClim2 data with 1.55 and 1.25 amplitude scaling respectively, representing the best fit 
scaled cosine curves with the meteorological station data. 
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7.3.4.2. Data grid resolution 

When modelling glaciers with steep long profiles (e.g. Calluqueo with a surface profile ca 20° 

gradient over a 7.75 km distance), it is important to take into account the resolution of climate 

dataset being used to initialise the model. This is important because elevation and in turn 

surface air temperature and precipitation change over a small horizontal distance. A climate 

dataset with an insufficient resolution will be unable to resolve these climatic changes. The 

higher resolution WorldClim2 dataset is better able to pick out temperature variations across 

and within the narrow valleys and highly varied mountain topography (Figure 7.5b,i). The lower 

resolution RACMO dataset is unable to affectively pick out such changes. Notably the cold region 

over the summit of MSL extends further west than WorldClim2, into the lower elevations of 

Calluqueo valley, resulting in an unrealistically cold valley at low elevations (Figure 7.5e).  

Due to appropriate lapse rates and realistic temperatures, amplitude scaled cosine yearly 

temperature cycles and a higher resolution dataset, the WorldClim2 temperature dataset was 

used to force PISM under ‘present-day’ climate conditions, using mean annual and mean July 

surface air temperature from 1970 to 2000, with an applied 1.25 amplitude scaling factor.  

 



175 
 

 

Figure 7.5. a to h) Gridded climate model data evaluated for use in PISM at both native resolution (RACMO2.3: 5.5 km, 
WorldClim2: 1 km) and bilinearly interpolated for input into PISM. i) ASTER GDEM j) modelled ice thickness data 
(section 7.3.1 (Carrivick et al. 2016) and k) gridded precipitation dataset derived from Cochrane Aerodromo 
meteorological station precipitation data, an applied 1.35 mm/m precipitation lapse rate and ASTER GDEM (i) (section 
7.3.4.3 and 7.4.2).  

7.3.4.3. Precipitation  

The RACMO2.3 and WorldClim2 datasets both model mean annual precipitation at Cochrane 

Aerodromo to be slightly higher than the measured value (Table 7.1). At Calluqueo Glacier, 

RACMO2.3 models mean annual precipitation up to 7725 mm. This is considered to be an 

unrealistically high value given measured and modelled precipitation levels across Patagonia 

(Table 7.3), and MSL’s position inland of the Andes. Precipitation lapse rates calculated from 

RACMO2.3 point data on Calluqueo Glacier also give values higher than the few records from 

Patagonia (Table 7.3). Annual accumulation on the windward, western side of the NPI at San 

Rafael Glacier has been measured to between 4800 and 10000 mm (Fujiyoshi et al., 1987; 
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Escobar et al., 1992; Carrasco et al., 2002), with similar annual precipitation recorded in west of 

the Southern Andes (Schneider et al., 2003), and reflected in climate modelling (Garreaud et al., 

2013). Over the NPI, annual precipitation levels above 15000 mm have been modelled, 

decreasing to ranges between 10000, 5000 mm and 2000 mm at progressively lower elevations 

on the ice field (Schaefer et al., 2013b). Such levels of precipitation are also reflected in river 

discharge models (Escobar et al., 1992). On the eastern, lee side of the SPI, annual precipitation 

of 4070 mm was measured at Chico Glacier (Rivera 2004), and modelled to be 7600 at 2500 m 

asl on Perito Moreno Glacier (Stuefer et al., 2007). 

Table 7.3. Modelled and measured precipitation and accumulation data across Patagonia. 

Location Latitude and 

Longitude 

Precipitation (m w.e.) 

(accumulation*) 

Precipitation lapse 

rate (mm m-1) 

Source Reference 

Lago Aculeo 33°S to 34°S 0.69 0.25 Multiple met. 

stations 

Jenny et al. (2003) 

Frias Glacier 41°09' S, 71°50' 

W 

8.2 (2000 m). 1.5 Mass balance model Leclercq et al. (2012) 

Chico Glacier 49°03' S, 73°10' 

W 

4.07 (1440 m) 3 < 1440 m asl. 

3.7 > 1400 m asl. 

Mass balance 

model/Met. station 

Rivera (2004) 

Regional 40°S to 55°S  0.00252 Regional met. 

station data 

Bravo et al. 205 

San Rafael 

Glacier 

(icefield 

plateau) 

46°40' S, 73°50' 

W 

4.8* to 10*  Met. station Fujiyoshi et al. (1987) 

Escobar et al. (1992) 

Carrasco et al. (2002) 

Nef Glacier 47°01' S, 73°19' 

W 

2.2 (1500 m)  Met. station  

NPI  15 to 24 (highest alt.) 

5 to 10 (1500-2000 m) 

2 to 5 (1000-1500 m) 

 Mass balance 

model/reanalysis 

data 

Schaefer et al. 2013 

NPI  6.7  River discharge 

model 

Escobar et al. (1992) 

SPI  7  

Patagonia 

region 

 5 to 10 (western) 

0.5 to 0.7 (east of cont. 

divide) 

 Modelled climate Garreaud et al. (2013) 

Perito 

Moreno 

Glacier 

50°30' S, 73°30' 

W 

7.6 (2500 m) 

0.84 (670 m) 

 Modelled climate Stuefer et al. (2007) 

Southern 

Andes 

transect 

53°S 4.4 (75°W, 0 m) 

10.9 (73°W, 383 m) 

0.9 (71°58' W, 8 m) 

0.5 (70°53' W, 6 m) 

 Met. station Schneider et al. (2003) 

MSL’s location 90 km inland of the Andes, at the edge of the rain shadow and sharp contrast 

between vegetated and arid landscapes, would suggest a lower annual precipitation than that 

observed and modelled to its west. Such a decrease in precipitation on the eastern side of the 
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Andes is reflected in the mean annual measured precipitation at Cochrane (726 mm), north-

northwest of MSL, as well as in modelled and measured precipitation at other low elevation sites 

east of the Andes range (Schneider et al., 2003; Stuefer et al., 2007; Garreaud et al., 2013). MSL 

sits at the northern edge of a break in the Andean range and therefore will experience less of a 

‘rain shadow’ effect than those regions latitudinally level with the SPI and NPI. However its 

location 160 km inland of the coast, east of mountains at the southern tip of the NPI, will be 

factors contributing to lower levels of precipitation than at the NPI and SPI which sit closer to 

the coast without orographic barrier to the precipitation bearing SWW. There is significant 

absence of precipitation measurements at higher elevations in the mountains to the east of the 

Patagonian icefields. Precipitation at MSL would be expected to be higher than these values 

obtained in the low valleys, due to the ice cap’s significant elevation, and in particular at 

Calluqueo Glacier due to the west-facing accumulation catchment and the addition of wind-

blown snow. WorldClim2 provides mean annual precipitation values at Calluqueo ranging from 

555 mm to 645 mm, lower than instrumentally measured values at Cochrane Aerodromo.  

Initialising the ice cap model with WorldClim2 and RACMO2.3 precipitation data (experiment B, 

section 7.4.1), alongside WorldClim2 temperature data and ‘default’ physical parameter values 

(Table 7.4) produced model simulations with too little and too much ice respectively in 

comparison to present-day ice extent (Figure 7.6). Both RACMO2.3 and WorldClim2 

precipitation datasets were therefore considered unrepresentative of precipitation at Calluqueo 

Glacier, with precipitation being too high and too low respectively. Although the spatial 

distribution of RACMO2.3 precipitation data across the catchment appears reasonable (Figure 

7.2g), scaling down precipitation across the catchment to create a more realistic value at MSL 

would in turn create unrealistically arid lower-altitude valleys.  

A new dataset was therefore created to model precipitation across the domain, based upon the 

30 year mean annual measured precipitation value at Cochrane Aerodromo, a given lapse rate 

and an ASTER GDEM (fig 2i and k). A range of lapse rate values were tested, and a final value 

selected through the process of model tuning (described further in section 7.4.2) with present-

day ice extent, thickness and velocity as a target. This method allows precipitation values at MSL 

to be tuned while still maintaining a realistic spatial distribution of precipitation across the 

domain. However, we acknowledge that it does not account for east-west gradients in the 

complex mountain topography of the study region. 
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Figure 7.6. Modelled ice thickness when initialised with precipitation from the WorldClim2 (A) and RACMO2.3 (B) 
modelled climate datasets. 

7.4. Model experiments  

7.4.1. Model parameter values 

Establishing realistic and suitable parameter values within PISM forms the basis of simulating 

the MSL ice cap. Incorrect model parameter values will lead to unrealistic simulations of the ice 

cap, skewing interpretations. The model is therefore aligned to match present-day glacier 

extent, thickness and velocity by tuning the initialising precipitation dataset (through adjusting 

the precipitation lapse rate) in combination with default established physical constant values 

from the literature (Table 7.4). Four sensitivity experiments with a total of 38 model runs were 

then undertaken using parameter value ranges from the literature to explore the impact of 

variation in ice rheology, bed strength and snow and ice positive degree-day melt factors on the 

modelled ice cap (Table 7.5). The suitability of the choice of literature-based parameter values 

and tuned precipitation dataset and is discussed in sections 7.4.3 and 7.5.  
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Table 7.4. Physical constants and parameter values used within the PISM model of the MSL ice cap. 

Name Default Units Description Source for default value and ranges in Table 7.3 

Physical constants    

𝐴 
3.8 x 

10-24 
Pa-3 s-1 Glenn’s flow law ice softness coefficient Gudmundsson (1994) and Paterson (1994) 

𝑔 9.81 m s-1 Acceleration due to gravity  

𝜌𝑖 910 kg m-3 Ice density  Greve and Blatter (2009) 

𝜌𝑤 1000 kg m-3 Fresh water density Greve and Blatter (2009) 

Fixed default parameters    

𝑒𝑠𝑠𝑎 0.6  SSA enhancement factor  

𝑛𝑠𝑖𝑎  3  SIA exponent  

𝑛𝑠𝑠𝑎  3  SSA exponent  

𝑀𝑧 200  Number of vertical ice layers  

𝑀𝑏𝑧 50  Number of vertical bedrock layers  

Bed smoothing 50 m Half-width of bedrock smoothing  

Tuned parameters  

Precipitation 

lapse rate 
1.35* mm m-1 Change in precipitation with change in elevation 

 

Sensitivity tests     

(𝑒𝑠𝑖𝑎) 3  SIA enhancement factor 
Golledge et al., (2012); Putnam et al., (2013); Ziemen et al., (2016); Yan 

et al., (2018) 

(τ𝑐) 35 kPa Basal yield stress 
Boulton and Jones (1979); Brown et al., (1987); Iverson et al., (1994); 

Porter et al., (1997); Golledge et al., (2012) 

(𝐹𝑠𝑛𝑜𝑤) 3 mm w.e. Positive degree day melt factor for snow 
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(𝐹𝑖𝑐𝑒) 8 mm w.e. Positive degree day melt factor for ice 

Lang (1986); Takeuchi et al., (1996); Arendt and Sharp (1999); Hock 

(2003); Anderson and Mackintosh (2006); Schneider et al., (2007); 

Golledge et al., (2012); Jouvet et al., (2017); Yan et al., (2018) 
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Table 7.5. Model tuning and sensitivity experiments included in this study, documenting the number of model runs, 
variable(s) tested, range of parameters explored, the model resolution and model run lengths for each experiment. 
*references for selected parameters ranges are given under the respective variable in Table 7.2. 

Experiment Aim 
Number 
of model 
runs 

Variable(s) 
tested 

Parameter 
range* 

Resolution 
(m) 

Run 
length 
(model 
years) 

(A) Data 
evaluation 

Test the suitability of 
modelled 
precipitation 
datasets for 
initialisation 

2 
Precipitation 
dataset 

RACMO2.3, 
WorldClim2 

500 250 

(B) Tuning 
Tune precipitation to 
match model to 
present day ice cap 

11 
Precipitation 
lapse rate 

0.01 – 1.5 
mm/m 

250 250 

(C) 
Sensitivity 

Determine 
sensitivity of the ice 
cap to changes in SIA 
enhancement factor 
in combination with 
basal yield stress 

9 

SIA 
enhancement 
factor  

1 – 5 

250 250 
Basal yield 
stress 

25 – 50 kPa 

(D) 
Sensitivity 

Determine 
sensitivity of the ice 
cap to changes in 
positive degree day 
melt factors for 
snow and ice in 
combination 

9 

Degree day 
factor for snow 

1.5 – 8 mm 
w.e. 

250 250 
Degree day 
factor for ice 

3 – 16 mm w.e. 

(E) 
Sensitivity 

Determine 
sensitivity of the ice 
cap to changes in 
surface air 
temperature, offset 
from present-day 

5 
Surface air 
temperature  

-1 – -5  500 750 

(F) 
Sensitivity 

Determine 
sensitivity of the ice 
cap to changes in 
mean annual 
precipitation, scaled 
from present-day 

6 Precipitation 75% – 200% 500 500 

(G) 
Sensitivity 

Determine 
sensitivity of ice cap 
to changes in 
temperature and 
precipitation 
combinations 

9 

Surface air 
temperature 

-1 – -3 

500 500 

Precipitation 125 – 200% 

7.4.2. Model tuning (Experiment B) 

Due to the absence of an appropriate precipitation dataset (section 7.3.4.3), experiments were 

run to tune precipitation to simulate the present-day ice cap by changing the lapse rate of the 

initialising precipitation dataset. A range of precipitation lapse rates from 0.1 mm m-1 to 1.5 mm 

m-1 were applied to the 30 year mean annual measured precipitation value at the Cochrane 

Aerodromo weather station. Default flow enhancement factor (3), basal yield strength (35 kPa) 

and DDF values (3 mm w.e. snow and 8 mm w.e. ice) were used (Table 7.4) alongside a constant 
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‘present-day’ WorldClim2 temperature dataset (section 7.3.3.3). Figure 7.7A shows significant 

differences in simulated ice extent when the model is forced with precipitation datasets derived 

from different precipitation lapse rates. Although there are discrepancies between simulated 

ice extent and present-day ice extent, a simulation forced by a precipitation dataset derived 

using a lapse rate of 1.35 mm m-1 matches closest to the present-day ice extent. Due to the 

discrepancies around the ice cap (over estimations in the north and south of the ice cap and 

underestimations of San Lorenzo and Rio Lacteo Glaciers) and with this wider study focusing on 

Calluqueo Glacier, we aim to obtain a best model fit with Calluqueo Glacier on the western side 

of the ice cap (Figure 7.7B). The suitability of a lapse rate value of 1.35 mm m-1 within a regional 

context and an assessment of the best fit model scenario is discussed in section 7.5. 

 

Figure 7.7. A) Simulated ice extent produced by PISM forced using spatially variable precipitation datasets derived 
from different precipitation lapse rate values. The grey polygon indicates present day ice area. B) inset map of an 
enlarged section of Calluqueo Glacier.  

7.4.3. Model sensitivity experiments  

7.4.3.1. Ice rheology and bed strength (Experiment C) 

The rheology of modelled ice can be adjusted using an enhancement factor to account for 

variables which may cause increased softening within the ice, such as anisotropy or the inclusion 

of sediment (Ritz et al., 1996; Parizek and Alley, 2004; Golledge et al., 2012). The shallow ice 
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approximation enhancement factor is applied to the relationship of the strain rate tensor of the 

ice with the ice temperature and liquid fraction: 

𝐷𝑖𝑗 = 𝑒𝐹(𝜎, 𝑇, 𝜔, 𝑃, 𝑑)𝜎𝑖𝑗
′               (7.3) 

𝐷𝑖𝑗 strain rate tensor  𝜎 stress 

𝑑 grain size 𝜎𝑖𝑗
′  stress deviator tensor 

𝑒 enhancement factor 𝑇 ice temperature 

𝑃 pressure 𝜔 liquid factor 

 

This relationship is incorporated within the Glenn-Patterson-Budd-Lliboutry-Duval flow law 

(Paterson and Budd, 1982; Lliboutry and Duval, 1985; Aschwanden et al., 2012). Values of 1, 3 

and 5 were chosen (Table 7.5) to reflect the range of values used and found to fit empirical data 

in other ice modelling studies in mountain environments (Golledge et al., 2012; Putnam et al., 

2013; Ziemen et al., 2016; Yan et al., 2018). A uniform fixed basal yield strength is applied to 

represent the strength of aggregate material at the ice-bed interface (the PISM authors, 2017). 

Values of 25 kPa, 35 kPa and 50 kPa were tested (Table 7.5), reflecting a range of measured 

values (Boulton and Jones, 1979; Brown et al., 1987; Iverson et al., 1994; Murray, 1997; Porter 

et al., 1997) and those tested in modelled mountain valley glaciers (Golledge et al., 2012). 

Previous sensitivity analysis of ice rheology and basal yield strength reveals a co-dependency 

between variables (Golledge et al., 2012) and hence they are tested in combination.  

Changing the basal shear strength parameter within PISM acts as a control on ice thickness and 

extent (Figure 7.8). Although it would be expected that a lower basal shear strength simulating 

a weaker substrate would lead to a longer and thinner glacier profile (Golledge et al., 2012), the 

simulations show that the lowest strength value tested (25 kPa) produces the shortest 

simulation of Calluqueo Glacier. As the model simulations evolve, they show initial rapid glacier 

advance beyond the final equilibrium position, before recession and stabilisation (Figure 7.8). 

Calluqueo Glacier advances rapidly at the start of the simulation due to an initial net positive 

mass balance.  The simulation with a basal shear strength of 25 kPa advanced furthest to a 

maximum distance ca 6.25 km down valley of the present-day glacier terminus, whereas the 50 

kPa simulation advanced only ca 5.25 km ahead of the present-day terminus, but produced a 

thicker glacier. This difference in glacier extent and thickness is a product of the basal shear 

strength where low bed strength initially leads to a longer and thinner glacier, with the ice able 

to flow down valley more readily. Excess ablation then leads to retreat of the terminus back to 

its equilibrium position (Cuffey and Paterson, 2010). Having established a greater thickness of 



184 
 

ice, the simulation with the stronger bed maintains its length and thickness during the ablation 

phase better than the thinner glacier formed over the weaker bed.  

It is thought that in scenarios of sudden decreases in basal shear strength, e.g. due to the input 

of meltwater and increase in basal water pressure, the accumulation zone thins as a result of 

increased mass flux down the glacier, with this thinning propagating down the glacier, increasing 

its length and reducing its thickness (Fountain et al., 2004; Cuffey and Paterson, 2010).  

The simulations show that implementing a flow enhancement factor of 3 produces a longer 

glacier profile, as would be expected for simulating ‘softer’ ice which deforms more easily by 

internal shear (Ritz et al., 1996; Parizek and Alley, 2004). Although not shown on Figure 7.8, 

implementing an enhancement factor of 5 does not change the glacier’s long profile when 

modelled at a 250 m horizontal resolution. It may be the case that running simulations at a 

higher resolution would enable the model to pick out these smaller variations in glacier profile.  
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Figure 7.8. A) Simulated ice cap extents at MSL under different basal shear strengths and flow enhancement factors. 
Coloured lines correspond to legend in Figure 7.8C. B) Inset map focusing on Calluqueo Glacier. C) Long profile of 
Calluqueo Glacier, corresponding to the profile A' A" in Figure 7.7A. Note the modelled bedrock (section 7.3.1) is unable 
to resolve a realistic bed at the lower section of the glacier, indicating an ice thickness of zero. The bed geometry is 
therefore estimated and shown by a dotted black line.  

7.4.3.2. Positive degree day melt factors (Experiment D) 

For sensitivity experiments D, E and F of other model parameters (Table 7.5), a shallow ice 

approximation enhancement factor and basal yield strength of 3 and 35 kPa respectively were 

set as mid-range values, in line with those found to best fit a similar mountain valley glacier 

setting in New Zealand’s Southern Alps (Golledge et al., 2012) and within the range observed 

globally (Table 7.4). 
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Glacier mass balance is determined in PISM by the implementation of a positive degree-day 

(PDD) model (section 3.7.2). Such a model is based upon the principle that snow and ice melt is 

strongly correlated to surface air temperature (Braithwaite and Olesen, 1989), due to its 

correlation with melt-driving energy balance components, in particular longwave atmospheric 

radiation and sensible heat flux (Sato et al., 1984; Braithwaite and Olesen, 1990; Lang and Braun, 

1990; Hock, 2003). Degree-day factors for snow and ice are key parameters for surface melting, 

determining the thickness of snow and ice melted per degree per PDD. These are constants 

within PISM’s degree-day model and can be tuned. Degree-day factor values vary spatially and 

temporally (Table 7.6), dictated by the relative weighting of individual components providing 

energy for melt (Hock, 2003). Where sublimation dominates in dry, high radiation areas, low 

degree-day factors are found, with less energy available for melt (Lang and Braun, 1990). 

Maritime environments in comparison to continental climates experience lower degree-day 

factors due to a larger degree of turbulent fluxes such as condensation. Elements such as higher 

air temperature and wind speed also dictate degree-day factors, resulting in a higher 

contribution of sensible heat flux relative to melting and in turn smaller degree-day factors, seen 

at lower elevation at the Greenland ice sheet (Ambach, 1988). 

Table 7.6. Measured degree day factors in mm w.e. d-1 °C in part after Hock et al. (2003). 

Location Degree day factor 

(snow) 

Degree day factor 

(ice) 

Reference 

Chico Glacier 4 6.5 Rivera (2004) 

Perito Moreno Glacier  2.7 to 4.3 Stuefer et al. (2007) 

  7.1 Takeuchi et al. (1996) 

Franz Josef Glacier (NZ) 3 6 Bravo et al. (2015) after 

Woo and Fitzharris 

(1992) 

 4.6 7.2 Anderson et al. (2006) 

Campo Nevado Ice Cap  7.6 Schneider et al. (2007) 

Aletschgletscher 

(Switzerland) 

5.3   

John Evans Glacier 

(Canada) 

2.7 to 5.5 5.5 to 7.6 Arendt and Sharp 1999 

To assess the sensitivity of modelled glaciers at MSL to changes in degree-day factor values, a 

range in mm water equivalent (mm w.e.) of 1.5, 3 and 8 for snow and 3, 8 and 16 for ice were 

chosen to reflect the range observed in Patagonia mountain glacier settings globally (Table 7.6) 

(Lang, 1986; Takeuchi et al., 1996; Arendt and Sharp, 1999; Hock, 2003; Anderson B. et al., 2006; 

Moller et al., 2007; Schneider et al., 2007) and in line with previous mountain glacier modelling 

sensitivity studies (e.g. Golledge et al., 2012; Jouvet et al., 2017; Yan et al., 2018). For testing the 
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sensitivity of other model parameters, degree-day factor values of 3 mm w.e. and 8 mm w.e. 

are used for snow and ice respectively in line with aforementioned previous modelling studies 

and similar to those measured in southern Patagonia (3.5 mm w.e. snow and 7 to 7.6 mm w.e. 

ice at Gran Campo Nevado (Moller et al., 2007; Schneider et al., 2007) and 2.7 to 7.6 at Perito 

Moreno Glacier (Stuefer et al., 2007)). Local variations in albedo, slope, aspect, wind, shading 

and surface roughness dictated by topography can cause local variation in melt rates and 

degree-day factor values (Hock, 2003; Wake and Marshall, 2015). Hence the implementation of 

a positive degree-day model may not fully account for processes which could lead to spatial 

variability in mass balance. By targeting a single ice cap and focus on an individual glacier, the 

scope of this variation is reduced.  

Model simulations show that setting low degree-day factors within PISM’s positive degree-day 

model produce a greater ice extent, while high degree-day factors lead to a smaller ice extent 

(Figure 7.9). When using low degree-day factors (e.g. values of 3 and 1.5 for ice and snow 

respectively), outlet glaciers flowing into low altitude valleys experience less melt for the same 

surface air temperature as when higher degree day factors are used. This results in ice 

maintained in the low altitude valleys. More specifically, simulations show that for the same 

increase in degree-day factor for snow and ice, an increase in ice melt causes a greater reduction 

in ice extent and volume than the same increase in snow melt (Figure 7.9: 𝐹𝑠𝑛𝑜𝑤 = 3  𝐹𝑖𝑐𝑒 = 3 

verses 𝐹𝑠𝑛𝑜𝑤 = 8, 𝐹𝑖𝑐𝑒 = 3 and 𝐹𝑠𝑛𝑜𝑤 = 3, 𝐹𝑖𝑐𝑒 = 8). This indicates a greater sensitivity of the ice cap 

to melting of ice in the ablation area than a reduction in mass input in the accumulation area. 
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Figure 7.9. Model simulations of the MSL ice cap under the implementation of different degree-day factors within 
PISM's positive degree-day model. 

7.4.3.3. Precipitation and temperature (Experiments E, F and G) 

In order to then further establish the control changes in climate have on the modelled ice cap, 

model simulations are run at stepped changes in mean annual air temperature and precipitation. 

For mean annual air temperature, offsets at one-degree intervals are applied from -1 to -5 

uniformly across the domain from the “present-day” WorldClim2 dataset. For precipitation a 

percentage scaling of 75%, 100%, 125%, 150%, 175% and 200% are applied across the domain 

from the “present-day” tuned precipitation dataset (section 7.4.2). For initial sensitivity 

experiments E and F precipitation scaling and temperature offsets are applied independently 

and systematically, with one variable changed for each simulation. Precipitation and 

temperature are then varied in combination in experiment G.  

Running constant-climate model simulations with step cooling from -1°C to -5°C illustrates how 

ice area and volume expands at an increasing rate with progressively colder simulations (Figure 

7.10 and Figure 7.11). Ice area increases with colder simulations as the ELA lowers, enabling 
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widespread ice growth. A thin layer of ice cover extends over areas of highest topography, 

alongside the growth of outlet glaciers into lower altitude valleys. Figure 7.11 shows how from 

-4°C to -5°C cooling from present-day, the rate of ice area growth begins to stabilise, while the 

rate of ice volume growth continues to increase. This is due to the distribution of ice growth at 

this stage of cooling. At -5°C the large areas of high topography are ice-covered and stable in 

their thickness. Ice growth is then primarily focused in the low altitude, steep sided valleys 

where ice is topographically confined and grows to large thicknesses for relatively small 

increases in ice area.  

 

Figure 7.10. Model simulations of the MSL ice cap under surface air temperature step cooling of 1 to 5 °C and present-
day constant precipitation. Present-day ice extent shown as black outline.  
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Figure 7.11. Modelled ice area and volume at equilibrium through five simulations under step cooling of -1 to -5 °C, 
corresponding to those shown in Figure 7.10. 

Model simulations forced by increasing levels of precipitation demonstrate an increase in ice 

area and volume across the model domain (Figure 7.12). Unlike with progressively colder model 

simulations, ice area does not grow at an increasing rate as precipitation increases (Figure. 7.13). 

This indicates that an increase in precipitation is not as effective at glaciating unglaciated 

topography as decreasing surface air temperature. As with step cooling, ice volume increases at 

an ever-faster rate under greater precipitation forcing, as outlet glaciers begin to occupy lower 

altitude valleys which provide the topographic space for increasing ice volume growth with 

proportionally little increase in ice area.  
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Figure 7.12. Model simulations of the MSL ice cap under increasingly scaled precipitation forcing from present-day. 
Surface air temperature is set constant to present-day. Present-day ice extent shown as black outline. 

 

Figure. 7.13. Modelled ice area and volume at equilibrium through five simulations under increasingly scaled 
precipitation forcing, corresponding to those shown in Figure 7.12. 

Model simulations initialised with combinations of decreasing temperature and increasing 

precipitation lead to significant ice growth. While independently decreasing temperature by 3°C 

and scaling precipitation by 200% only lead to a relatively small increase in the length of 

Calluqueo Glacier (ca 6 km from the present-day ice front) (experiments E and F, Figure 7.10), 
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combining this decrease in temperature and increased precipitation lead to a much greater 

advance in glacier length of 28 km (Figure 7.14). Such a difference in ice growth shows the impact 

of increased precipitation falling as snow due to the decreased temperature, combined with less 

of this snow melting annually. The simulation of advanced Calluqueo Glacier growth also shows 

how the glacier bifurcates at the Salto-Tranquilo valley confluence, having sufficient mass to 

advance up a reverse bed gradient. In this advanced state there is also contribution of ice from 

accumulation areas on the Barrancos mountains to the west and topographic highs to the south.  

 

Figure 7.14. Model simulations of the MSL ice cap under combined surface air temperature step cooling of 1 to 3 °C 
and precipitation scaling of 125% to 200%. 



193 
 

7.5. Discussion 

I have used the Parallel Ice Sheet Model (PISM) to produce a three-dimensional simulation of 

the MSL ice cap and outlet glaciers in a state approximate to that of the present-day, with a 

focus on Calluqueo Glacier. The simulation matches the present-day extent, thickness and ice-

surface velocity of Calluqueo Glacier well, operating within a number of areas of uncertainty 

discussed here. The simulation was initialised using established ‘default’ parameter values from 

the literature (Table 7.4, sections 7.4.1 and 7.4.3) alongside an appropriate WorldClim2 

modelled surface air temperature dataset and tuned precipitation dataset (section 7.4.2). The 

model was tuned for precipitation given the significant absence of and uncertainty surrounding 

measured and modelled precipitation data in the region (section 7.3.4).  

7.5.1. Assessment of best fit scenario 

Based upon a mean annual precipitation value of 726 mm year-1 at 182 m asl, measured at 

Cochrane Aerodromo, an applied lapse rate of 1.35 mm m-1 produces a model output which best 

replicates the present-day ice cap (Figure 7.15A). Due to the scarcity of meteorological data from 

the Patagonian icefields and the surrounding region, in particular on ice masses at contrasting 

elevations, there is little measured precipitation lapse rate data (Table 7.3). This data is varied, 

ranging from 0.00252 mm m-1 to 3.7 mm m-1, likely due to the complex topography creating 

strongly site-specific precipitation gradients. However, the best-fit lapse rate of 1.35 mm m-1 

falls within this range. This gives precipitation values at Calluqueo Glacier of 1223 mm year-1 at 

the glacier tongue (545 m asl) and 2659 mm year-1 at the ELA (1614 m asl). Precipitation increases 

to 5483 mm year-1 at the summit of the massif (3706 m asl). On a west-east transect, mean 

annual precipitation and accumulation values over the wetter western and central Patagonian 

icefields ranges from 2000 mm to 15000 mm (Fujiyoshi et al., 1987; Escobar et al., 1992; Carrasco 

et al., 2002; Garreaud et al., 2013; Schaefer et al. 2013), reducing to between 7600 mm and 

2500 mm on the eastern outlet glaciers (Rivera 2004; Steufer et al., 2007) (section 7.3.4.3, Table 

7.3). Precipitation between ca 1200 mm year-1 and 5500 mm year-1 at MSL, 70 km to the east of 

the NPI is therefore reasonable. The ELA-based precipitation reconstruction at Calluqueo Glacier 

from this study (chapter 6) gave a present-day precipitation estimate of 2465 ± 204 mm year-1 

at the ELA (1614 m asl), ca 7% drier than the model derived value, but within error. The use of 

established positive degree-day melt factor values when achieving the present-day simulation 

further suggests the precipitation estimate is realistic. Any variation in precipitation could be 

balanced by changing the degree-day melt factors.  

Precipitation sensitivity experiments show that initialising the model with 25% less precipitation 

produces a small reduction in ice extent (Figure 7.12). Such a reduction could be counteracted 
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by a reduction in positive degree-day melt factors. Degree-day melt factor sensitivity 

experiments indicate that adjusting these values across a broad literature range causes a 

significantly larger change in ice extent than for a 25% change in precipitation. Hence, a 25% 

reduction in precipitation could likely be counteracted by a small change in melt factor values, 

relative to the range of values tested.  

 

Figure 7.15 Total ice thickness (A) and temperate ice thickness (B) for the best-fit scenario of the modelled MSL ice 
cap. The white line in (A) denotes the present-day ice extent and glacier catchment divides. 

While the model has been tuned primarily to match with Calluqueo Glacier, it is unable to 

replicate the extent of the ice cap as a whole (Figure 7.15A). The present-day model simulation 

overestimates ice to the north and south of the ice cap, forming glaciers in currently deglaciated 

valleys. This is likely because the spatial variation in precipitation across the ice cap is not well 

replicated by the precipitation lapse rate model dataset, making these high elevation valleys too 

wet. With the dominant precipitation source from the westerly winds, the north-east and south-

east aspects of the valleys catchments are likely drier than the lapse rate derived precipitation 

dataset suggests. Reconstructing topographically controlled precipitation is especially difficult, 

especially in mountain environments where topography is complex and changes dramatically 

over a small area.  

The model also underestimates the extent of San Lorenzo Glacier and Rio Lacteo Glacier. 

Satellite imagery shows that these glaciers are covered by a thick layer of debris, as illustrated 

by supraglacial ponding, which insulates the ice reducing melting. PISM simulations do not 

account for this reduction in melt, and hence may for this reason simulate debris covered 

glaciers to be greater in extent than those observed. 

7.5.2. Key insights from modelling 
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7.5.2.1. Surface mass balance 

The present-day simulation of the MSL ice cap shows accumulation over the high peaks up to 

5.5 m w.e. per year (Figure 7.16A). At an elevation of 3000 to 2000 m asl, the accumulation is 

between 4.5 and 2.5 m w.e., decreasing to 1 to 0.5 m w.e. at the tongues of Calluqueo and San 

Lorenzo Sur Glaciers (1250 to 500 m asl). Ablation is highest at the outlet glacier tongues, up to 

18 m w.e. on the tongue of Calluqueo Glacier and 12.5 m w.e. on the flat plateau of San Lorenzo 

Sur Glacier (Figure 7.16B). Ablation decreases with elevation up the ice cap, with a minimum of 

0.5 mm w.e. annual ablation at the highest elevations. The maximum annual surface mass 

balance of the MSL ice cap is 4.8 m w.e. at the massif’s peak, decreasing to zero at the 

equilibrium line between 1750 m asl and 2000 m asl (Figure 7.16C). The lowest mass balance 

occurs at the glacier tongues, with values of -3 m w.e. to -6.5 m w.e. in the lower ablation area 

of Calluqueo Glacier. It should be acknowledged that in these simulations the ice cap is modelled 

to a state of equilibrium with climate. In reality outlet glaciers at MSL are receding (Falaschi et 

al., 2013), and therefore it would be expected that the distribution of mass balance is more 

negative. However, this study provides the first quantitative estimate of mass balance at MSL, 

which in the absence of empirical mass balance data, is of value. Modelling the ice cap under a 

transient state of present-day recession is a potential area of future investigation.  
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Figure 7.16 Spatial distribution of annual accumulation (A), ablation (B) and surface mass balance (C) across the MSL 
ice cap. The green line in (C) denotes the Equilibrium Line.  

7.5.2.2. Ice velocity, basal sliding and temperate ice 

Figure 7.17 shows a basal ice velocity up to ca 330 m a-1, demonstrating basal sliding at the ice 

cap, in particular at locations of steepest bedrock slope, at Calluqueo Glacier in the west and in 

the catchment of San Lorenzo Glacier in the southeast. High basal driving stresses across the ice 

cap greater than the constant basal shear strength of 35 kPa (Figure 7.18) enable basal sliding, 

facilitated by temperate ice at the pressure melting point. At Calluqueo Glacier, driving stresses 

are between 50 kPa and 200 kPa. Temperate ice is found at MSL’s outlet glaciers, where ice is 

thickest, the bed is insulated, and surface air temperature is warmer due to lower elevations 

(Figure 7.15). At highest elevations at the top of the massif, thinner ice and colder surface air 

temperatures results in cold-based ice, frozen to the bed and unable to slide.  
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The simulation shows good agreement with observed ice surface velocity from the Global Land 

Ice Velocity Extraction Landsat 8 (GoLIVE) Version 1 dataset (Fahnestock et al., 2016; Scambos 

et al., 2016) (Figure 7.17). The model replicates well the ice surface velocity at Calluqueo Glacier, 

particularly in the area of fast ice flow at the lower section of the glacier. This area has a GoLIVE 

measured velocity of 340 to 390 m a-1, while the modelled ice has a surface velocity of 320 to 

340 m a-1. A similar magnitude in basal and ice surface velocity indicates that internal shear plays 

less of a role in ice flow and that the internal deformation velocity is negligible.  

 

Figure 7.17. Basal ice (A) and surface ice (B) velocity of the modelled MSL ice cap. C) Ice surface velocity  of the MSL 
ice cap taken from the Global Land Ice Velocity Extraction from Landsat 8 (GoLIVE), Version 1 (image 
L8_231_093_032_2017_307_2017_339_RTT1, 3/11/2017 to 5/12/2017) (Fahnestock et al., 2016; Scambos et al., 
2016). 

 

Figure 7.18 Driving stress at the base of the ice as a result of the driving force due to gravity. 

The x,y horizontal grid resolution used in the model simulations has a significant impact on the 

model’s ability to resolve glacier dynamics such as ice-flow distribution and ice velocity, but also 
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dictates the model wall clock time. An optimal resolution therefore had to be found considering 

experimental efficiency. At the lowest resolution run (1 km), the model is unable to simulate ice 

growth within the narrow outlet valleys, most notably Calluqueo Glacier draining to the west of 

the ice cap, and San Lorenzo Glacier draining to the south (Figure 7.19). This is to be expected 

given the present-day glacier width where confined to these valleys is ca 1 km to 1.5 km, and 

therefore glacier extent is underestimated. This is improved at higher resolution, with a 250 m 

horizontal grid sufficient to simulate present-day ice extent and thickness at Calluqueo Glacier, 

San Lorenzo Glacier and Rio Oro Glacier.  

 

Figure 7.19. Modelled ice cap extent and thickness for three model simulations under the same model parameters and 
climate forcing, but at 1 km, 500 m and 250 m horizontal grid resolutions. 

7.5.2.3. Sensitivity to past climate 

Once a tuned simulation of the present-day ice cap has been obtained, the model can then be 

forced under palaeoclimate conditions to examine the agreement between simulations of the 

past ice cap and ice cap reconstructions obtained from empirical data (chapter 6). The West 

Antarctic Ice Sheet (WAIS) Divide surface air temperature reconstruction (Cuffey et al., 2016) 

provides estimates of past temperature offsets from present-day, while ELA reconstructions of 

Calluqueo Glacier allow estimates of past precipitation to be calculated for these given 

temperatures following the method of Ohmura et al., (1992) (chapter 6) (Table 7.7). The ELA and 

precipitation reconstructions are limited to periods where Calluqueo Glacier has a single flowline 

fed by a single isolated catchment, so it was not possible to obtain precipitation estimates for 

periods older than ca 12.1 ka when Calluqueo Glacier was advanced, bifurcated and fed by 

multiple catchments. 
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 WAIS Divide – ELA reconstruction Model climate forcing 

Time period 

Temperature offset 

from present (°C) 

Precipitation at ELA 

from present (%) 

Temperature offset 

from present (°C) 

Model precipitation 

scaled from present 

(%) 

LIA -0.7 119 to 129 -1 125 

Mid-Holocene (ca 5.6 ka) -0.3 124 to 133 0 150 

12.1 ka -1.1 133 to 137 -2 150 

Table 7.7 Calculations of precipitation based upon ELA reconstructions (chapter 6), following the method of Ohmura 
et al., (1992) under given temperature offsets from present (West Antarctic Ice Sheet (WAIS) Divide surface air 
temperature reconstruction (Cuffey et al., 2016)). Temperature and precipitation forcing combinations which initialise 
the ice cap model to best fit empirical ice extent reconstructions (Figure 7.20). 

The WAIS Divide temperature and ELA-based precipitation reconstructions provide an indication 

of past climatic conditions with which to compare to climate conditions required by the model 

to simulate the respective reconstructed ice extents. Figure 7.20 shows the best fit model 

simulations to reconstruction of ice extent for the LIA and mid-Holocene (A, B and C), 12.1 ka 

(D) and 12.5 ka and the ACR (E). Three tested precipitation and temperature combinations 

provided an approximate fit of the simulated Calluqueo Glacier to the LIA and mid-Holocene 

reconstruction, constrained by the latero-terminal M13 moraine. The closest of these to the 

WAIS Divide and ELA-precipitation reconstructions for the LIA is a combination of -1°C and 125% 

precipitation (Figure 7.20B, Table 7.7). The closest of these to the WAIS Divide and ELA-

precipitation reconstructions for the mid-Holocene is a combination of 0°C offset and 150% 

precipitation (Figure 7.20B, Table 7.7). A greater agreement could potentially be achieved 

through higher model resolution simulations, and smaller iterations of temperature and 

precipitation offset. This should be an area for further investigations to further constrain past 

climate conditions at the LIA and mid-Holocene. While Calluqueo Glacier extends to the LIA 

latero-terminal moraine under these climate conditions, Tranquilo Glacier on the north side of 

MSL does not reach the LIA limit. This is likely because Tranquilo Glacier has smaller, lower 

elevation cirque (ca 1000 m asl.) with a steep headwall, and hence when forced with a lapse-

rate derived precipitation dataset, has a comparatively lower accumulation.  

The best fit model simulation to ice at the 12.1 ka reconstruction of Calluqueo Glacier requires 

model initialisation of -2°C and 150% precipitation from present, 0.9°C colder and ca 15% wetter 

than from the WAIS Divide-ELA reconstruction (Figure 7.20D, Table 7.7). The WAIS-Divide record 

suggests that surface air temperature at the ACR was up to 3°C colder than present, while pollen 

and charcoal records indicate a cold and wet climate during this period (Moreno, 2004; Whitlock 

et al., 2007; Villa-Martínez et al., 2012). Initial model runs at -3°C from present and 200 % 

present-day precipitation are not able to simulate the full extent of Calluqueo Glacier at the ACR 

(Figure 7.20E), producing a glacier 16 km short of the ACR dated M1a frontal moraine (Davies et 

al., 2018) (chapter 5). This simulation barely reaches further than the reconstructed 12.5 ka ice 
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extent, at which time the WAIS-Divide record indicates -2°C surface air temperature from 

present. The simulation however greatly overestimates the size of Tranquilo Glacier, likely due 

to an overestimation of precipitation. The strong east-west precipitation gradient is not taken 

into account, and given the northeast orientation of Tranquilo Glacier’s catchment, a lower level 

of precipitation would be expected than is found within the lapse rate derived precipitation 

dataset for the lee side of MSL.  

The large discrepancies seen between the model simulations of Calluqueo Glacier and WAIS 

Divide-ELA climate reconstructions at 12.1 ka, 12.5 ka and the ACR are likely because at the ACR, 

ice was in a period of readvance during overall deglaciation from the LGM. The climate 

conditions at this point therefore reflect a readvance and stabilisation from an already large ice 

mass and are not cold enough to force the simulation to form such a significant mass of ice. It 

may therefore be the case that the model should be forced under significantly colder and 

potentially wetter LGM conditions to grow an ice mass far beyond the ACR limit. The model 

should then be run under transient climate conditions with the aim to simulate an ACR 

readvance. 
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Figure 7.20 Model simulations of the MSL ice cap under combined surface air temperature step cooling of 1 to 3 °C 
and precipitation scaling of 125% to 200% to best fit palaeo ice mass reconstructions (chapter 6) from the Little Ice 
Age (LIA), mid-Holocene, ca 12.1 ka, 12.5 ka and the ACR.  

7.5.3. Future research 

This new simulation of the present-day MSL ice cap provides the basis for future work. Due to 

the variability in simulated ice extent, volume and dynamics under different model parameters, 

it would be of benefit to undertake further sensitivity experiments testing initialising parameters 

in combination. For example, it would be of benefit to explore combinations of precipitation 

lapse rates and degree-day factors which initialise the model to present-day ice extent, as there 

is little empirical data and significant natural variability. Geothermal basal heat flux is also 

difficult to constrain with no in-situ measurements, so running further sensitivity experiments 

to quantify its impact on model simulations would be of benefit. Higher resolution simulations 

of ice in the LIA and mid-Holocene at smaller climate increments would also be beneficial to 

better constrain climatic conditions during these periods. Alongside this, the bathymetry of 

Calluqueo lake should be incorporated into the model bedrock DEM to simulate these smaller 

ice extents as accurately as possible. Bathymetric data show that Calluqueo lake has a maximum 

depth of 220m (Piret and Bertrand, personal communication, 20 August 2019). Given current 

simulations give 175 m thick ice over the present-day lake, it is anticipated that incorporating 
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lake bathymetry could alter simulated Calluqueo Glacier ice thickness and extent at 250 m (x, y), 

by 50 m (z) or higher resolution.  

Alongside response time experiments for abrupt changes in temperature and precipitation, 

simulating the ACR with transient model runs represents a priority for future work. These 

simulations would help to refine the envelope of past temperature and precipitation conditions 

at this time and allow investigations into to run investigating rates of ice change during 

deglaciation. A further key point of investigation is to examine the impact of calving on the 

simulated ice dynamics. This is particularly necessary given the evidence for large ice dammed 

palaeolakes north of MSL until ca 12.7 ka, into which Calluqueo Glacier terminated (Davies et 

al., 2018; Martin et al., 2019; Thorndycraft et al., 2019). Finally there is the potential to simulate 

the ice cap under IPCC scenarios of future climate to predict ice cap change though the 21st 

century.   

7.6. Conclusions 

• This study uses the Parallel Ice Sheet Model (PISM) to create a new simulation of the 

present-day MSL ice cap, initialised using WorldClim2 modelled surface air temperature 

and a tuned lapse-rate derived precipitation dataset. This is the first time PISM has been 

applied to model a Patagonian ice cap.  

• A precipitation dataset based upon a lapse rate of 1.35 mm m-1 produces a simulation 

which matches well with present-day ice. It results in mean annual precipitation at 

Calluqueo Glacier, MSL, between 1200 mm and 5500 mm. These values are in line with 

sparse local measured records and regional modelled climate data. 

• Sensitivity experiments show that higher basal shear strength leads to a thicker and 

longer profile of Calluqueo Glacier. This is due to the impact of ablation at low altitudes 

following rapid initial ice growth.   

• Sensitivity experiments demonstrate a significant sensitivity of the model to changes in 

positive degree day snow and ice melt factors, with greater sensitivity being to melting 

of ice in the ablation area than a reduction in mass input through snow melt in the 

accumulation area. 

• Precipitation and temperature sensitivity experiments demonstrate ice area and volume 

increase with cooling and precipitation increase. A decrease in temperature is shown to 

be more affective at glaciating unglaciated topography than an increase in precipitation. 

• Cold-based ice, frozen to the bed, occupies higher elevations of the MSL ice cap (> ca 

1800 to 2200 m asl), while temperature, warm-based ice of outlet glaciers is found at 
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lower elevations. Temperate ice flows at the bed at up to 330 m a-1, with negligible 

internal ice flow velocity. 

• The simulated ice cap shows high surface mass flux, with ablation at outlet glacier 

tongues up 18 m w.e. a-1, and accumulation at highest elevations up to 5.5 m w.e. a-1. 

Surface mass balance ranges from +4.8 m w.e. a-1 to -6.5 m w.e. a-1 with a simulated 

Equilibrium Line Altitude between 1750 m asl and 2000 m asl. 

• Combined variable temperature and precipitation initialised simulations shows that the 

model matched WAIS Divide-ELA temperature and precipitation reconstructions at the 

LIA, however greater discrepancy is seen with simulations of greater ice extent, 

requiring further investigation through higher resolution and transient simulations. 
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8. Discussion 

Herein, the results of this work and their implications are discussed within a broader regional 

and global context to address RQ 5, Aim 3 and Obj. 7 of this thesis. In section 8.1, the spatial 

and temporal evolution of landsystems north of the MSL ice cap, devised in chapter 4 from newly 

mapped sediment-landform assemblages, is firstly discussed. These landsystems are then 

compared to temperate and polythermal glacial landsystems observed globally, both through 

processes which operate and the landforms which result. In section 8.2, the newly established 

record of deglaciation at the MSL ice cap (chapter 6) is examined within the context of the record 

of post-ACR glacier recession on the eastern margin of the NPI and SPI. These records of 

Patagonian deglaciation are discussed to highlight the main periods of glacier readvance and 

still-stand immediately following the ACR and through the Holocene. The new post-ACR 

deglaciation record of Calluqueo glacier, alongside previously discussed Patagonian records, is 

then compared to late-glacial and Holocene southern hemisphere deglaciation records in New 

Zealand, the sub-Antarctic Islands and Antarctic Peninsula. In section 8.3 results of glacier model 

sensitivity and palaeo-glacier simulation experiment (chapter 7) are discussed within the context 

of highly climatically sensitive maritime and continental glaciers in Patagonia and New Zealand, 

to establish the relative key climate controls at the MSL ice cap. The post-ACR record of 

deglaciation of Calluqueo glacier (chapter 6) is then evaluated within the Patagonian and wider 

southern hemisphere palaeoclimate record. Key reference is made to evolution of the southern 

hemisphere ocean-atmosphere system during the period of rapid warming following the ACR, 

to help contextualise the drivers of deglaciation at the MSL ice cap.   

8.1. Landsystems of the Monte San Lorenzo ice cap and northern region 

8.1.1. Spatial and temporal evolution of landsystems 

Chapter 4 details the landsystems found on the northern flanks of MSL and in the valleys directly 

to the north of the ice cap, revealed by sediment-landform assemblages. Evidence for valley-

confined land-terminating glacier, high-altitude mountain valley glacier and glaciolacustrine 

landsystems are all found in this small region, juxtaposed in adjacent valleys. Of these only the 

high-altitude mountain valley landsystem is active today and it is evident the landsystems in 

these valleys have evolved through space and time following the ACR.  

Davies et al. (2018) found that during an ACR readvance, ice sourced from MSL occupying the 

northern Salto valley discharged into the ca 350 m asl Lago Chelenko, and formed the Esmeralda 

moraines (M1a, chapter 4) at 13.4 ± 0.2 ka (Figure 8.1A). The glacier terminus remained in a 

glaciolacustrine environment likely during the first ca 1000 years of subsequent recession until 
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drainage of Lago Chelenko at ca 12.4-11.8 ka (Thorndycraft et al., 2019) (Figure 8.1B). At this 

time the glacier terminus was approximately at the margin of M5. Following lake drainage, the 

glacier became land-terminating and receded up the Salto valley with periodic stillstands or 

minor readvances (Figure 8.1C). A land-terminating glacial landsystem operated during the 

Holocene in the Salto valley and then continuing in the Pedregoso valley as ice receded further 

(Figure 8.1C to F). Following the LIA and the formation of M13 the present-day Calluqueo glacier 

terminated into Lago Calluqueo in a glaciolacustrine setting, before receding to its present-day, 

land-terminating position.  

Ice occupying the Tranquilo valley, after initially existing in a land-terminating setting at the 

Brown moraines (Figure 8.1A), receded west to form the 520 m asl ice-dammed palaeolake 

Tranquilo, in turn transitioning into a glaciolacustrine landsystem (Figure 8.1B and C). Further 

recession and the resulting opening of the 425 m spillway at the Tranquilo-Salto confluence 

produced a drainage reversal of palaeolake Tranquilo (Figure 8.1C and D) with the Brown 

moraines outflow pathway abandoned at 520 m asl when lake level fell to 425 m asl. This 

drainage reversal would therefore have contributed increased meltwater flux as well as likely 

GLOF drainage events, a hypothesis supported by the Salto moraine boulder bar and incised 

bedrock reaches (chapter 4, Figure 4.15C).  

Following final drainage of palaeolake Tranquilo as ice receded out of the Tranquilo valley, ice 

receded up the Predregoso valley (Figure 8.1D and E). The inferred frontal margin of the M12 

lateral moraine, south of the Tranquilo-Pedregoso confluence and dated to a UWM age of 12.1 

± 0.4 ka, suggests that ice must have receded out of the Tranquilo valley by this time.  

Once ice had receded up the Pedregoso valley a paraglacial landsystem operated with rock-slope 

failure forming talus slopes and cones, and the glaciofluvial remobilisation of glaciogenic 

sediment deposited as alluvial fans and valley floor floodplain (Figure 8.1E). It is evident that the 

well-vegetated and fluvially-entrenched alluvial fans are no longer depositionally active, but 

formed during the Holocene following ice recession, and as such resemble Holocene fans found 

elsewhere (Ryder, 1971; Ballantyne, 1991; Beaudoin and King, 1994). Alongside this, there is 

little evidence for significant active large-scale rock-slope failure, with only isolated minor rock 

falls on the high valley sides. An evident reduction in glacially conditioned sediment release 

through either exhaustion of sediment or sediment stability being attained, suggests that the 

paraglacial period in the Salto, Tranquilo and Pedregoso valleys has ended and moved towards 

a ‘non-glacial’ state (Ballantyne 2003). Active remobilisation of drift-mantled slopes in the most 

recently deglaciated sections of high-altitude mountain valleys, and near present-day ice 

margins, particularly at Calluqueo, suggests that paraglacial processes currently operate in these 
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areas. The high-sinuosity meanders of the lower Salto valley suggest a transitioning to a fluvial 

landsystem (Figure 8.1F).  
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Figure 8.1. Glacier, palaeolake and landsystem evolution model of the deglaciation of the northern MSL ice cap 
highlighting the evolution in landsystems. Blue arrows show lake outflow pathways. Dashed blue arrow indicates 
potential subglacial drainage pathway. Red lines show moraine ridges. 

8.1.2. Landsystems within a global context 

The large range of landforms and sediments in temperate glacial settings globally reflects the 

variety of sediment source, transport, deposition and modification processes (Table 8.1, Table 

8.2) (Eyles, 1983; Spedding and Evans, 2002; Benn et al., 2003; Golledge, 2007; Glasser et al., 

2009; Hambrey and Glasser, 2012; Evans and Orton, 2015; Ingólfsson et al., 2016; Evans et al., 

2018b; Malecki et al., 2018; Sutherland et al., 2019). The majority of temperate, land-

terminating glacier landsystem studies focus on active glaciers, and as elucidated by Glasser et 

al. (2009), on the areas directly in front of the actively receding margin. A number of these 

studies come from Iceland (e.g. Evans et al. (1999); Evans and Twigg (2002); Bennett et al. 

(2010)) where the forelands of active piedmont glaciers are occupied by low amplitude, arcuate, 

linear and saw-tooth push moraines, closely associated with flutings and dissected by proglacial 

meltwater channels, leading to expansive, topographically unconstrained pitted outwash plains. 

These features are the typical product of active temperate glaciers. Basal ice at the pressure 

melting point and high volumes of sub-glacial meltwater facilitate basal sliding and bed 

deformation, leading to the formation of subglacial bedforms and annual to multi-decadal 

readvance push moraines (Boulton, 1976; Benn, 1994; Krüger, 1995; Evans and Hiemstra, 2005). 

Flutings overtopping moraines, crevasse-squeeze ridges and thrusted blocks of bedded outwash 

provide evidence for surge activity (Evans and Rea, 1999; Kjær et al., 2008; Evans et al., 2010, 

2017). 

These active systems have been used as modern analogues for reconstructing Quaternary glacial 

landsystems in the Southern Hemisphere, where similar landform assemblages are found. The 

outlet valleys of New Zealand’s Southern Alps contain expansive outwash plains and drumlin 

fields associated with and often overprinted by eskers, flutes, and push-moraine ridges (Mager 

and Fitzsimons, 2007; Carrivick and Rushmer, 2009; Evans et al., 2013; Sutherland et al., 2019). 

Significant fluvial reworking occurs with proglacial meltwater channels dissecting and breaching 

larger end moraines. Unlike in Iceland, higher mountain topography facilitates valley-side debris 

input to the glacier surface from rockfall and scree, leading to supraglacial transport, deposition 

of angular boulders at the ice margins and irregular hummocky moraine (Boulton, 1972; Benn, 

1992). The same assemblage of landforms is also found in the expansive topographic lowlands 

to the east of the Patagonian Icefields and in the Chilean Lake District (Table 8.1) (Bentley, 1996; 

Andersen et al., 1999; Schlüchter et al., 1999; Glasser et al., 2009; Bendle et al., 2017b; Darvill 

et al., 2017), although with notable abundance of glaciolacustrine landforms (raised deltas, 

palaeoshorelines, laminated lake sediments) in the Lago Buenos Aires and Lago Pueyrredón east 
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of the NPI (Glasser et al., 2005; Douglass et al., 2006; Hein et al., 2009, 2010; Smedley et al., 

2016; Bendle et al., 2017b).  

Again a similar array of temperate, subglacial landforms are found in the British Isles (Table 8.1), 

for example in the northern Pennines (Evans et al., 2018; Davies et al., submittedb) but with an 

abundance of lateral, subglacial and proglacial meltwater channels in the glaciated landscape. 

The formation of ice-marginal, lateral meltwater channels may be indicative of periodic 

polythermal or cold-based ice conditions at the margins of the icefield as a result of oscillating 

climatic conditions (Hooke, 2005; Evans et al., 2018). Lateral meltwater channels have been seen 

forming at active temperate glaciers in Alaska as a result of high subglacial hydraulic gradients 

towards the ice margin, therefore decreasing marginal permeability (Syverson and Mickelson, 

2009). These features are less abundant in Patagonia and New Zealand providing further 

evidence for predominantly temperate conditions.  

Numerical model simulations of the MSL ice cap give evidence for fast-flowing, temperate ice 

(chapter 7), however the landsystems of the high mountain valleys and lower altitude outlet 

valleys to the north of the ice cap are significantly different to the temperate piedmont, ice lobe 

and ice sheet systems. The high altitude mountain valleys of Cordon Esmeralda are more akin to 

the classic ‘glaciated valley’ landsystem (Boulton and Eyles, 1979; Eyles, 1979), with prominent 

arcuate terminal and established valley-side lateral moraines with smaller inset recessional 

dump and push moraines, dissected by proglacial meltwater channels. Similar assemblages are 

found in the Peruvian and Bolivian Andes and European Alps (Table 8.1). A primary component 

of these systems is traditionally supraglacial debris fed from the valley side and in turn debris 

covered glaciers. Those on Cordon Esmeralda however show a prevalence of annual moraines 

superimposed on well preserved flutes and subglacial sediments. This indicates both numerous 

oscillations of the frontal ice margin and an exposed valley bed not subsequently covered by 

debris, both indicative of a ‘clean’ valley glacier with less sediment supply from the valley side 

(Eyles, 1979; Benn and Evans, 2010). Similar cirque architectures are seen on the Isle of Skye at 

the Coire Lagan formed during the Younger Dryas (Benn and Evans, 2010), as well as in front of 

present day, actively receding glaciers such as at Maradalsbreen, Norway (Benn et al., 2003).  

The temperate glacier landsystem in the lower-altitude, topographically constrained valleys 

differ further still. The main features are terminal dump moraines and kame terraces, formed at 

periodic stillstands during an overall period of steady ice recession, as opposed to minor 

readvances forming push moraines. As in the outlet valleys of the Younger Dryas plateau icefield 

system in the Monadhliath, Scotland, there is a general low abundance of valley floor moraines, 

and inter-valley variation. In Scotland, this has been attributed to low debris turnover and low 

moraine preservation due to the presence of buried ice, indicative of cold to polythermal glacier 
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conditions (Ó Cofaigh et al., 2003; Boston et al., 2015). In the temperate Patagonian setting 

however, the absence of valley floor moraines is likely due to the largely continuous ice retreat 

during deglaciation with little oscillation of the ice front, combined with high volumes of 

meltwater leading to dominant proglacial meltwater sediment transport and reworking 

processes (Table 8.2). Within the narrow, steep sided valleys, moraine features and subglacial 

bedforms seen in temperate settings elsewhere are absent, potentially removed or buried. The 

valley floor is filled with outwash and braided glaciofluvial valley systems.  

Glaciolacustrine landsystems are found in central Patagonia in close association with the 

lowland, valley-confined glacier landsystems. North of the MSL ice cap, these two landsystems 

are juxtaposed in the adjacent Tranquilo and Salto valleys (chapter 4). The Tranquilo valley 

contains stepped deltas, analogous to those found around the margins of Lago General 

Carerra/Buenos Aires (Bell, 2008, 2009; Glasser et al., 2009; Bendle et al., 2017b) and in the 

Torres del Paine region (García et al., 2014). On a similar scale to Tranquilo, raised deltas as well 

as subaqueous fans are found along the margins of the Thompson valley in British Columbia, 

deposited in glacial palaeolake Thompson, dammed by ice during the decay of the Cordilleran 

Ice Sheet (Johnsen and Brennand, 2004, 2006). These deposits, as in the Tranquilo valley, are 

located at tributary valleys suggesting that tributaries were the primary source of sediment as 

opposed to the ice front. Mountain river catchments feeding into palaeolakes provide the 

sediment point source for the delta to form. In contrast, the Salto valley contains the large ice-

contact subaqueous Juncal fan, with a clear ice-front sediment source and no valley-side 

tributaries and associated deltas. Ice-contact fans and deltas formed in ice-dammed lakes are 

also found in Scotland with examples at Glen Roy (Peacock, 1986; Palmer and Lowe, 2017; 

Sissons, 2017), the northern Cairngorns (Brazier et al., 1998) and Achnasheen (Benn, 1989; Benn, 

1992). At the latter of these sites cross-valley morainic ridges are also found, deposited 

subaqueously, a scenario not seen in the Tranquilo valley.  

Benn and Evans (2010) introduce the concept of a ‘mountain ice field’ landsystem, citing the 

Patagonian Ice Field and Younger Dryas ice fields in Scotland as examples (references therein). 

Due to their expansive nature, diverse topography and different climatic settings, these regions 

result in a broad landsystem encompassing elements of smaller-scale landsystems. It is evident 

that we see an element of this north of MSL through the diverse topography of the lowland 

Salto, Tranquilo and Pedregoso valleys in comparison to the high-altitude valleys on Cordon 

Esmeralda, the Barancos mountains and MSL. Due to the comparatively local scale of the study 

area, broad scale spatial changes in climate are less significant, and restricted to those controlled 

themselves by local topography. Benn et al. (2003) discuss the spatial and temporal changes in 

glacial landsystem at the Ben Ohau Range in New Zealand, citing long term climatic change as a 
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cause. We see that this is also the case north of MSL. Rising equilibrium line altitudes causes 

regional ice recession, opening drainage of Lago Chelenko to the Pacific, and Lago Tranquilo into 

the Salto valley, changing the terminal environment of ice in the Salto and Tranquilo/Pedregoso 

valleys from lacustrine to terrestrial. Accompanying this is the recession of ice from low altitude 

land terminating valleys to high altitude mountain valleys, moving ice from one distinct 

landsystem to another. Lastly ice recession exposes the glaciated valleys to glaciofluvial and 

paraglacial processes which now operate in the Salto, Tranquilo and Pedregoso valleys.  

 

 

 

Table 8.1. The relative abundance (from low (x) to high (xxxxx)) of a range of ice marginal, subglacial and proglacial 
landforms in different temperate and polythermal glacial environments globally. Superscript numbers correspond to 
references 1) Evans et al., (1999, 2010, 2016, 2017, 2018); Spedding and Evans (2002); Evans and Twigg (2002); Kjær 
and Korsgaard (2008); Bennett and Evans (2012); Evans and Orton (2015); Chandler et al. (2016a, 2016b) 2) Benn and 
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Lukas (2006); Golledge (2007); Graham and Hambrey (2007); Boston et al. (2015); Evans (2017); Evans et al. (2018); 
Davies (2019) 3) Eyles (1983); Kneisel and Kääb (2007); Dusik et al. (2015) 4) Mager and Fitzsimons (2007); Carrivick 
and Rushmer (2009); Evans et al. (2013); Sutherland et al. (2019) 5) Iturrizaga (2018); Malecki et al. (2018) 6) Glasser 
et al. (2009); García (2012); Bendle et al. (2017); Darvill et al. (2017); Davies et al. (2018); Martin et al. (2019).
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Table 8.2. The relative importance (from low (x) to high (xxxxx)) of various processes operating in different temperate and polythermal glacial environments globally. Superscript numbers refer 
to reference in Table 8.1. 
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8.2. Deglaciation of the Monte San Lorenzo ice cap: a Southern Hemisphere context 

8.2.1. Deglaciation in Patagonia 

New geomorphological mapping (Chapter 4) alongside existing work reveals a sequence of 12 

lateral and frontal moraines in the Salto and Pedregoso valleys, inset of the large ACR limits of 

the Esmeralda (M1a) and Salto (M1b) moraines in the north of the Salto valley. New dating of 

two of these limits (M9 and M12) reveals ages in the ca thousand years immediately following 

the ACR at 12.5 and 12.1 ka respectively. These ages sit within the context of the previously 

dated recessional M4 moraine (12.7 ka) (Glasser et al., 2012). Other ice margins east of the NPI 

inset of larger ACR limits have also been dated to the period immediately following the ACR and 

into the early Holocene, constraining ice recession during this period ( Figure 8.2). Two samples 

taken from boulders atop of the Lago Plomo/Bertrand moraine, ca 16 km inset of the ACR dated 

Lago Bertrand moraine (Davies et al., 2018), date to 11.3 ± 1.0 ka and 11.1 ± 1.0 ka (UWM 11.2 

± 1.0 ka) (Glasser et al., 2012) mark the advanced frontal margin of Soler glacier. Surface 

exposure dating of boulder samples from a high lateral moraine in the Nef valley marks an 

advanced, vertically expanded lateral margin of Nef glacier at a UWM age of 11.1 ± 0.4 ka 

(Glasser et al., 2012), ca 9 km from the present-day ice margin. To the south in Colonia valley, 

boulders dated to between 10.9 ± 1.0 ka and 11.9 ± 1.0 ka atop of the Rio Claro lateral moraine 

mark the advanced margin of Colonia glacier, with a UWM age of 11.5 ± 0.3 ka (Nimick et al., 

2016), 12.5 km down valley of the present-day glacier front.  
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Figure 8.2. Recessional flowlines of outlet glaciers from (A) the eastern side of the NPI and MSL and (B) eastern side of 
the SPI following the ACR. Black circles and accompanying ages are uncertainty weighted mean ages in ka for 10Be 
surface exposed dated boulders from moraines ridges denoting glacier margins. The 11.9 ka date from the recession 
of Grey glacier at the south of the SPI is a radiocarbon age denoting maximum date of ice at this position (Marden, 
1997). Green circles represent estimated approximal frontal margin positions at approximately 15 ka, 10 ka, 5 ka and 
the LIA (Davies et al. 2019 submitted). It should be noted that the LIA positions have high confidence, reconstructed 
from clear trimlines. Solid black lines indicate periods of recession constrained between two dated frontal ice positions. 
Dashed black lines represent periods of recession between two undated, estimated frontal ice positions. C) Context of 
maps A and B within Patagonia.  
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To the east of these NPI outlet glaciers, post ACR moraines have been dated in the Rio Tranquilo 

valley, on the northern flank of MSL. The Rio Tranquilo valley contains large ACR dated latero-

terminal moraines, inset of which is a smaller latero-terminal moraine (RT5), with a UWM age 

of 12.1 ± 0.5 ka (Sagredo et al., 2018) (Figure 5.1,  Figure 8.2). At the opening of the Salto valley, 

the M4 moraine (Figure 5.1,  Figure 8.2), 5 km inset of the ACR dated Esmeralda (M1a) moraine, 

has been dated to 12.7 ± 0.4 ka (Glasser et al., 2012). Surface exposure ages have also been 

acquired for boulders atop ridges of the Leones, Negro and Chacabuco moraines which date to 

between 10.8 ± 1.0 ka and 12.0 ± 1.2 ka (Glasser et al., 2012). These had previously been 

considered to have also dated the frontal margin of ice extending east from the NPI. However it 

is now thought, given their elevation below the 350 m asl palaeolake Chelenko, that they were 

deposited subaqueously, shielded by the lake, and instead date lake drainage (Davies et al., 

2018; Thorndycraft et al., 2019).  

Moraines dated to the millennia immediately following the ACR have also been identified in 

southern Patagonia. East of the SPI around the banks of Lago Argentino, radiocarbon ages of 

peat closely inset of frontal margins give minimum dates of ice from Upsala, Ameghino, Perito 

Morano and Mayo glaciers of 12.7 ± 0.07 ka east of Brazo Rico, 12.5 ± 0.08 ka in Peninsula 

Avellaneda and 12.3 ± 0.1 ka in Bahía Catalana (Strelin et al., 2011). Further south in Tierra del 

Fuego, northwest of Ushuaia, a recessional moraine of a mountain cirque glacier has been dated 

to 12.38 to 12.03 ka through radiocarbon dating of terrestrial moss directly above the till deposit 

(Menounos et al., 2013).  

This study hypothesises that the M13 moraine at the western end of Lago Calluqueo marks the 

mid-Holocene ice limit of Calluqueo glacier (Chapter 5). This is in line with moraines dated to the 

mid-Holocene regionally, with a readvance across Patagonia between ca 6 to 4.5 ka suggested 

as a result (Mercer, 1976; Clapperton and Sugden, 1988; Aniya, 2013; Strelin et al., 2014; Davies 

et al., submitted). A terminal moraine in the Colonia valley on the southern bank of Lago Colonia 

has been dated with a UWM age of 5.4 ± 0.2 ka (Nimick et al., 2016) ( Figure 8.2). On the northern 

flank of MSL, a latero-terminal moraine within the Upper Tranquilo valley moraine sequence 

dates to a UWM age of 5.6 ± 0.1 ka (Sagredo et al., 2018) (Figure 5.1), while on the eastern side 

of MSL a radiocarbon date of 5.2 ± 0.7 cal. ka gives a maximum age for a moraine ca 5km down 

valley of the present-day calving front of Rio Lacteo Glacier (Mercer, 1968). Lichenometric data 

at Rio Lacteo, as well as San Lorenzo Glacier to the south, gives evidence for stillstand at 5.8 ka 

to 4.5 ka (Garibotti and Villalba, 2017). South of MSL, further radiocarbon dates of organics 

within a moraine give a maximum age of 4.9 ± 0.8 cal. ka (Mercer, 1968; Wenzens, 2005). On 

the eastern side of the SPI, moraines in the upper reaches of the Lago Argentino basin, on the 

Herminita Peninsula and the southern end of Lago Pearson, ca 8 and 22 km from the present-
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day ice margin of Upsala glacier respectively ( Figure 8.2) have been dated to between 4.3 ± 0.2 

ka to 5.6 ± 0.2 ka (Strelin et al., 2011; Kaplan et al., 2016). 80 km south in the southern end of 

the basin, latero-terminal moraines around the banks of Lago Frias are dated from 5.4 ± 0.3 ka 

to 6.6 ± 0.2 ka (Strelin et al., 2011; Kaplan et al., 2016), making advanced ice from Grande glacier.  

Ice limits inset of mid-Holocene age moraines have been dated to the late Holocene, 

predominantly younger than 3.3 ka (Strelin et al., 2011; Hall et al., 2019. Davies et al., submitted) 

from which up to four late-Holocene neoglaciations have been hypothesised (Mercer, 1976; 

Clapperton and Sugden, 1988; Aniya and Sato, 1995; Aniya, 2013). Identifying isolated climate 

induced regional advances on this temporal scale however is difficult given that neighboring 

glaciers under the same climatic can show different length fluctuations, as is observed in the 

Lago Argentino basin (Strelin et al., 2011). The most recent and most clearly defined late-

Holocene neoglaciation is marked across Patagonia by prominent sharp crested, lateral and 

terminal moraines, entirely or partly unvegetated, and associated with clear valley-side trimlines 

(Davies and Glasser, 2012). These limits have been dated to the LIA by dendrochronology, 

lichenometry and historical records (Aravena, 2007; Glasser et al., 2011; Aniya, 2013; Morano-

Büchner and Aravena, 2013; Strelin et al., 2014; Nimick et al., 2016). Proposing  Calluqueo glacier 

advanced to the M13 latero-terminal moraine during both the mid-Holocene and LIA (chapter 

5) it is likely that Calluqueo glacier may have undergone multiple oscillations during the late-

Holocene, with the record overprinted by subsequent readvances, the most recent being that 

at the LIA.. New cosmogenic nuclide surface exposure dating of boulders from ridge crests on, 

and inset of, the largest M13 ridge (Kaplan, personal communication, July 2019) may go some 

way to resolving these late-Holocene fluctuations in the ice front.   

Although the record of glacier change in Patagonia is ever improving,  Figure 8.2 and Figure 8.3 

illustrate the absence of chronologically well-constrained sequences of ice recession in 

Patagonia from single valleys, covering deglaciation following the ACR. The well constrained 

sequence of recession newly mapped and dated by this study shows rapid recession of 

Calluqueo glacier following the ACR with 75% of ice length from present lost over a period of ca 

1.3 kyr. A similar trend of higher rates of recession following the ACR and then more gradual 

recession during the Holocene is seen in other glacier records in Patagonia (Figure 8.3), however 

not to the extent seen at Calluqueo. The more rapid recession of Calluqueo Glacier could 

because it is sourced by an isolated small ice cap rather than the larger NPI or SPI, leading to 

shorter response times to climatic changes. It is also more sensitive to precipitation (discussed 

in section 8.3.1) so may experience greater and faster recession than other Patagonian glaciers 

during periods of precipitation change. Calluqueo Glacier’s faster recession in comparison to 

Tranquilo Glacier, on the same ice cap, is likely due to Calluqueo Glacier much lower elevation 



217 
 

at the ACR (300 m asl compared to 700 m asl for Tranquilo Glacier). Its lower elevation, longer, 

more shallowly sloping profile mean that small increases in ELA in response to rising 

temperatures will result in significant ablation over the extensive length of the glacier. 

 

 

Figure 8.3. Graphs of recession of Patagonian glaciers following the ACR, corresponding to  Figure 8.2. The Y axis 
presents the length of the glacier as a percentage of its length at ACR period, from present-day. Black circles represent 
empirically dated frontal ice positions corresponding to  Figure 8.2. As in  Figure 8.2, solid lines denote periods 
constrained between two dated frontal ice positions and dashed lines denote periods between estimated frontal ice 
positions.  

8.2.2. Wider Southern Hemisphere deglaciation 

As in Patagonia, records in New Zealand show glacier readvances in the ACR, followed by 

immediate recession over a ca 1.5 kyr period and on through the Holocene, punctuated by 

stillstands or minor readvances (Gellatly et al., 1988; Turney et al., 2007; Schaefer et al., 2009; 

Kaplan et al., 2010; Putnam et al., 2010, 2012; Doughty et al., 2013). As an example, a moraine 

sequence in the Irishman basin on the eastern side of New Zealand’s Southern Alps has a 

prominent outer moraine with a mean 10Be surface exposure age of 13.0 ± 0.5 ka, marking the 

distinct glacier terminal position at the end of the ACR (Kaplan et al., 2010). The glacier then 

receded by over half its ca 13 ka length until ca 12 ka, with only minor moraine formation 

statistically indistinguishable from the ACR limit forming during this time. A moraine 100 m 

further inset of the 12 ka limit has a mean age of 11.5 ± 0.4 ka, bracketing a significant reduction 

in glacier size over the ca 1.5 ka following the ACR. This well constrained record is in line with 

the rapid recession observed at Calluqueo glacier, where over 75% of the length of the glacier is 

lost over a period of ca 1.3 ka and follows the same pattern of recession over this period that 

can be approximated from the less well constrained Patagonian records (Figure 8.3). As in 
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Patagonia, the Holocene record of glacier stability/readvance during overall recession shows 

discrepancies between sites with broad patterns of alignment. Comparisons of records from 

Cameron Glacier (Putnam et al., 2012), Mueller, Hooker and Tasman Glaciers (Schaefer et al., 

2009), the Ben Ohau Range (Kaplan et al., 2013), and radiocarbon records from across the 

Southern Alps (Gellatly et al., 1988) show an advance in the early Holocene (ca 10 to 11 ka) 

followed by small, isolated fluctuations until a more widespread stillstand at ca 6.5 ka to 7 ka. A 

large number of stillstands separated by and lasting multiple centuries are recorded in the 

moraine record following ca 4 ka. Early observations from the Southern Alps indicate glaciers an 

advanced LIA position until the mid-to-late 1800s (Lorrey et al., 2014). 

In the sub-Antarctic Islands, cosmogenic nuclide, soil depth model and lichenometric dating on 

South Georgia marks an outermost ice advance forming a moraine at ca 12.2 ± 1.5 ka, with 

subsequent mid to late Holocene readvances at ca 3.6 ± 1.1 ka, 1.1 ka (Bentley et al., 2007) and 

1870 A.D (Roberts et al., 2010). A similar pattern of post-ACR deglaciation followed by at least 

two mid to late Holocene readvances is seen on Iles Kerguelen (Frenot et al., 1997; Hodgson et 

al., 2014; Solomina et al., 2015). On the Antarctic Peninsula and neighboring islands records 

show deglaciation from the LGM extent continued from ca 18 ka through the Holocene, 

punctuated by minor Holocene still-stands and readvances (Yoon et al., 2004; Strelin et al., 2006; 

Hall, 2009; Carrivick et al., 2012; Simms et al., 2012; Davies et al., 2013; Cofaigh et al., 2014), 

however a low density of samples and poorly resolved chronologies means that a region wide 

pattern of Holocene readvances is yet to be developed (Solomina et al., 2015). 

8.3. Climate controls at Monte San Lorenzo 

8.3.1. Relative temperature and precipitation sensitivity  

The sensitivity of a glaciers’ mass balance to climate, and the proportion to which each climate 

variable impacts glacier mass change, varies globally (Mackintosh et al., 2017), owing to the 

range of factors which dictate mass balance sensitivity. Changes in air temperature can have a 

large impact on glacier mass balance due to the control temperature has on both accumulation 

and ablation. Accumulation has highest sensitivity to temperature at the snow/rain threshold 

(usually between 0°C and 3°C) (Anderson and MacKintosh, 2012). This relationship is therefore 

strongest where precipitation is highest and falls at temperatures close to the snow/rain 

threshold, a scenario found in maritime environments (e.g. Purdie et al., 2008; Cullen and 

Conway, 2015). Such settings are also temperate with low continentality (the difference in mean 

temperature between the warmest and coldest month), providing a greater proportion of the 

year in which temperatures are high enough for ablation through melt (Anderson and 

MacKintosh, 2012). These factors combined lead to a high mass turnover and result in maritime 
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glaciers having the highest sensitivity to changes in climate (Meier, 1984; Oerlemans and 

Fortuin, 1992; Braithwaite et al., 2002). The most climatically sensitive glaciers are found in the 

mid-latitudes of the Southern Hemisphere (Mackintosh et al., 2017) where high precipitation 

falls at maritime glaciers on the western flanks of the Andes and Southern Alps of New Zealand 

(Garreaud et al., 2013; Schaefer et al., 2013; Lenaerts et al., 2014). In Patagonia, due to the 

strong west-east precipitation gradient and increase in continentality further inland, it would be 

expected that glacier sensitivity to climate would decrease on the eastern, lee-side of the Andes 

compared to the west. However given the high levels of precipitation that still fall on the eastern 

flank (e.g. 7.6 m w.e. a-1 at Perito Moreno Glacier (Stuefer et al., 2007), and approximately 5.5 

m w.e. a-1 at MSL from this study) and the temperate climatic setting, a high mass turnover and 

high degree of sensitivity to climate would still be expected. The effect of the Andean rain 

shadow may also be lower at MSL than other glaciers positioned east of the NPI and SPI, as it 

sits at the northern margin of a orographic break in the mountain chain.   

Due to their high sensitivity to changes in climate, Patagonia glaciers can therefore provide a 

valuable insight into both past and present-day climatic change and glacier-climate 

relationships. However, with the control both precipitation and temperature have on glacier 

mass balance, it can be difficult to establish which variable a glacier is most sensitive to. 

Precipitation and continentality also commonly vary in tandem so it is not possible to separate 

their influence on mass balance sensitivity (Oerlemans, 2001; Braithwaite, 2005; Anderson and 

MacKintosh, 2012). Using a numerical model of the MSL ice cap (chapter 7), it is possible to 

ascertain the relative sensitivity of the ice cap to temperature and precipitation change. 

Sensitivity experiments independently simulating the ice cap under step changes in temperature 

and precipitation (section 7.4.3.3) show that a 1°C offset in surface air temperature is equivalent 

to a 21% change in precipitation in order to obtain the same change in ice volume. This can be 

considered within the context of other glaciers in Patagonia and New Zealand which range from 

20% to 83% precipitation change, and a global average of 25% precipitation change (Figure 8.4). 

Glaciers which have a higher change in precipitation equivalent to a 1°C change in temperature 

are less sensitive to precipitation relative to temperature than those which have a lower change 

in precipitation equivalent to a 1°C change in temperature. For example, at Perito Moreno 

Glacier (20% precipitation change equivalent to 1°C temperature change) precipitation has a 

proportionally greater impact on glacier mass balance relative to temperature than at Gran 

Campo Nevado (50% precipitation change equivalent to 1°C temperature change), so a lower 

change in precipitation is required to have the same impact on glacier mass balance as a 1°C 

temperature change.  
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Figure 8.4. Precipitation change equivalent to 1°C change in air temperature at glaciers in Patagonia and New Zealand 
and a global average (black circle, (Oerlemans, 2005)). Red circles are glaciers in Patagonia at Perito Moreno, 
Ameghino and Cervantes Glaciers on the eastern side of the Southern Patagonian Andes (Bippus, 2007), the Gran 
Campo Nevado ice cap in southern Patagonia (53°S) (Moller et al., 2007) and the MSL ice cap (this study). Blue circles 
are glaciers in New Zealand’s Southern Alps at Brewster Glacier (Anderson et al., 2007) and an average of a collection 
of glaciers from the central Southern Alps, including Franz Joseph, Fox and Tazman Glaciers (Anderson and 
MacKintosh, 2012).  

Therefore, at MSL, compared to the other Patagonian and New Zealand glaciers studied, and 

the global average, precipitation plays a greater role in mass balance relative to temperature. In 

this region, the glaciers with a low sensitivity to precipitation relative to temperature are located 

in New Zealand’s Southern Alps and the Gran Campo Nevado in southern Patagonia. At these 

strongly maritime glaciers where there is a higher level of precipitation falling close to the 

snow/rain threshold temperature, the impact of a small change in temperature has on mass 

balance, through changing the proportion of precipitation that falls as snow or rain, is 

exacerbated. Glaciers with comparatively higher mass balance sensitivity to precipitation 

relative to temperature are those in Patagonia on the eastern side of the Andes with greater 

continentality. Changes in temperature therefore have a lower impact on mass balance relative 

to precipitation, however there are variations between Cervantes, Ameghino, MSL and Perito 

Moreno glaciers. Perito Moreno Glacier, and Calluqueo glacier which dominates the 

accumulation area of glaciers at MSL, have much higher accumulation area ratios (0.68 at 

Calluqueo Glacier) and hence a smaller change in precipitation is needed for the equivalent mass 

balance change from a 1°C temperature variation. Although the dominant control on glacier 

mass balance is still temperature due to the strong empirical impact of temperature on 

accumulation (Anderson and MacKintosh, 2012), changes observed at MSL will have a 
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proportionally higher climatic signal than the majority of other glaciers in Patagonia. Glacier 

changes at MSL and Calluqueo glacier therefore provide an important indicator of precipitation 

change. 

8.3.2. Palaeoclimate context 

The new well-constrained chronology of glacier recession at Calluqueo glacier (chapter 5) 

provides the opportunity to examine deglaciation within the context of Patagonian 

palaeoclimate. Calluqueo Glacier receded rapidly after the ACR during the period of abrupt ca 

2.5 °C warming that occurred from ca 12.7 ka to 11.7 ka, as recorded in the WAIS Divide ice core 

record (Cuffey et al., 2016) (Figure 8.5), alongside recession of glaciers across Patagonia ( Figure 

8.2). This Patagonian wide glacier recession has been interpreted in terms of the sharp increase 

in temperature recorded in Antarctica, as well as in sea surface temperature reconstructions 

(Kaiser et al., 2005; Quade and Kaplan, 2017). 

The resumption of warming in the Southern Hemisphere following the ACR is currently 

considered to be a response to the onset of the Younger Dryas stadial in the Northern 

Hemisphere, through north-south climate coupling (Denton et al., 2010; Pedro et al., 2011). The 

manner to which this connection operates is still uncertain. The first mechanism is that of the 

‘biplor seesaw’ where weakening and curtailment of the Atlantic Meridional Overturning 

Circulation (AMOC) caused by freshwater discharge into the North Atlantic at the Younger Dryas, 

causes heat to be retained in the southern ocean, promoting increased deep water formation 

and Southern Ocean and atmosphere warming (Broecker, 1998; Timmermann et al., 2007). 

Hemispheric warming results in a southward shift in the SWW (Fletcher and Moreno, 2011; 

Pedro et al., 2016). The second is by atmospheric teleconnection, where Younger Dryas cooling 

in the Northern Hemisphere causes a southward shift in the Intertropical Convergence Zone, in 

turn shifting the SWW further south (Toggweiler et al., 2006; Anderson et al., 2009; Toggweiler, 

2009). This promotes Southern Hemisphere warming through the dispersion of sea ice via 

northward Ekman transport (Levermann et al., 2007) exposing the atmosphere to warmer 

upwelling ocean waters, increased heat transported southwards by eddies (Screen et al., 2009), 

and increased CO2 degassing from the deep ocean (Denton et al., 2010).  

Past latitudinal shifts and changes in intensity of the SWW have been inferred through 

reconstructions of precipitation from terrestrial pollen and charcoal proxies as well as lake-level 

stratigraphy (Moreno, 2004; Gilli et al., 2005; Markgraf et al., 2007; Whitlock et al., 2007; Lamy 

et al., 2010; Moreno et al., 2010; Fletcher and Moreno, 2011; Villa-Martínez et al., 2012; Van 

Daele et al., 2016; Quade and Kaplan, 2017) and the broad pattern and timing of latitudinal 

change in the wind belt has been estimated by Quade and Kaplan (2017) (Figure 8.5B). This 
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reconstruction shows a southward shift in the SWW over the period of warming following the 

ACR, in line with the two theoretical mechanisms of change in the southern hemispheric ocean-

atmosphere system. This shift is reflected in latitudinally distributed proxy records showing 

SWW-derived moisture decreases in northwest Patagonia, accompanied by increased fire 

activity north of ca 50°S, and a moisture increase in southwestern Patagonia (Fletcher and 

Moreno, 2011).  

 

Figure 8.5. Comparison of A) the deglaciation of Calluqueo glacier, shown as distance of the ice front from the present-
day terminus over the past 13.4 ka; B) the hypothesised latitudinal migration of the mean position of the Southern 
Westerly Winds (SWW). The blue shaded band shows the approximate 1σ latitudinal range, estimated from the near-
normal distribution of westerly precipitation with latitude from western Chile (Quade and Kaplan, 2017). The dashed 
horizontal line shows the latitudinal location of the Monte San Lorenzo ice cap; C) surface air temperature 
reconstruction from the WAIS Divide ice core record (Cuffey et al., 2016). 

Given the modelling findings of this study that the MSL ice cap is particularly sensitive to 

precipitation change alongside temperature change, it is likely this southward shift in the SWW 

belt to ca 55°S and resulting reduction in precipitation at MSL (47.5°S) contributed to the rapid 

recession of Calluqueo glacier over this warming period. Increased ocean upwelling during the 

post-ACR warming period is recorded in the increased opal flux in ocean sediment cores 

(Anderson et al., 2009), with increases in atmospheric CO2 recorded in Antarctic ice cores 

(Augustin et al., 2004; Lemieux-Dudon et al., 2010). This increased ocean-atmosphere CO2 flux 
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would have exacerbated warming (Denton et al., 2010). Kaplan et al. (2010) speculates that 

minor pauses in that rapid recession of ice in the Irishman basin in the Southern Alps, very similar 

the pattern of deglaciation at Calluqueo Glacier, could have been the result of fluctuations in 

CO2. 

Subsequent warming and decline in precipitation occurred in central Patagonia at the beginning 

of the Holocene (Moreno, 2004; Whitlock et al., 2007; Villa-Martínez et al., 2012), following by 

intensified wind strength and precipitation into the mid Holocene (Gilli et al., 2005; Markgraf et 

al., 2007; Van Daele et al., 2016). This is in line with the ELA studies of this work which estimate 

increased precipitation between 24% and 33% relative to present-day when Calluqueo glacier 

was at the M13 mid-Holocene limit (chapters 6 and 7) as well as regional neoglaciation. 

8.4. Future work 

8.4.1. Geomorphological and chronological constraints on deglaciations 

New high-resolution geomorphological mapping by remote sensing and in the field has revealed 

seven new ice limits as part of the record of incremental ice recession north of the MSL ice cap 

(chapter 4). This has enabled the improved study of rapid deglaciation. Mapping of these limits 

was only possible through fieldwork, ground truthing remote sensing-based mapping, 

undertaking explorative geomorphological mapping in well-vegetated areas and studying the 

sedimentology of moraine deposits. The ability to identify ice limits and accurately identify and 

map landforms where their elevation is key to reconstructing landsystem evolution (e.g. raised 

deltas and palaeoshores) would also be improved through the acquisition of meter scale, high 

resolution digital elevation models such as LiDAR (Roering et al., 2013), which as well as 

affording a high resolution DEM provides the ability to map beneath the widespread forest in 

the region 

Further fieldwork should therefore be undertaken in valleys across Patagonia to enable more 

widespread investigating into rapid deglaciation following the ACR and through the Holocene. 

Valleys should be targeted where such detailed mapping and exploratory work is currently 

limited, and the record of well-defined ice margins is limited to three or four covering post-ACR 

deglaciation ( Figure 8.2 and Figure 8.3). Where late-glacial and mid-Holocene ice limits have 

been mapped and dated, further exploration could be undertaken to try to identify periodic 

stillstands immediately following the ACR, as observed at Calluqueo Glacier, as well as further 

Holocene neoglaciations (e.g. in the Nef and Colonia valleys). Following on from increased 

mapping of ice limits, dating of these limits will increase the number of temporally well 

constrained sequences of ice recession. Steep-sided moraines with glacially transported 

boulders atop sharp-crested ridges should be targeted for cosmogenic-nuclide surface exposure 
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dating. Kettle holes within moraine complexes (such as that at the M1c moraine at the eastern 

end of the Tranquilo valley (chapter 4) could be cored with organics carbon dated to provide a 

maximum are of moraine formation. 

A particular area to target to reveal post-ACR recessional sequences is the valleys around small 

ice caps and isolated mountain glaciers. Mapping and dating valley sequences of ice limits at 

multiple sites along a latitudinal transect in Patagonia would provide the basis to investigate 

latitudinal variations in timings and rates of glacier recession within the context of latitudinal 

variability within the southern hemisphere climate system. Potential sites include Mount 

Tronador (41°S), the Queulat Ice Cap (44.5°S) and the Sierra de Sangra massif (48.5°S). Isolated 

smaller ice masses further south are more limited with outlets into fjords (e.g. Gran Campo 

Nevado (53°S)), and hence the record of ice recession is harder to constrain, so more detailed 

investigation is required to find potential isolated glaciers to study at these higher latitudes.  

At MSL, further insight into deglaciation north of the ice cap could be obtained from a varve 

record, as effectively demonstrated by Bendle et al. (2017a). Exploratory coring in the Tranquilo 

valley, the site of ice-dammed palaeolake Tranquilo (chapter 4), would be beneficial. Such a 

varve record could reveal, on an annual to decadal scale, information regarding rates of ice 

recession in the period of rapid warming immediately following the ACR, resolving synchronicity 

or lag with high resolution atmosphere and ocean temperature records. This method has been 

proved to be valuable in defining the onset of deglaciation of the Buenos Aires ice lobe (46.5°S) 

(18,086 ± 214 cal a BP), where the record obtain by cosmogenic nuclide surface exposure dating 

is unable to resolve subcentennial response to rapid-warming (Bendle et al., 2017a). Anchoring 

any varve chronology in the Tranquilo valley is unlikely to be possible using tephra due to an 

absence of records in the ca 13 ka to 12 ka period during which palaeolake Tranquilo was present 

(Stern et al., 2016), and hence would rely on radiocarbon measurement of organic remains. 

However, even a floating varve chronology would have the potential to constrain the minimum 

duration of palaeolake Tranquilo.  

8.4.2. Ice cap and ice sheet modelling 

Through producing a numerical simulation of the MSL ice cap using the Parallel Ice Sheet (PISM) 

it has been possible to gain insights into mass balance variation, ice flow dynamics, climate 

sensitivity and palaeoclimate at the ice cap. The new simulation provides the basis for future 

work. Due to the variability in simulated ice extent, volume and dynamics under different model 

parameters, it would be of benefit to undertake further sensitivity experiments testing 

initialising parameters in combination. For example, it would be of benefit to explore 

combinations of precipitation lapse rates and degree-day factors which initialise the model to 
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present-day ice extent, as there is little empirical data and significant natural variability. 

Geothermal basal heat flux is also difficult to constrain with no in-situ measurements, so running 

further sensitivity experiments to quantify its impact on model simulations would be of benefit. 

Higher resolution simulations of ice in the LIA and mid-Holocene at smaller climate increments 

would also be beneficial to better constrain climatic conditions during these periods. Alongside 

this, the bathymetry of Calluqueo lake should be incorporated into the model bedrock DEM to 

simulate these smaller ice extents as accurately as possible. Bathymetric data show that 

Calluqueo lake has a maximum depth of 220m (Piret and Bertrand, personal communication, 

August 2019). Given current simulations give 175 m thick ice over the present-day lake, it is 

anticipated that incorporating lake bathymetry could alter simulated Calluqueo Glacier ice 

thickness and extent at 250 m (x, y), by 50 m (z) or higher resolution.  

Alongside response time experiments for abrupt changes in temperature and precipitation, 

simulating the ACR with transient model runs represents a priority for future work. These 

simulations would help to refine the envelope of past temperature and precipitation conditions 

at this time and allow investigations into to run investigating rates of ice change during 

deglaciation. A further key point of investigation is to examine the impact of calving on the 

simulated ice dynamics. To fully integrate transient ice-lake coupling to simulate lake evolution, 

a non-trivial hydrological model would be required, which is currently not implemented into 

PISM. However given the constrained reconstructions of palaeolake evolution north of the MSL 

ice cap during (Davies et al., 2018; Martin et al., 2019; Thorndycraft et al., 2019) it may be 

possible to simulate lakes on a non-transient basis by applying PISM’s calving model to pre-

defined spatially variable sea-level forcing (Aschwanden, personal communication, July 2018). 

This is particularly necessary given the evidence for large ice dammed palaeolakes north of MSL 

until ca 12.7 ka, and in the Tranquilo valley, into which Calluqueo Glacier terminated (Davies et 

al., 2018; Martin et al., 2019; Thorndycraft et al., 2019). Finally, there is the potential to simulate 

the ice cap under IPCC scenarios of future climate to predict ice cap change though the 21st 

century.   

This study has demonstrated for the first time the applicability of PISM to a small ice cap in 

Patagonia. The model could be applied to the ice caps and mountain glaciers identified for 

further study in section 8.4.1. Given its similar topographic and continental setting to that of 

MSL east of the NPI, glaciers at Sierra de Sangra are also likely to be particularly sensitive to 

precipitation change, providing a tool for further investigation into regional precipitation 

variation. Ultimately PISM could be used to simulate the NPI and SPI. PISM has been applied on 

an ice-field scale spanning ca 700 km to 800 km to model LGM ice extent in mountainous 

environments of New Zealand’s Southern Alps (Golledge et al., 2012) and the European Alps 
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(Seguinot et al., 2018). In the latter of these a full transient glacial cycle was modelled. Modelling 

on this scale would require mode powerful computational resources. Golledge et al. (2012) used 

a super-computer, distributing horizontal components of the model domain across up to 4096 

cores. A new review of deglaciation and 5 ka time-slice reconstruction of the Patagonian Icefield 

from 35 ka to 2011 AD (Davies et al., submitted) would provide the empirical data with which to 

calibrate the model simulation and investigate past climate conditions during the last glacial 

cycle. A model simulation of deglaciation would provide a valuable insight in the complex ice 

flow dynamics and interaction of multiple ice flowlines and the timing and pattern of separation 

of the NPI, SPI and surrounding massifs. It may be possible to simulate ice-dammed lakes formed 

around the Patagonian Ice Sheet during deglaciation (Davies et al., 2018; Thorndycraft et al., 

2019; Davies et al., submitted) using the aforementioned application of PISM’s calving model 

with spatially-variable sea-level forcing, however this remains an area which requires further 

investigation and development.  
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9. Conclusions 

This thesis set out to improve our understanding of the timing, nature and drivers of deglaciation 

of the MSL ice cap as well as it’s present-day characteristics and sensitivities, as outlined in the 

three primary research aims in Chapter 1.  

The first aim, to elucidate the timing, nature and climate of deglaciation of outlet valleys north 

of the MSL ice cap through the Late Pleistocene and Holocene, was achieved through a new 

temporally constrained reconstruction of the deglaciation of Calluqueo Glacier and landsystem 

north of the ice cap, revealing in turn the primary controls on sediment-landform associations 

and landsystem development. ELA reconstructions provide quantitative estimates of 

palaeoprecipitation at glacier stillstands and readvances following the ACR and through the 

Holocene. In the absence of advanced ice spinup, high-resolution model experiments and small 

precipitation and temperature increments, the model simulation of the ice cap was unable to 

realistically reconstruct palaeoclimatic conditions at and following the ACR. This is a key target 

for future work in this area. 

The second aim, to quantify present-day physical glacier properties, ice dynamics and 

sensitivities at the MSL ice cap, was achieved through a new model of the MSL ice cap turned to 

empirical data. The behaviour of the present-day ice cap, in active recession, was not fully 

replicated by the steady-state simulation used. Running transient simulations to replicate active 

recession is therefore a future priority. However, this study still provides a valuable insight into 

the properties, ice dynamics and sensitivities of the MSL ice cap, given the scarcity of empirical 

quantitative data.  

The third aim, to determine the controls on deglaciation of the MSL ice cap, was achieved by 

evaluating the new reconstruction of Calluqueo glacier and our new understanding of climatic 

sensitivities at MSL within the broader context of the Southern Hemisphere climate system and 

abrupt climatic change following the ACR.    

The main conclusions of this work are as follows: 

• A detailed process-based sediment landform study of the Salto, Tranquilo and 

Pedregoso valley reveals lateral and terminal moraine ridges, ice-scoured bedrock, 

cirques and headwalls, flutes, deltas, ice-contact fans, glaciolacustrine deposits, 

palaeoshorelines, kame terraces and outwash and floodplains formed during 

deglaciation and subsequent paraglacial readjustment. 

• During deglaciation the Salto, Tranquilo and Pedregoso valleys experienced transitions 

through glaciolacustrine, land-terminating glacial, mountain valley and paraglacial 
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landsystems, with these landsystems being juxtaposed and superimposed in the study 

region.  

• The formation of sediment-landform assemblages is controlled by processes inherently 

linked to glacier’s temperate setting, topography and ice-dammed lakes. High melt-

water glacial processes, in particular sediment transport and reworking by proglacial 

meltwater, dominate the topographically constrained land-terminating glacial 

landsystem. Subglacial deformation, basal sliding and surpraglacial transport dominate 

the mountain valley landsystem.  

• Seven newly mapped ice limits constrain the record of deglaciation at Calluqueo Glacier. 

10Be cosmogenic nuclide surface exposure dating of glacially transported boulders at 

two previously undated moraine complexes in the Salto and Pedregoso valleys provide 

new UWM ages of 12.5 ± 0.4 ka and 12.1 ± 0.4 ka respectively. When added to existing 

data this new record of deglaciation during a period of abrupt 2.5°C warming following 

the ACR shows rapid glacier recession averaging in excess of 44 m a-1, just under twice 

the average rate of recession observed since 1985. 

• A new model simulation of the present-day MSL ice cap reveals temperate, fast-flowing 

glaciers, with high mass turnover and surface mass balance ranging from +4.8 m w.e. a-

1 to -6.5 m w.e. a-1 across the length of Calluqueo Glacier. Ablation at outlet glacier 

tongues reaches up 18 m w.e. a-1. 

• The MSL ice cap is sensitive to physical, mass balance and climate parameters, with 

decreases in temperature and increasing precipitation causing significant ice growth. 

Decreasing temperature is most effective at increasing the extent of glaciation due to 

decreases in the ELA.  

• ELA reconstructions combined with the WAIS Divide temperature record give estimates 

of past climate at neoglacial advances following the ACR and through the Holocene of 

1.1°C cooling and 33% to 37% higher precipitation at ca. 12.1 ka, 0.3°C cooling and 24% 

to 33% higher precipitation at ca. 5.6 ka and 0.7°C cooling and 19% to 29% higher 

precipitation at the LIA.  

• Changes in mass balance of glaciers in Patagonia are primarily driven by temperature 

variations. However, the MSL ice cap, situated further inland with high continentality, is 

more sensitive to precipitation relative to temperature than those strongly maritime 

glaciers of the NPI and SPI, Gran Campo Nevado and glaciers of New Zealand’s Southern 

Alps. 1°C offset in surface air temperature is equivalent to a 21% change in precipitation. 

Present-day and past glacier change at MSL therefore can provide an important insight 

into precipitation variations. 
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• Rapid recession of Calluqueo Glacier in the ca 1 ka following the ACR occurred during 

abrupt 2.5°C atmospheric warming recorded in Antarctica between 12.8 and 11.8 ka. In 

light of the sensitivity of MSL to precipitation change, rapid recession of Calluqueo 

glacier recorded between ca. 12.7 ka and 12.1 ka was likely driven by both atmospheric 

warming and precipitation reduction. Rapid deglaciation of Calluqueo glacier during this 

time, therefore, provides further evidence for a southward migration of the SWW 

following the ACR.  

By revealing the temporal and spatial evolution of interconnected landsystems during 

deglaciation in a small number of valleys east of the NPI, this study highlights the importance of 

detailed, process based, wholistic landsystem studies to reveal the history of a once glaciated 

landscape. Incorporating both remote sensing and field-based mapping, alongside 

sedimentological studies and landform dating is needed to fully understand the changing 

environments and processes of deglaciation, their controls and relative and absolute temporal 

context. This study also shows the practicality and value of applying a fully three-dimensional 

ice sheet model to an ice cap/mountain valley environment at sub-km scale resolution. This 

further proof of concept has implications for applying such a model at higher resolutions to other 

ice caps and small ice sheets globally. By identifying MSL as an ice cap with particularly high 

sensitivity to precipitation relative to temperature, this study highlights the value of studying 

the deglaciation of such ice caps to elucidate past changes in atmospheric systems.  

Future work should focus on dating multiple moraine sequences of other valleys along a 

latitudinal transect across Patagonia to improve regional models of deglaciation, in particular 

during periods of rapid climate change. Such studies should also aim to combine both 

cosmogenic dating of moraines with annually resolved varve records where possible to improve 

the temporal resolution of glacier dynamics during the Late Pleistocene and Holocene. Further 

glacier modelling should look to run high resolution, transient simulations of deglaciation and 

future glacier evolution, incorporating proglacial lakes. Glacier modelling is, to date, unable to 

fully resolve past climate estimates and requires further work at higher model resolution (< 

500m) and smaller precipitation and temperature increments.  
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Appendices 

The appendices for this thesis are include on a CD accompanying this document. These are 

three published papers and one submitted manuscript which I contributed work to. Martin et 

al. (2019) has been adapted to form Chapter 4 and contribute to Chapter 1.5 of this thesis. 

• Martin, J.R.V., Davies, B.J., Thorndycraft, V.R., 2019. Glacier dynamics during a phase 

of Late Quaternary warming in Patagonia reconstructed from sediment-landform 

associations. Geomorphology 337, 111–133 

I wrote the manuscript and drew the figures. All authors assisted with fieldwork, 

contributed ideas and edited the manuscript. 

• Thorndycraft, V.R., Bendle, J.M., Benito, G., Davies, B.J., Sancho, C., Palmer, A.P., Fabel, 

D., Armitage, S., Medealdea, A., Martin, J.R.V., 2019. Glacial lake evolution and 

Atlantic-Pacific drainage reversals during deglaciation of the Patagonian Ice Sheet. 

Quat. Sci. Rev. 203, 102–127 

I assisted with fieldwork and data collection in November/December 2016. 

• Davies, B.J., Thorndycraft, V.R., Fabel, D., Martin, J.R.V., 2018. Asynchronous glacier 

dynamics during the Antarctic Cold Reversal in central Patagonia. Quat. Sci. Rev. 200, 

287–312 

I assisted with fieldwork and data collection in November/December 2017. 

• Davies, B.J., Darvill, C.M., Lovell, H., Bendle, J., Dowdeswell, A., Fabel, D., García, J., 

Geiger, A., Glasser, N.F., Gheorgiu, D.M., Harrison, S., Hein, A.S., Kaplan, M,R., Martin, 

J., Mendelova, M., Palmer, A., Pelto, M., Rodés, Á., Sagredo, E.A., Smedley, R., Smellie, 

J., Thorndycraft., V.R., Wolff., submitted. The evolution of the Patagonian Ice Sheet 

from 35 ka to the Present Day (PATICE) 

I contributed writing to topics of proxy records in Patagonia and the Monte San 

Lorenzo ice cap. Initial, unedited drafts of my contribution to this work are adapted in 

part for Chapter 2.1.3 and 2.1.4 of this thesis. 
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Abbreviations 

•  AABR  Accumulation Area balance Ratio 

• ACR  Antarctic Cold Reversal 

• cal. ka BP calibrated thousands of years ago 

• ELA  Equilibrium Line Altitude 

• GIS  Geographical Information System 

• ka  thousands of years ago 

• CP  Cochrane-Pueyrredón 

• DEM  Digital Elevation Model 

• GCBA  General Carrera-Buenos Aires 

• LGIT  Last Glacial-Interglacial Transition 

• LGM  Last Glacial Maximum 

• LIA  Little Ice Age 

• m asl  metres above sea level 

• MSL  Monte San Lorenzo 

• NPI  Northern Patagonian Icefield 

• PDD  Positive degree day 

• PIS  Patagonian Ice Sheet 

• PISM  Parallel Ice Sheet Model 

• SAM  Southern Annular Mode 

• SIA  Shallow Ice Approximation 

• SPI  Southern Patagonian Icefield 

• SPOT  Satellite Pour l’Observation de la Terre 

• SRTM  Shuttle Radar Topography Mission 

• SSA   Shallow Shelf Approximation 

• SWW  Southern Westerly Winds 

• UWM  Uncertainty weighted mean 

• WAIS  West Antarctic Ice Sheet 
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